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1.1. INTRODUCTION

El Niño–Southern Oscillation (ENSO) is a prominent 
climate phenomenon in the tropical Pacific that can dis
rupt global atmospheric and oceanic circulation patterns 
and exert profound impacts on global climate and socio
economic activities. Since Bjerknes [1969] first recognized 
that ocean‐atmosphere coupling was a fundamental 

characteristic of ENSO, a tremendous amount of effort 
has been expended by the research community to describe 
and understand the complex nature of this phenomenon 
and its underlying generation mechanisms. By the 1990s, 
the effort had led to the developments of successful theo
retical frameworks that could explain the major features 
observed during ENSO events [Neelin et  al., 1998] and 
useful forecast systems had been formulated to predict 
ENSO evolution with significant lead times of up to three 
seasons [Latif et  al., 1998]. The typical ENSO impacts 
in  various parts of the globe had also been extensively 
examined and documented. Through these efforts, it was 
also recognized that ENSO properties were not the same 
among events and could change from one decade to 
another. The diversity of ENSO characteristics attracted 
renewed interest at the beginning of the 21st century (see 
Capotondi et al. [2015], for a summary of these efforts), 
when it became obvious that the central location of the 
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4 FORCINGS OF CLIMATE EXTREMES

sea surface temperature (SST) anomalies associated with 
ENSO appeared to be moving from the tropical eastern 
Pacific near the South American coast to locations near 
the International Dateline in the tropical central Pacific. 
Most of the El Niño events that have occurred so far in 
the 21st century developed primarily in the central Pacific 
[Lee and McPhaden, 2010; Yu et  al., 2012b; Yu et  al., 
2015a; Yeh et al., 2015]. The fact that El Niño can some
times occur in the eastern Pacific, sometimes in the 
central Pacific, and sometimes simultaneously in both 
portions of the Pacific has suggested that there may exist 
more than one type of ENSO, whose generation mecha
nisms and associated climate extremes may be different. 
The changes in ENSO observed during the recent d ecades 
have motivated the research community to revisit the 
conventional views of ENSO properties, dynamics, and 
global impacts.

1.2. CHANGES IN ENSO PROPERTIES

1.2.1. Flavors of ENSO

Slow or interdecadal changes have been observed in 
ENSO properties, including its intensity, period, and 
propagation direction [Gu and Philander, 1995; Wang and 
Wang, 1996; Torrence and Webster, 1999; An and Wang, 
2000; Fedorov and Philander, 2000; Wang and An, 2001; 
Timmermann, 2003; An and Jin, 2004; and many others]. 
The amplitude of ENSO‐associated SST anomalies, for 
example, was found to be stronger at the beginning and 
the end of the twentieth century, but weaker in between 
[Gu and Philander, 1995; Wang and Wang, 1996]. The 
propagation direction of ENSO SST anomalies has also 
alternated between eastward, westward, and standing 
during the past few decades [Wang and An, 2001; An and 
Jin, 2004]. Its recurrence frequency changed from about 2 
to 3 yr before 1975 to a longer frequency of 4 to 6 yr after
ward [An and Wang, 2000]. In recent decades, one of the 
most noticeable changes in ENSO properties has been the 
displacement of the central location of ENSO SST 
anomalies [Larkin and Harrison, 2005; Ashok et al., 2007; 
Kao and Yu, 2009; Kug et al., 2009]. ENSO is character
ized by interannual SST variations in the equatorial 
eastern and central Pacific. In the canonical ENSO events 
portrayed by Rasmusson and Carpenter [1982], SST 
anomalies first occur near the South American coast and 
then spread westward along the equator. However, ENSO 
events characterized by SST anomalies primarily in the 
equatorial central Pacific, and which spread eastward 
[An and Wang, 2000] also occur. Trenberth and Stepaniak 
[2001] recognized that the different SST evolutions of 
ENSO events cannot be fully described with a single 
index such as the Niño‐3 (5°S–5°N, 90°–150°W) SST 
index. They defined a trans‐Niño index, which measures 

the SST gradient along the equator by taking the differ
ence between normalized Niño‐1 + 2 (10°S–0°, 80°–90°W) 
and Niño‐4 (5°S–5°N, 160°E–150°W) SST indices to help 
discriminate the different SST evolutions. Their study 
implies that different types of ENSO may be better iden
tified by contrasting SST anomalies between the eastern 
and central Pacific. A similar conclusion was reached by 
Yu and Kao [2007] in their analysis of the persistence 
b arrier of Niño indices in the central‐to‐eastern Pacific 
(i.e., Niño‐1 + 2, Niño‐3, Niño‐3.4 (5°S–5°N, 120°–170°W), 
and Niño‐4 SST indices). They found different decadal 
changes between the indices in the equatorial central and 
eastern Pacific. They also found that the decadal changes 
in ocean heat content variations along the equatorial 
Pacific coincide with the decadal changes in the SST per
sistence barriers in the eastern Pacific, but not with those 
in the central Pacific. This finding led them to suggest 
that there are two types of ENSO: An Eastern‐Pacific 
(EP) type located primarily in the tropical eastern Pacific 
and whose generation mechanism involves equatorial 
thermocline variations, and a Central‐Pacific (CP) type 
located in the central tropical Pacific and whose genera
tion is less sensitive to thermocline variations. A detailed 
comparison of these two types of ENSO was presented in 
Kao and Yu [2009], where they identified the spatial struc
ture, temporal evolution, and underlying dynamics of 
these two types of events. While this “two types of 
ENSO” point of view is adopted in this chapter, it should 
be noted that debate remains (for example, see the discus
sion in Capotondi et al. [2015]) as to whether these two 
types are really dynamically distinct.

Examples of the EP and CP types of ENSO are shown 
in Figure 1.1, which displays the SST anomaly patterns 
during the peak phase of the 1977–1978 and 1997–1998 
El Niño events. During the 1997–1998 El Niño (Fig. 1.1a), 
SST anomalies were mostly located in the eastern part of 
the tropical Pacific, extending from the South American 
coast around 80°W to 160°W, covering the Niño‐1 + 2 
and Niño‐3 regions. During the 1977–1978 El Niño 
(Fig. 1.1b), SST anomalies were mostly concentrated in 
the equatorial central Pacific from 160°E to 120°W, cov
ering the Niño‐3.4 and Niño‐4 regions. Some early stud
ies had already noticed the existence of a group of ENSO 
events that developed in the central Pacific around the 
International Dateline [e.g., Weare et al., 1976; Fu et al., 
1986; Hoerling and Kumar, 2002; Larkin and Harrison, 
2005a]. Larkin and Harrison [2005a] suggested that this 
group of ENSO events can produce different impacts 
on the US climate from conventional ENSO events and 
referred to them as the Dateline El Niño. Ashok et  al. 
[2007] also focused on this group of ENSO events and 
termed them El Niño Modoki. Furthermore, Wang and 
Wang [2013] classified El Niño Modoki into two sub
types: El Niño Modoki I and El Niño Modoki II because 
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they show significantly different impacts on rainfall in 
southern China and typhoon landfall activity. These two 
subtypes of El Niño Modoki have distinct origins and 
patterns of SST anomalies during their developing phase. 
Kug et al. [2009] also named this ENSO‐type warm pool 
El Niño and the other type cold tongue El Niño.

1.2.2. Distinct Characteristics of the Eastern‐Pacific 
(EP) and Central‐Pacific (CP) Types of ENSO

Significant differences were found between the struc
ture and evolution of the EP and CP types of ENSO [Kao 
and Yu, 2009; Kug et al., 2009]. The typical SST anomaly 
patterns associated with these two types of ENSO are 
shown in Figure 1.1c and d, which are obtained by apply
ing a regression‐EOF (empirical orthogonal function) 
analysis [Kao and Yu,2009; Yu and Kim, 2010a] to tropical 
Pacific SST anomalies. In this method, SST anomalies 
regressed on the Niño‐1 + 2 SST index (representing the 

EP ENSO influence) were first removed from the original 
monthly SST anomalies, and then an EOF analysis was 
applied to the residual SST anomalies to obtain the spa
tial pattern of the CP ENSO. Similarly, SST anomalies 
regressed on the Niño‐4 index (representing the CP 
ENSO influence) were first removed from the original 
SST anomalies, and then an EOF analysis was applied 
to  identify the leading structure of the EP ENSO. The 
principal components (PCs) associated with these pat
terns are referred to, respectively, as the CP ENSO index 
and the EP ENSO index. The EOF patterns show that the 
EP ENSO‐related SST anomalies are mostly located in 
the eastern equatorial Pacific and connected to the 
coast of South America (Fig. 1.1c), while the CP ENSO 
has  most of its SST anomalies confined in the central 
Pacific with extension into the northeastern subtropical 
Pacific (Fig. 1.1d). Although other studies also proposed 
different identification methodologies for separating the 
two types of ENSO, including weighted averaged SST 
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Figure 1.1 SST anomalies during the peak phase (November–January) of (a) the 1997–1998 El Niño event and 
(b)  the 1977–1978 El Niño event. The leading EOF (empirical orthogonal function) patterns obtained from a 
regression‐EOF analysis [Kao and Yu, 2009] are shown in (c) for the Eastern‐Pacific type of ENSO and in (d) for 
the Central‐Pacific type of ENSO. The contour intervals are 0.5 °C for (a), 0.3 °C for (b), and 0.1 °C for (c) and (d). 
The Hadley Centre Sea Ice and Sea Surface Temperature dataset (HadISST) [Rayner et al., 2003] for the period 
1948–2010 is used in these calculations.
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anomalies in the tropical western, central, and eastern 
Pacific [Ashok et  al., 2007]; relative magnitudes of the 
Niño‐3 and Niño‐4 indices [Kug et al., 2009; Yeh et al., 
2009]; a simple transformation of the Niño‐3 and Niño‐4 
indices [Ren and Jin, 2011] or two PCs of tropical Pacific 
SST anomalies [Takahashi et al., 2011]; and mean upper 
ocean temperature anomalies in CP and EP regions [Yu 
et al., 2011], their corresponding SST anomaly patterns 
are similar to those shown in Figure 1.1c and d. The SST 
anomaly features revealed by the regression‐EOF analysis 
were observed in the 1977–1978 and 1997–1998 El Niño 
events as shown in Figure  1.1a and b. The meridional 
extension into the subtropics of the CP ENSO SST 
anomalies is an important feature, because it resembles 
the Pacific Meridional Mode (PMM) [Chiang and Vimont, 
2004] that is the leading coupled variability mode of the 
subtropical Pacific. This connection indicates that the CP 
ENSO dynamic has a stronger tie to atmospheric and 
oceanic process outside the tropical Pacific than does the 
EP ENSO dynamic.

Below the ocean surface (Fig.  1.2), the EP ENSO is 
accompanied by significant subsurface temperature 
anomalies propagating across the Pacific basin, while the 
CP ENSO is associated only with subsurface ocean tem
perature anomalies that develop in situ in the central 
Pacific. The different subsurface evolution indicates that, 
in contrast to the EP ENSO, the underlying dynamics of 
the CP ENSO seem to be less dependent on thermocline 
variations [Kao and Yu, 2009; Kug et al., 2009], which is 
consistent with the suggestion of Yu and Kao [2007]. 
McPhaden [2008] already noticed that the variations in 
the equatorial Pacific Ocean heat content (i.e., the so‐
called warm water volume; Meinen and McPhaden [2000]) 
tended to lead the ENSO SST anomalies by about two to 
three seasons in the 1980s and 1990s but by only one sea
son after 2000. McPhaden [2012] attributed this decrease 
to the shift of ENSO from the EP type to the CP type in 
recent decades. The decreased lead time implies a reduced 
impact of thermocline feedback to SST anomalies for the 
CP ENSO and may explain the reduced predictability 
observed in recent decades [Barnston et al., 2012] as this 
type of ENSO occurred more frequently. The weakened 
relationship between ENSO SST anomalies and the 
underlying thermocline variation indicates that the CP 
ENSO dynamic differs from the traditional ENSO 
dynamic, such as the delayed oscillator theory [Suarez 
and Schopf, 1988; Battisti and Hirst, 1989] or the recharged 
oscillator theory [e.g., Wyrtki 1975; Zebiak 1989; Jin 
1997] that emphasize the subsurface ocean dynamics in 
governing ENSO SST evolution.

In the atmosphere, wind stress and precipitation anom
aly patterns associated with the two types of ENSO are 
also different. While the EP El Niño is associated with 
significant westerly anomalies over a large part of the 

tropical Pacific, the westerly anomalies associated with 
the CP El Niño have a smaller spatial scale and are cen
tered in the equatorial central‐to‐western Pacific [Kao 
and Yu, 2009; Kug et al., 2009]. This more westward loca
tion of the westerly anomalies in the CP El Niño is con
sistent with the location of its SST anomalies. Significant 
easterly anomalies also appear over the tropical eastern 
Pacific during the CP El Niño. Theses anomalies were 
suggested to prevent the development of positive SST 
anomalies in this region during CP El Niño events [Ashok 
et al., 2007; Kug et al., 2009]. These differences in wind 
stress anomalies are important to the interpretation of 
the underlying dynamics of these two types of ENSO. 
Moreover, positive anomalies of precipitation associated 
with the EP El Niño typically extend from the equatorial 
eastern‐to‐central Pacific where the largest SST anoma
lies are located. For the CP El Niño, the precipitation 
anomalies are characterized by a dipole pattern, with 
positive anomalies located mainly in the western Pacific 
and negative anomalies in the eastern Pacific [Kao and 
Yu, 2009; Kug et  al., 2009]. The different precipitation 
patterns associated with these two types of ENSO imply 
that the locations of associated convective heating and 
the induced global teleconnections are different as well.

In addition to the central locations of their SST 
a nomalies, the two types of ENSO also differ in their 
evolution, amplitude, and recurrence frequency. The 
propagation of SST anomalies is weaker and less appar
ent in the CP type of ENSO than in the EP type of ENSO 
[Kao and Yu, 2009]. Also, there is no identifiable phase‐
reversal signal in the composite analysis of the CP ENSO 
SST anomalies, implying that this type of ENSO does 
not behave like a cycle or oscillation as is often the case 
for the EP ENSO. Discussions of whether ENSO should 
be viewed as an event or a cycle [e.g., Kessler, 2002] might 
be aided by recognizing that there are two types of ENSO: 
one behaves more as an event and the other more as a 
cycle. Sun and Yu [2009] pointed out that the amplitude 
of the CP El Niño tends to be smaller than that of the EP 
El Niño, while the CP La Niña is often stronger than the 
EP La Niña. The reason for this difference in behavior 
between the El Niño and La Niña phases of these two 
types of ENSO has yet to be explained. Sun and Yu 
[2009], however, proposed an ENSO‐mean state inter
action mechanism to suggest that the amplitude asym
metries between the El Niño and La Niña phases of these 
two types of ENSO enable ENSO to modify the tropical 
Pacific mean state, which can give rise to a 10–15 yr 
m odulation cycle in ENSO amplitude. Strong El Niño 
events can occur every 10–15 yr due to this cycle, which is 
consistent with the time interval between the last three 
strongest El Niño events: the 1972–1973, 1982–1983, and 
1997–1998 El Niño events. For the recurrence frequency, 
it is well known that ENSO events tend to occur every 2 
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1970–2001 is used.
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8 FORCINGS OF CLIMATE EXTREMES

to 7 yr. Spectral analyses have suggested that there are 
two dominant bands of ENSO variability: a quasibien
nial (~2 yr) band and a low‐frequency (3–7 yr) band 
[Rasmusson and Carpenter, 1982; Rasmusson et al., 1990; 
Barnett, 1991; Gu and Philander, 1995; Jiang et al., 1995; 
Wang and Wang, 1996]. The EP ENSO is dominated 
more by the low‐frequency band, while the CP ENSO is 
dominated by the quasibiennial band [Kao and Yu, 2009; 
Yu et al., 2010; Yu and Kim, 2010a]. As indicated above, 
El Niño events in the 21st century have been mostly of 
the CP type, and it is interesting to note that they occurred 
about every 2 yr in 2002, 2004, 2006, and 2009. In con
trast, the El Niño events observed during the 1970s and 
1980s tended to occur every 4 yr. If  model projections 
are correct about the more frequent occurrence of the CP 
ENSO in the future warmer world [Yeh et  al., 2009; 
Kim and Yu, 2012], we should expect El Niño events in 
the coming decades to become more frequent but weaker.

1.2.3. Possible Causes for the Change in ENSO 
Properties

The recent change in the ENSO type may be due to 
background state changes in the tropical Pacific that are 
either caused by anthropogenic warming [Yeh et al., 2009; 
Kim and Yu, 2012] or decadal/multidecadal natural vari
ability [McPhaden et al., 2011; Yeh et al., 2011]. Random 
fluctuations have also been suggested as possibly giving 
rise to the change in ENSO type on decadal timescales 
even without a change in the background state of the 
tropical Pacific [Newman et al., 2011].

1.2.3.1.  Anthropogenic Warming. Yeh et  al. [2009] 
and Kim and Yu [2012] used multiple model datasets of 
phases 3 and 5 of the Coupled Model Intercomparison 
Project (CMIP3 and CMIP5) [Meehl et al., 2007; Taylor 
et  al., 2012] to examine the influence of anthropogenic 
warming on the ENSO type. Yeh et  al. [2009] analyzed 
CMIP3 model projections to show that anthropogenic 
warming can flatten the equatorial Pacific thermocline 
(due to a weakened Walker circulation) resulting in a shift 
of the thermocline feedback mechanism from eastern to 
central Pacific and increasing the occurrence of ENSO in 
the central Pacific. They suggested that the same mecha
nism may be at work in recent decades to increase the 
occurrence frequency of the CP ENSO. Kim and Yu [2012] 
compared the amplitude ratio of these two types of ENSO 
in CMIP5 models. They found that the intensity of the CP 
ENSO increases steadily from the preindustrial to the his
torical simulations and the future projections, but the 
intensity of the EP ENSO decreases. The CP‐to‐EP 
ENSO intensity ratio, as a result, is projected to increase.

This global warming view has been challenged on two 
fronts. First, Lee and McPhaden [2010] found that not 

only has the occurrence of the CP El Niño increased in 
recent decades but its intensity has also significantly 
increased. However, the intensity of CP La Niña events 
has not changed during the same period. As a result, they 
argued, the warming trend observed in the central Pacific 
is a result of the increasing frequency and intensity of the 
CP El Niño, rather than the other way around. Second, 
McPhaden et  al. [2011] found the Pacific background 
state during the most recent decade (2000–2010) has a 
steeper equatorial thermocline and stronger trade winds 
than during earlier decades (1980–1999), which are oppo
site from the background states changes expected by Yeh 
et al. [2009] should anthropogenic warming be the cause 
for the change in the ENSO type. This inconsistency 
implies that the change in ENSO type may be a manifes
tation of natural variability. McPhaden et al. [2011] also 
interpreted the Pacific background state during 2000–
2010 to be a result, rather than a cause, of the shift of the 
ENSO from the EP type to the CP type. Their argument 
is that change in the central location of the ENSO SST 
anomalies can project onto the changes in the back
ground states.

1.2.3.2. ENSO–Mean State Interaction. Earlier studies 
have suggested that ENSO can force changes in the tropi
cal Pacific background state [e.g., Rodgers et  al., 2004; 
Schopf and Burgman, 2006; Sun and Yu, 2009; Choi et al., 
2009]. Due to nonlinearities in ENSO dynamics, it is 
known that asymmetries exist in the intensity, frequency, 
or spatial structures of the warm (El Niño) and cold 
(La  Niña) phases of the cycle. For example, strong El 
Niño events tend to reach a larger intensity than strong 
La Niña events [Hannachi et al., 2003; An and Jin, 2004; 
Duan et al., 2008; Frauen and Dommenget, 2010; Su et al., 
2010]. Also, strong El Niño events tend to be located 
more in the eastern Pacific while strong La Niña events 
tend to be located more in the central Pacific [Monahan, 
2001; Hsieh, 2004; Rodgers et  al., 2004; Schopf and 
Burgman, 2006; Sun and Yu, 2009]. Because of these 
asymmetries, the positive and negative anomalies associ
ated with the El Niño and La Niña phases may produce a 
nonzero residual effect on the time‐mean state of the 
tropical Pacific. Sun and Zhang [2006] also conducted 
numerical experiments using a coupled model with and 
without ENSO to show that ENSO works as a basin‐
scale mixer on the time‐mean thermal stratification in the 
upper equatorial Pacific. The mean state change associ
ated with decadal ENSO variability is one of the leading 
modes of tropical Pacific decadal variability in many 
coupled atmosphere‐ocean models [Rodgers et al., 2004; 
Yeh and Kirtman, 2004; Yu and Kim, 2011b].

Sun and Yu [2009] suggested an ENSO–mean state inter
action mechanism to explain how the ENSO type may 
shift between the EP and CP types on decadal timescales. 

0003060439.INDD   8 6/5/2017   7:05:46 PM



ThE ChANGING EL NIñO–SOuThERN OSCILLATION ANd ASSOCIATEd CLIMATE EXTREMES 9

A key element in their hypothesized mechanism is that 
strong El Niño events tend to be of the EP type, whereas 
strong La Niña events tend to be of the CP type. In con
trast, weak El Niño events tend to be of the CP type, 
whereas weak La Niña events tend to be of the EP type. 
They verified this reversed spatial asymmetry characteris
tic using observed ENSO events during the 1880–2006 
period in two reconstructed SST datasets. During strong 
ENSO periods or decades, strong El Niño events are 
located in the eastern tropical Pacific and strong La Niña 
events in the central tropical Pacific. This spatial asym
metry between El Niño and La Niña can gradually reduce 
the background east‐west SST gradient to weaken the 
ocean‐atmosphere coupling and to shift the background 
state toward one favoring a weak ENSO regime. 
Conversely, during the weak ENSO periods or decades, 
weak El Niño events are located in the eastern tropical 
Pacific and weak La Niña events in the central tropical 
Pacific, which can gradually increase the east‐west SST 
gradient, strengthen the ocean‐atmosphere coupling, and 
shift the background state toward one favoring a strong 
ENSO regime. The reversed spatial asymmetries between 
El Niño and La Niña enable ENSO to force the tropical 
Pacific mean state in opposite ways between the strong 
and weak ENSO regimes, acting as a restoring force to 
push the mean state back and forth between states that 
sustain strong and weak ENSO intensities. ENSO can 
also alternate between the EP and CP types on decadal 
timescales. Choi et al. [2012] have noted such an ENSO–
mean state interaction mechanism and its associations 
with the ENSO types and Pacific background states in 
coupled model simulations.

1.2.3.3.  The Pacific Decadal Oscillation. Decadal 
changes in ENSO properties can also be associated with 
forcing external to the tropical Pacific, such as that related 
to slow SST oscillations in the North Pacific, Atlantic, 
or  Indian oceans [e.g., Gu and Philander, 1997; Behera 
and Yamagata, 2003; Verdon and Franks, 2006; Luo et al., 
2005; Dong et  al., 2006]. One of the most well‐known 
forcing of this kind is related to the Pacific Decadal 
Oscillation (PDO) [Zhang et  al., 1997; Mantua et  al., 
1997], which is a leading mode of decadal SST variability 
in the North Pacific. Earlier studies considered the PDO 
a physical mode of climate variability that results from 
atmosphere‐ocean coupling within the North Pacific 
[e.g., Latif and Barnet, 1994; Alexander and Deser, 1995]. 
More recent views consider it not a single physical mode 
but a combination of several processes operating on vari
ous timescales (see a review by Newman et al. [2015]). It 
has been suggested that the PDO is capable of modulat
ing the ENSO properties by influencing the tropical 
Pacific background states through ocean subduction, 
thermocline ventilation, or atmospheric teleconnections 

[e.g., McCreary and Lu, 1994; Gu and Philander, 1995; 
Wang and Weisberg, 1998; Zhang et  al., 1998; Barnett 
et  al., 1999; Pierce et  al., 2000; Chang et  al., 2001; 
McPhaden and Zhang, 2002]. During the period of relia
ble instrumental records, the PDO shifted its phase twice: 
from a negative to a positive phase around 1976–1977 
and back to a negative phase around 1999–2000. Along 
with the 1976–1977 phase shift, the background SSTs 
increased in the eastern and central tropical Pacific. This 
background state change was accompanied by noticeable 
changes in ENSO frequency and intensity [e.g., Trenberth 
and Hoar, 1996; Rajagopolan et  al., 1997]. Specifically, 
ENSO amplitude increased after the shift [An and Wang, 
2000], and the ENSO frequency increased from being 
dominated by a quasi‐2 yr band to a quasi‐4 yr band 
[Wang and Wang, 1996]. In addition, ENSO SST anoma
lies were found to propagate westward before the shift but 
eastward after the shift [Wang and An, 2001], and there 
were more frequent El Niño events and fewer La Niña 
events after the shift [Trenberth and Hoar, 1996]. However, 
there was no noticeable change in the ENSO type across 
the 1976–1977 climate shift.

The 1999–2000 phase shift of the PDO is closer to the 
time that the occurrence frequency of the CP ENSO 
began to increase, which was suggested to be sometime 
around the 1980s [Ashok et al., 2007], the 1990s [Yu et al., 
2012a], or the beginning of the 21st century [Lee and 
McPhaden, 2010; McPhaden et  al., 2011]. Associated 
with this PDO phase shift, a late‐1990s climate shift has 
also been suggested to occur in the Pacific Rim [e.g., 
Minobe, 2000; Peterson and Schwing, 2003]. Dramatic 
changes around 1999 were reported in the North Pacific 
sea level pressure (SLP), SST and sea level patterns 
[Minobe, 2000; Cummins et al., 2005], and in the north
eastern Pacific ecosystems [Peterson and Schwing, 2003]. 
In the western North Pacific, tropical cyclone activity 
abruptly increased after 2000 [Tu et al., 2009; He et al., 
2015]. Over the neighboring continents, precipitation pat
terns changed after the late 1990s over North and South 
America [Huang et al., 2005] and over China [Zhu et al., 
2011; Xu et al., 2015]. Surface temperatures in the Tibetan 
Plateau suddenly increased during the late 1990s [Xu 
et al., 2009]. A La Niña‐like background pattern appeared 
in the tropical Pacific [e.g., McPhaden et al., 2011; Chung 
and Li, 2013; Hu et al., 2013; Xiang et al., 2013; Kumar 
and Hu, 2014], characterized by a steeper equatorial ther
mocline slope [McPhaden et al., 2011] and strengthened 
Walker circulation [Chung and Li, 2013; Dong and Lu, 
2013]. The breakdown of the subsurface ocean variabil
ity–ENSO relationship [McPhaden, 2008, 2012; Horri 
et al., 2012] and a coherent weakening of tropical ocean‐
atmosphere variability [Hu et  al., 2013] after 2000 are 
likely associated with the decreases in ENSO forecast 
skill since 1999–2000 [Barnston et  al., 2012; Xue et  al., 
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2013]. Beyond the Pacific, changes in the SST and sea ice 
variability over the Bering and Chukchi seas [Minobe, 
2002; Yeo et  al., 2014] and in the southern ocean SST 
variability modes [Yeo and Kim, 2015] have also been 
found after the late 1990s.

1.2.3.4.  The Atlantic Multidecadal Oscillation. In 
addition to the PDO‐related late‐1990s climate shift, 
there is evidence that the Pacific also experienced a basin
wide climate shift in the early‐1990s that can also be 
responsible for the change in the type of ENSO. As shown 
in Figure 1.1, the EP ENSO has an SST anomaly pattern 
that spans the tropical eastern and central Pacific. During 
this type of ENSO, SST variations in the central Pacific 
(i.e., the Niño‐4 region) have an in‐phase association with 
the SST variations in the eastern Pacific (i.e., the Niño‐3 
region). During the CP ENSO, the association between 
SST anomalies in the central Pacific and the eastern 
Pacific is weaker. Instead, the SST variations in the tropi
cal central Pacific are more related to SST variations in 
the northeastern subtropical Pacific that are induced 
by an interannual atmospheric variability mode, the so‐
called North Pacific Oscillation (NPO) [Walker and Bliss, 
1932; Rogers, 1981; Linkin and Nigam, 2008]. The NPO is 
the second leading mode of the North Pacific SLP varia
bility and is characterized by out‐of‐phase SLP fluctua
tions between the Aleutian low and the Pacific subtropical 
high. Based on these features, Yu et al. [2012a] used three 
oceanic and atmospheric indices and found that the SST 
variations in the tropical central Pacific (i.e., the Niño‐4 
index) are strongly related to the SST variations in the 
tropical eastern Pacific (i.e., the Niño‐3 index) before the 
early 1990s but more closely related to the SLP variations 
associated with NPO (i.e., the NPO index) afterward. 
They concluded that the change in ENSO from the EP 
type to the CP type occurred in the early 1990s. This cli
mate shift resulted in a change in ENSO location from 
the eastern Pacific to the central Pacific. Yu et al. [2015a] 
further revealed that the early‐1990s climate shift was 
related to the Atlantic Multidecadal Oscillation (AMO) 
[Schlesinger and Ramankutty, 1994; Kerr, 2000], which 
changed from a negative phase to a positive phase in the 
early 1990s as well. The AMO is characterized by slow 
changes in SST in the North Atlantic and is believed to 
have a period of 60–80 yr. Although there is still ongoing 
debate on the causes of the AMO, it is agreed that the 
slow variability mode influences climate not only within 
the Atlantic basin but also across the entire Northern 
Hemisphere, including the Pacific basin [e.g., Dong et al., 
2006; Zhang and Delworth, 2007]. The physical processes 
that link the NPO and AMO to the CP ENSO are described 
in detail in section 1.3.

Evidence of the early‐1990s climate shift in the Pacific 
has also been found in other climate phenomena of the 

low‐latitude Pacific. In the western Pacific, upper ocean 
currents and sea level structure also changed around this 
time, with the north equatorial current and the north 
equatorial countercurrent migrating southward [Qiu and 
Chen, 2012] and sea level rise accelerating to a rate not 
seen in the preceding several decades [Merrifield, 2011]. 
These oceanic state changes were accompanied by 
changes in trade wind patterns [Qiu and Chen, 2012]. Sui 
et al. [2007] found that the interannual variability of the 
western Pacific subtropical high was dominated by fre
quencies of 3–5 yr before the early 1990s but 2–3 yr after
ward. The relationships between the Asian monsoon and 
the other monsoon systems in the Northern Hemisphere 
(e.g., the North American and North African monsoons) 
changed in such a way that the interannual rainfall vari
ability produced by these the monsoon systems decreased 
dramatically after 1993 [Lee et  al., 2014]. The relation
ships between the East Asian winter monsoon and ENSO 
also undergo low‐frequency oscillation [Zhou et  al., 
2007]. Moreover, the typical drought pattern in China 
was replaced by a new pattern after the early 1990s [Qian 
et al., 2014]. These recent studies together indicate that 
the Pacific climate shift in the early 1990s affected the 
ENSO location, the monsoons, the subtropical high, and 
the subtropical ocean gyre.

1.2.3.5.  Random Forcing. Other mechanisms have 
also been put forth to explain the increased occurrence of 
the CP ENSO during the past few decades. Newman et al. 
[2011] used a linear inverse modeling technique to suggest 
that natural random variations in the atmosphere can 
project onto two particular initial SST anomaly patterns, 
each of which can eventually develop into either the EP 
or CP type of ENSO through thermocline and zonal 
advection feedbacks, respectively. They argued that such 
natural random variations can result in a slow alternation 
in the type of ENSO without the need for changes in the 
background state.

1.3. CHANGES IN ENSO DYNAMICS

1.3.1. The Different Generation Mechanisms 
for the Two Types of ENSO

The fundamental dynamics of ENSO have been tradi
tionally believed to reside mostly within the tropical 
Pacific [Neelin et al., 1998; Philander 1999; Wang et al., 
2015; and the references therein]. The prevailing ENSO 
theories emphasize the delayed response of subsurface 
ocean to atmospheric forcing for the oscillation of ENSO. 
In this view, the delayed oceanic response results from the 
propagation and reflection of oceanic waves along the 
equator in the delayed oscillator theory [Suarez and 
Schopf 1988; Battisti and Hirst 1989], the adjustment of 
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the nonequilibrium between zonal‐mean thermocline 
depth and wind forcing in the recharged oscillator theory 
[e.g., Wyrtki 1975; Zebiak 1989; Jin 1997], or the lagged 
response of western Pacific wind stress to ENSO SST 
anomalies in the western Pacific oscillator theory 
[Weisberg and Wang 1997; Wang et al., 1999]. Variations 
in ENSO properties (such as its low‐frequency and qua
sibiennial periodicity) can be produced by these delayed 
atmosphere‐ocean coupling processes and their interac
tions with the annual cycle or by the nonlinear chaotic 
characteristics of these ENSO dynamics [Jin et al., 1994; 
Jin 1996, 1997; Tziperman et al., 1994, 1995; Chang et al., 
1995, 1996; Mantua and Battisti 1995; An and Jin, 2001]. 
From this point of view, the various types of ENSO do 
not necessarily represent distinct ENSO dynamics. 
However, recent studies of the EP and CP types of ENSO 
have begun to suggest that these two types of ENSO are 
likely to have different underlying dynamics [e.g., Kao and 
Yu, 2009; Yu et al., 2011; Yu and Kim, 2011a; S.‐T. Kim 
et  al., 2012; Yu et  al., 2012a; Lin et  al., 2014]. In this 
framework, the EP ENSO is produced by the traditional 
ENSO dynamics, while the generation of the CP ENSO 
relies more on forcing from the subtropical Pacific and 
its  interaction with ocean mixed‐layer dynamics in the 
equatorial central Pacific.

As shown in Figure  1.2, the composite CP ENSO is 
associated with in situ subsurface ocean temperature 
anomalies that do not show the basinwide propagation 
characteristics typical of the delayed oscillator theory 
[Suarez and Schopf 1988; Battisti and Hirst 1989]. Yu and 
Kim [2010b] further examined the thermocline variations 
associated with nine major CP El Niño events since 1960. 
Three of the CP El Niño events (i.e., 1968–1969, 1990–
1991, and 1991–1992) they examined undergo a pro
longed decaying phase (Fig. 1.3a) that decays slowly and 
is followed by a warm event in the eastern Pacific. 
Figure 1.3d shows that the mean thermocline depth (rep
resented by the 20 °C isotherm) for this group of events 
(i.e., Group 1) is deeper than normal in the equatorial 
Pacific (i.e., recharged state), which later gives rise to 
an EP El Niño to prolong the decay of  these three CP 
El Niño events. The other three CP El Niño events 
(1963–1964, 1977–1978, and 1987–1988) occurred in the 
p resence of  shallow‐than‐normal thermoclines (i.e., 
discharged state; Group 2 of Fig. 1.3d). This group of CP 
El Niño events is followed by a La Niña event in the east
ern Pacific, resulting in an abrupt termination of the CP 
El Niño (Fig.  1.3b). The last three events (1994–1995, 
2002–2003, and 2004–2005) occurred with near‐normal 
thermocline depths (i.e., neutral state; Group 3 of 
Fig. 1.3d). This group of events undergoes a symmetric‐
decaying pattern, whose SST anomalies grow and decay 
symmetrically with respect to a peak phase (Fig.  1.3c). 
Therefore, CP El Niño events can occur when the equatorial 

Pacific thermocline is above, below, or near the normal 
depth, as also suggested by a recent modeling study 
[Fedorov et al., 2014]. This finding further confirms that 
the generation of CP ENSO does not depend on thermo
cline dynamics. However, these different thermocline 
structures do affect whether a warming, cooling, or neu
tral event may occur in the eastern Pacific as the CP event 
decays. Depending on the thermocline structure, the east
ern Pacific warming, or cooling may interact with the 
SST evolution of the CP event and give rise to the three 
distinct evolution patterns of CP El Niño. Although the 
thermocline variations are not crucial to the generation 
and the dynamics of the CP type of El Niño, the state of 
the thermocline at the peak phase of a CP ENSO event 
can potentially be used to predict when and how the CP 
ENSO event will terminate. It is the interplay between the 
dynamics of the CP and EP types of ENSO that makes 
the thermocline information useful for the prediction of 
both types of SST variations.

1.3.2. The Central‐Pacific ENSO: Extratropical 
Atmospheric Forcing Mechanism

As mentioned, for the CP El Niño the equatorial 
westerly anomalies appear to the west of the positive SST 
anomalies in the central Pacific and the equatorial east
erly anomalies to the east. Ashok et al. [2007] argued that 
the thermocline variations induced by this wind anomaly 
pattern are responsible for the generation of the CP 
ENSO. The equatorial westerly anomalies induce down
welling Kelvin waves propagating eastward and the 
equatorial easterly anomalies induce downwelling Rossby 
waves propagating westward and, together, they deepen 
the thermocline in the central Pacific to produce the CP 
El Niño. Kug et al. [2009] emphasized the fact that the 
equatorial easterly anomalies can suppress warming in 
the eastern Pacific during a CP El Niño event by enhanc
ing upwelling and surface evaporation. However, they 
also argued that the mean depth of thermocline in the 
central Pacific is relatively deep and the wind‐induced 
thermocline variations may not be efficient in producing 
the CP SST anomalies. Instead, they suggested that ocean 
advection is responsible for the development of the cen
tral Pacific warming. Yu et al. [2010] also concluded that 
the SST anomalies of the CP ENSO undergo rapid inten
sification through ocean advection processes. However, 
they showed that the initial establishment of the CP SST 
anomalies is related to forcing from the extratropical 
atmosphere and subsequent atmosphere‐ocean coupling 
in the subtropics.

Yu et  al. [2010] performed an analysis of  the near‐
s urface ocean temperature budget to identify the physi
cal processes involved in the development of  the CP 
ENSO. They showed that the SST anomalies associated 
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with the CP ENSO undergo rapid intensification in the 
equatorial central Pacific through local atmosphere‐
ocean interactions, which involve only mixed layer ocean 
dynamics and are similar to those described for the 
slow‐SST mode of  ENSO [Neelin 1991; Neelin and Jin 
1993]. This mode requires surface wind anomalies to 
induce anomalous air‐sea fluxes and ocean advection 
processes to intensify the initial SST perturbation. Yu 
et al. [2010] suggested that the initial SST anomalies in 
the central equatorial Pacific were, however, established 
by forcing from the extratropical atmosphere. This 
s uggestion is supported by regressions of  the Pacific 
SST anomalies onto the CP ENSO index. As shown in 
Figure 1.4, the regressed positive SST anomalies appear 
first in the northeastern subtropical Pacific and later 

spread toward the central equatorial Pacific to initiate 
ENSO event in the central Pacific.

The possibility of subtropical precursors in triggering 
ENSO events has long been recognized. However, recent 
studies on CP ENSO dynamics have begun to emphasize 
that these subtropical processes are not just precursors of 
ENSO but an essential element in the generation of CP 
ENSO events. As revealed by Figure 1.4, the CP ENSO is 
preceded by SST anomalies in the northeastern Pacific, 
which are characterized by a band of SST anomalies 
extending typically from Baja California toward the 
equatorial central Pacific. As the subtropical SST anom
alies approach the equatorial Pacific, El Niño events 
develop and begin to grow. Several recent studies [e.g., 
Vimont et al., 2003; Anderson, 2004; Yu and Kim, 2011a] 
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Figure 1.3 Evolution of composite equatorial Pacific (5°S–5°N) SST anomalies for (a) the group of CP El Niño 
events that has a prolonged decay (i.e., 1968–1969, 1990–1991, and 1991–1992), (b) the group that has an 
abrupt decay (i.e., 1963–1964, 1977–1978, and 1987–1988), and (c) the group that has a symmetric decay (i.e., 
1994–1995, 2002–2003, and 2004–2005). The evolution is shown from July of the El Niño year (0) to June of the 
following year (+1) and is calculated from the Extended Reconstruction of Historical Sea Surface Temperature 
dataset (ERSST) [Smith et al., 2008]. Panel (d) shows the evolution of the depth anomalies of the zonal‐mean 20 °C 
isotherm (D20C) at the equator (5°S–5°N) for the three groups of events. The zonal mean is averaged between 
120°E and 80°W and is calculated using the Simple Ocean Data Assimilation Reanalysis data (SODA) [Carton 
et al., 2000]. Adapted from Yu and Kim [2010b].
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have suggested that the initial warming off  Baja California 
is forced by atmospheric fluctuations, particularly those 
associated with NPO. When the Pacific SST anomalies 
are regressed onto the NPO index (Fig. 1.5), it is obvious 
that the NPO first induces positive SST anomalies off  
Baja California via surface heat fluxes. The SST anoma
lies then extend southwestward toward the tropical 
Pacific. After the SST anomalies reach the tropical 
Pacific, an El Niño event occurs and develops there. The 
evolution shown in Figure 1.5 is very similar to the evolu
tion of SST anomalies shown in Figure 1.4 preceding the 

development of a CP El Niño event. This similarity offers 
evidence that there exists a close relationship between the 
subtropical Pacific precursors and CP ENSO.

Ocean‐atmosphere coupling in the subtropical Pacific 
is crucial for the spread of the NPO‐induced SST anoma
lies southward into the deep tropics. The coupling pro
cesses begin as the SST anomalies off  Baja California 
feed back onto and modify near surface winds via con
vection. The wind anomalies induced by the convection 
tend to be located to the southwest of initial subtropical 
SST anomalies [Xie and Philander, 1994], where new positive 
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SST anomalies can be formed through a reduction in 
evaporation. The atmosphere then continues to respond 
to the new SST anomalies by producing wind anomalies 
farther southwestward. Through this wind‐evaporation‐
SST (WES) feedback [Xie and Philander, 1994], the SST 
anomalies initially induced by the NPO off Baja California 
can extend southwestward into the deep tropics. This 
series of subtropical Pacific coupling processes is referred 
to as the seasonal footprinting mechanism [Vimont et al., 
2001, 2003, and 2009]. This mechanism also offers a way 
to explain how the subtropical SST anomalies can be 
sustained from boreal winter, when extratropical atmos
pheric variability (e.g., the NPO) is largest, to the following 
spring or summer to excite CP ENSO events.

As mentioned, the SST anomaly pattern of the sub
tropical precursor to ENSO (in particular, the CP ENSO) 
strongly resembles the PMM that is the leading coupled 
variability mode of the subtropical Pacific. A strong 
association between the spring PMM index and the fol
lowing winter’s ENSO index was demonstrated in Chang 
et al. [2007], who found that a majority of El Niño events 

over the past four decades were preceded by SST and sur
face wind anomalies similar to those associated with the 
PMM. Recently, the winter SST anomalies in the western 
North Pacific have been suggested as a subtropical ENSO 
precursor, which precede ENSO development in the 
f ollowing year [S.‐Y. Wang et al., 2012, 2013]. There are 
several ways to link these ENSO precursor‐associated 
anomalies to the generation of ENSO events in the equa
torial Pacific. One explanation emphasizes how the 
surface wind anomalies associated with the subtropical 
precursor can directly or indirectly (through the reflec
tion of off‐equatorial Rossby wave in the western Pacific) 
excite downwelling Kelvin waves along the equatorial 
thermocline that propagate eastward to trigger El Niño 
events in the eastern Pacific [e.g., Alexander et al., 2010; 
S.‐Y.Wang et  al., 2012, 2013]. This view appears more 
related to the onset of EP ENSO events. However, when 
the subtropical precursor reaches the equatorial Pacific, 
it can also force a CP ENSO event by interacting with the 
local ocean mixed layer. Figure 1.6 illustrates this view of 
how the underlying dynamics of the two types of ENSO 
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can interact with the subtropical Pacific precursor. In this 
view, the generation of the CP ENSO is more related to 
mixed layer ocean dynamics. Dommenget [2010] and 
Clement et al. [2011] have demonstrated that ENSO‐like 
events can be produced in coupled models where the 
ocean component consists of a mixed layer only without 
any thermocline dynamics. The generation of the EP 
ENSO is considered more related to the thermocline 
dynamics depicted by the delayed‐oscillator [Suarez 
and  Schopf 1988; Battisti and Hirst 1989] and charge‐
recharged oscillator theories [e.g., Wyrtki 1975; Zebiak 
1989; Jin 1997].

1.3.3. Links Between the Atlantic Multidecadal 
Oscillation and the Central‐Pacific ENSO

The strength of the subtropical Pacific coupling, there
fore, plays a key role in determining how efficiently the 
subtropical Pacific precursors can penetrate into the trop
ics to excite ENSO events, particularly CP ENSO events. 
As mentioned, Yu et al. [2012a] found that the early 1990s 
is the time when ENSO changed from the EP type to the 
CP type. Yu et al. [2015a] further confirmed that the sub
tropical Pacific coupling was stronger after the early 
1990s. They analyzed the subtropical Pacific coupling 
strength by examining the correlation coefficient between 

the SST and surface wind anomalies associated with the 
PMM. As shown in Figure 1.7, the coupling strength was 
at a relatively constant level before and after the 1976–
1977 climate shift, which suggests that the phase change 
in the PDO cannot affect the subtropical Pacific coupling. 
In contrast, the subtropical Pacific coupling strength 
increased after the early‐1990s climate shift. The stronger 
subtropical Pacific coupling has made it easier for the 
subtropical precursors to penetrate into and to influence 
the deep tropics, and, as a result, the occurrence of CP 
ENSO events increases. As mentioned, the early‐1990s 
climate shift is related to the phase change of the AMO. 
Yu et al. [2015a] coupled an atmospheric general circula
tion model (AGCM) with a slab ocean model to demon
strate the relationship between the AMO and the CP 
ENSO. In the coupled model, they prescribed a positive 
phase of the AMO SST anomalies in one experiment and 
a negative phase of the AMO in the other experiment. 
They showed that the Pacific SST variability produced by 
the coupled model increased most in the tropical central 
Pacific when a positive AMO was prescribed in the 
Atlantic. They also laid out the chain of events to explain 
how the AMO influenced the CP ENSO. First, a switch 
of  the AMO to its positive phase in the early 1990s 
led  to an intensification of the Pacific subtropical high. 
The  intensified high resulted in stronger‐than‐average 
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Subtropical pacific coupling
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Figure 1.6 A schematic diagram illustrating the possible relationships between the subtropical Pacific precursors 
and the two types of ENSO (CP and EP). (See insert for color representation of the figure.)
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background trade winds that enhanced the WES feed
back mechanism, strengthening the subtropical Pacific 
coupling between the atmosphere and ocean, making 
the subtropical Pacific precursors more capable of pene
trating into the deep tropics, and ultimately leading to 
increased occurrence of CP ENSO events. The study of 
Yu et al. [2015a] suggests that the recent shift from more 
conventional EP to more CP type of ENSO events can 
thus be at least partly understood as a Pacific Ocean 
response to the phase change in the AMO.

1.3.4. The Roles of the Hadley and Walker Circulations

The emergence of CP ENSO represents a change in 
ENSO dynamic from one that emphasizes the tropical 
Pacific coupling processes to another that emphasizes the 
subtropical Pacific forcing. This recent change in ENSO 
dynamic can also be understood via the different roles 
played by the Walker and Hadley circulations in the 
ENSO dynamic, as noted by Yu et al. [2010]. Figure 1.8 
shows the correlation coefficients between SLP anomalies 
and the EP and CP ENSO indices. The EP ENSO is asso
ciated with a southern‐oscillation pattern characterized 
by out‐of‐phase SLP anomalies between the eastern and 
western tropical Pacific. The SLP variations over the mar
itime continent region are linked to SLP over the eastern 
equatorial Pacific through the Walker circulation. The 
SLP anomaly pattern associated with CP ENSO does not 
really resemble the Southern Oscillation. Instead, the SLP 
variations over the maritime continent are linked to SLP 

variations in the subtropics of both the North and South 
Pacific, suggesting that a connection through local Hadley 
circulation may be more important. Therefore, Yu et al. 
[2010] argued that the tropical Pacific Ocean interacts 
with the Walker circulation to produce EP ENSO but the 
local Hadley circulation to produce CP ENSO. The alter
nation between the EP and CP types of ENSO can be 
viewed as a result of changes in the relative strengths of 
the Hadley and Walker circulations. A stronger Walker 
circulation may lead to a dominance of the EP type, while 
a stronger Hadley circulation may favor the CP type. This 
view was further examined in Yu et al. [2012a], in which 
they compared the strength of the time‐mean Walker and 
Hadley circulations before and after the early‐1990s 
climate shift. Consistent with the view of Yu et al. [2010], 
the period of postclimate shift has a stronger mean Hadley 
circulation compared to the period of preclimate shift. 
The stronger Hadley circulation could help the NPO‐
induced SST variations to spread into the tropical central 
Pacific. In association with the changes in the strength 
of  mean atmospheric circulations, the tropical central 
Pacific has become more responsive to the forcing and 
influence from the extratropical atmosphere, which has 
resulted in more frequent occurrence of CP ENSO events. 
The relative dominance of the two types of ENSO may be 
related to the relative strength of the Hadley and Walker 
circulations. As for the mean strength of the Walker circu
lation, it is in debate whether it has weakened [e.g., Vecchi 
et  al., 2006; Vecchi and Soden, 2007; Xie et  al., 2010; 
Tokinaga et  al., 2012; Yu et  al., 2012a] or strengthened 
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[e.g., Dong and Lu, 2013; Hu et al., 2013; L’Heureux et al., 
2013] in recent decades, although it is more generally 
agreed that the circulation has strengthened in the most 
recent decade [e.g., England et al., 2014].

1.3.5. Other Possible Mechanisms

In addition to the extratropical atmospheric forcing 
mechanism, other mechanisms have been proposed to 
explain the generation of the two types of ENSO. For 
example, Yu et al. [2009] used ocean‐atmosphere coupled 
GCM (CGCM) experiments to suggest that the CP 
ENSO can be excited by forcing associated with the Asian 
and Australian monsoons. Chung and Li [2013] argued 
that the La Niña‐like (stronger zonal SST gradient) dec
adal background state since 1999 is responsible for the 
more frequent occurrence of CP El Niño. Their numeri
cal experiments showed that with the increased back
ground zonal SST gradient, the anomalous wind and 
precipitation response to EP or CP SST forcing shifts to 
the west, leading to a westward shift in the SST anomaly 
tendency that resembles the CP ENSO. Ren and Jin [2013] 
found that with the decadal signal removed, the ocean 
heat content shows recharge‐discharge processes through
out the life cycles of both ENSO types. They showed that 

the different zonal locations of the SST and easterly wind 
anomalies and the associated thermocline feedback 
contribute to the growth and phase transitions of the two 
ENSO types. This view of varying thermocline feedbacks 
for the two ENSO types is consistent with the study of 
Hu et al. [2012b] who suggested that the subsurface ocean 
temperature anomalies are weaker in the CP ENSO than 
in the EP ENSO. Hu et al. [2012b] also found differences 
in the westerly wind bursts (WWBs) between the two 
types of ENSO. They suggested that the CP (EP) ENSO 
is followed by weaker and more westward confined 
(stronger and eastward extended) WWBs along the 
equatorial Pacific, which are associated with suppressed 
(enhanced) air‐sea interactions over the cold tongue/
Intertropical Convergence Zone and weaker (stronger) 
thermocline feedbacks. Fedorov et al. [2014] and Hu et al. 
[2014] also reached a similar conclusion on the differ
ences in the importance of WWB for the two ENSO 
types. These two modeling studies showed that the EP El 
Niño develops when WWBs are imposed in an initial 
recharge ocean state, while the CP El Niño develops in a 
neutral ocean state in the presence of a WWB or in a 
recharge state without a WWB. All these WWB studies 
suggest that properly accounting for the preceding westerly 
wind signal and air‐sea interaction may be necessary for 
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accurate ENSO predictions [Hu et  al., 2012b; Fedorov 
et al., 2014; Hu et al., 2014; D. Chen et al., 2015].

1.4. CHANGES IN ENSO TELECONNECTIONS 
AND ASSOCIATED CLIMATE EXTREMES

The recent identification of the two distinct types of 
ENSO offers a new way to consider the impact of ENSO 
on global climate. There are indications that the atmos
pheric response to ENSO events can be sensitive to the 
exact location of their SST anomalies [e.g., Mo and 
Higgins 1998; Hoerling and Kumar, 2002; Barsugli and 
Sardeshmukh, 2002; DeWeaver and Nigam, 2004; Larkin 
and Harrison, 2005b]. An increasing number of recent 
studies have looked into the different impacts produced 
by these two types of ENSO on various parts of global 
climate. Many of these studies have revealed that the CP 
ENSO can affect global climate differently from the EP 
ENSO [e.g., Larkin and Harrison, 2005b], indicating that 
one should not simply use the existing understanding of 
the conventional EP ENSO to anticipate the climate 
impacts and teleconnections associated with the CP 
ENSO. A systematic investigation of the global and 
regional impacts of the CP ENSO is required. In this 
s ection, we use the differing impacts of the two types 
of  ENSO on global climate to illustrate how ENSO’s 
teleconnection and associated climate extremes have been 
changing in the past few decades.

1.4.1. North America

It is well recognized that North American climate is 
significantly impacted by ENSO [e.g., Ropelewski and 
Halpert, 1986, 1989; Kiladis and Diaz, 1989; Livezey et al., 
1997; Cayan et al., 1999; Larkin and Harrison, 2005b; and 
many others]. However, the existence of two types of 
ENSO was not taken into account in most of the past 
studies. The El Niño impact on US winter temperatures is 
traditionally characterized as a north‐south dipole pat
tern, in which above normal temperatures are found over 
the northern states and below normal temperatures over 
the southern states [e.g., Ropelewski and Halpert, 1986]. 
Larkin and Harrison [2005a] first pointed out that sea
sonal US weather anomalies associated with the two 
types of El Niño are quite different. Mo [2010] consid
ered a priori the two types of ENSO to examine ENSO’s 
impacts on North American climate. The author con
trasted the impacts of ENSO on air temperature and pre
cipitation over the United States during the period 
1915–1960 when the EP type dominated and the period 
1962–2006 when the CP type had increased in impor
tance, and concluded that the EP El Niño produced a 
north‐south contrast pattern in the air temperature vari
ations, similar to the traditional view. For the CP El Niño, 

the author found the temperature variations are charac
terized by more of an east‐west contrast pattern with 
warming over the Pacific Northwest and cooling in the 
Southeast. Yu et al. [2012b] also found that the two types 
of ENSO produced different impacts on US winter tem
perature. Their result is similar to that of Mo [2010] but 
with significant differences in the details. Yu et al. [2012b] 
first separately regressed winter (January–March) surface 
air temperature anomalies to the EP and CP ENSO indi
ces to show that, during EP El Niño events (Fig. 1.9a), 
positive winter temperature anomalies are concentrated 
mostly over the northeastern part of the United States 
and negative anomalies are most obvious over the south
western states. During CP El Niño events (Fig. 1.9b), the 
warm anomalies are located in the northwestern United 
States and the cold anomalies are centered in the south
eastern United States. The US temperature anomaly pat
terns are rotated by about 90° between these two types of 
El Niño. Adding these two impact patterns together can 
result in a pattern that resembles the traditional El Niño 
impact on the US winter temperature (i.e., a warm‐north 
and cold‐south pattern). It indicates that the traditional 
view of El Niño impact is likely a mixture of the impacts 
of the two types of El Niño. Yu et al. [2012b] was able to 
reproduce these two different impact patterns in forced 
model experiments performed with the Community 
Atmosphere Model version 4 (CAM4) [Neale et al., 2013] 
from the National Center for Atmospheric Research 
(NCAR) (shown in Fig. 1.9c and d], in which SST anom
alies characteristic of the EP El Niño and CP El Niño 
were separately used to force the model in two different 
sets of ensemble experiments. The regressed impact pat
terns can also be identified in the four strongest EP El 
Niño events (in 1997, 1982, 1972, and 1986) and four of 
the top five strongest CP El Niño events (in 2009, 1957, 
2002, and 2004). Both Mo [2010] and Yu et al. [2012b] 
argued that the cause of the different impacts on US win
ter temperature is the different wave train patterns excited 
by these two types of El Niño in the extratropical atmos
phere. The winter atmosphere produces a Pacific–North 
American (PNA) teleconnection pattern [Wallace and 
Gutzler, 1981] during the CP El Niño, which consists of a 
positive anomaly center extending from eastern Alaska 
to the northwestern United States and a negative anom
aly center over the southeastern United States, resulting 
in a warm‐northwest and cold‐southeast pattern of tem
perature anomalies. During the EP El Niño, the winter 
atmosphere produces a poleward wave train emanating 
from the tropical eastern Pacific, across the southwestern 
United States, and into the northeastern United States, 
leading to the cold‐southwest and warm‐northeast pat
tern in US winter temperatures. This wave train pattern 
resembles the Tropical North Hemisphere (TNH) pattern 
[Mo and Livezey, 1986].
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Concerning the US winter precipitation, the classical 
view of El Niño’s impact is one of  negative precipitation 
anomalies in the northern United States and positive 
precipitation anomalies in the southern United States 
due to a southward displacement of  the tropospheric 
jet  stream and associated winter storm activity [e.g., 
Ropelewski and Halpert, 1986, 1989; Kiladis and Diaz, 
1989; Dettinger et al., 1998; Mo and Higgins, 1998; Cayan 
et al., 1999]. Mo [2010] suggested that, during the EP El 
Niño events, precipitation decreases in the Pacific 
Northwest but increases in northern California. For the 
CP El Niño, its influence on precipitation increases in the 
Southwest but decreases in the Ohio valley compared to 
the EP El Niño. Yu and Zou [2013] regressed US winter 
precipitation anomalies on the EP and CP ENSO indices 
to identify the impact patterns (Fig. 1.10a and b). Both 
types of  El Niño produce dry‐north and wet‐south 
anomaly patterns, similar to the seesaw pattern that has 

traditionally been used to describe El Niño impacts on 
US winter p recipitation. However, the dry anomalies 
produced by the CP El Niño are of  larger magnitude and 
cover larger areas than those produced by the EP El 
Niño. For example, the dry anomalies cover only the 
Great Lakes region during the EP El Niño, but extend 
southwestward through the Ohio‐Mississippi valley 
toward the Gulf  Coast during the CP El Niño. In con
trast, the wet anomalies tend to have smaller magnitudes 
during the CP El Niño than during the EP El Niño, a 
phenomenon that is  most obvious over the southeast 
United States. In Figure  1.10, a and b indicate that 
the  CP El Niño tends to intensify the dry anomalies 
but  weaken the wet anomalies of  the impact pattern 
p roduced by the EP El Niño. This important difference 
is  clearly revealed in Figure 1.10c, where the precipita
tion anomalies regressed on the EP El Niño were sub
tracted from the anomalies regressed in the CP El Niño. 
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The negative values in Figure 1.10c indicate that a shift 
in El Niño from the EP type to the CP type enhances the 
dry anomalies over the Pacific Northwest and along the 
Ohio‐Mississippi valley and weakens the wet anomalies 
over the Southeast. As a result, the emerging CP El Niño 
produces an overall drying effect during the US winter. 
The different impacts on winter precipitation can lead to 
an asymmetric response between the two types of  ENSO 
in the springtime soil water hydrology over the Mississippi 
River basin as shown by Liang et  al. [2014], who also 

indicated that the winter to spring m emory was carried 
through by subsurface hydrological storage processes.

Winter precipitation over the United States is primarily 
associated with winter storms, whose tracks are con
trolled by the locations of tropospheric jet streams. Yu 
and Zou [2013] related the enhanced drying effect of the 
CP ENSO to a more southward displacement of the trop
ospheric jet streams. Previous studies have suggested that 
such an equatorward shift of the tropospheric jet streams 
during El Niño events results from El Niño‐induced 
Rossby wave trains and strengthening of the Hadley cir
culation [e.g., Wang and Fu, 2000; Seager et al., 2003; Lu 
et al., 2008]. As the jet streams shift southward, winter 
storms shift south as well, leading to a dry‐north and wet‐
south pattern of precipitation anomalies during the El 
Niño. Yu and Zou [2013] found that the jet streams were 
displaced more southward during CP El Niño than dur
ing EP El Niño. The increased southward displacements 
of the jet streams cause dry anomalies over the northern 
United States (including the Northwest and Ohio‐
Mississippi valley), which expand and intensify more 
significantly during the CP El Niño than during the EP 
El Niño. Similarly, the wet anomalies over the southern 
United States expand over the Southwest and extend into 
Mexico during the CP El Niño. However, the same south
ward displacements over the East Coast push the core of 
the jet stream (and therefore the storm tracks) south of 
the US continent and into the Gulf of Mexico and the 
Caribbean, which results in only a small area of wet 
anomalies left in the southeast United States during the 
CP El Niño. One major implication of the findings of Yu 
and Zou [2013] is that the droughts occurring in the Ohio‐
Mississippi valley and Pacific Northwest during El Niño 
years may be intensified as El Niño becomes more fre
quently of  the CP type and that the Southeast should 
not expect as much enhancement of winter precipitation 
d uring El Niño years as in the past. In addition to cold 
season impacts, Liang et al. [2015] suggested that the two 
ENSO types have different influences on the warm s eason 
(May–June) Great Plains low‐level jet (GPLLJ) during 
their decaying phases. They found that the EP El Niño 
intensifies the GPLLJ while CP El Niño weakens the 
GPLLJ, the latter leading to drier conditions in the 
c entral United States.

Capotondi and Alexander [2010] have shown that 
CMIP3 models are capable of reproducing the general 
features of the observed precipitation pattern over North 
America despite the coarse resolutions of these global 
models. The six models they analyzed captured the 
observed precipitation maxima in the American North
west and Southeast and the lower values in the central 
United States. Their analysis also showed that the sea
sonal cycles of precipitation produced by the CMIP3 
models in the Great Plains were realistic, with a rainy 

50°N

40°N

30°N

50°N

40°N

30°N

50°N

40°N

30°N

120°W 90°W 60°W

120°W 90°W 60°W

120°W

(b)

(a)

(c)

90°W 60°W

–0.2

–0.4

–0.6

–0.8

1

0.8

EP impact / regression of reanalysis

CP impact / regression of reanalysis

CP- EP / regression of reanalysis

0.6

0.4

0.2

0

Figure 1.10 US winter (January–March) precipitation anoma-
lies associated with (a) the EP El Niño and (b) the CP El Niño. 
The difference between the two types of El Niño (i.e., the CP 
impact minus EP impact) is shown in (c). The values shown are 
obtained by regressing US winter precipitation anomalies onto 
the EP and CP ENSO i ndices. Values shown are in units of mm/
day, and the areas passing the 90% confidence level based 
on the Student’s t‐test are dotted. The NCEP/NCAR reanalysis 
dataset for the period of 1948–2010 is used. Adapted from 
Yu and Zou [2013].

0003060439.INDD   20 6/5/2017   7:05:54 PM



ThE ChANGING EL NIñO–SOuThERN OSCILLATION ANd ASSOCIATEd CLIMATE EXTREMES 21

season that starts in early summer and slowly winds down 
toward winter. Mo [2010] also showed that the CMIP3 
simulations could be useful in identifying the CP and EP 
ENSO’s impacts on US winter climate. A series of studies 
organized by the National Oceanic and Atmospheric 
Administration (NOAA) Modeling, Analysis, Predictions, 
and Projections (MAPP) Program’s CMIP5 Task Force 
have also demonstrated that CMIP5 models are useful in 
understanding the climate over North America [Sheffield 
et al., 2013a, 2013b, 2014; Maloney et al., 2014]. These 
recent studies demonstrated that CMIP simulations were 
useful for studying the regional climate impacts produced 
by global‐scale climate phenomena. The performance of 
coupled climate models in simulating the EP and CP 
types of ENSO was also examined for both the CMIP3 
models [Yu and Kim, 2010a] and the CMIP5 models 
[Kim and Yu, 2012]. Compared to the CMIP3 models, the 
CMIP5 models are found to better simulate the observed 
spatial patterns of the two types of ENSO and to have a 
significantly smaller intermodel diversity in ENSO inten
sity. The improved performance of the CMIP5 models is 
particularly apparent in the simulation of EP ENSO 
intensity, although it is still more difficult for the models 
to reproduce the observed EP ENSO intensity than 
the  observed CP ENSO intensity. The performance of 
CMIP5 models in simulating the different impacts of the 
two types of ENSO on US winter climate was also exam
ined in Zou et al. [2014], where 30 CMIP5 preindustrial 
simulations were examined to conclude that the CMIP5 
models can simulate the observed EP El Niño impacts 
but not the observed CP El Niño impacts. The responses 
of observed US winter temperature to the EP El Niño are 
reasonably simulated by most of the CMIP5 models. The 
northeast‐warm and southwest‐cold pattern can be seen 
in many of the CMIP5 models. However, the observed 
northwest‐warm and southeast‐cold response pattern to 
the CP ENSO can only be found in some of the CMIP5 
models. In some of the other CMIP5 models, the US 
winter temperature anomalies are even opposite from the 
observed.

Why are CMIP5 models less successful in simulating 
CP ENSO impact on the US winter climate? Heating 
associated with deep convection is a key process by which 
ENSO influences the atmosphere. The intensity and loca
tion of deep convection can be represented by the outgo
ing longwave radiation (OLR). The importance of using 
OLR anomalies to understand the atmospheric telecon
nections from the tropics has been emphasized in many 
earlier studies [e.g., Heddinghaus and Krueger, 1981; Lau 
and Chan, 1983, 1985; Gruber and Krueger, 1984; Ardanuy 
and Kyle, 1986; Chiodi and Harrison, 2013]. Zou et  al. 
[2014] looked into the relationships between SST and 
OLR anomalies for the two types of El Niño and exam
ined how well the observed relationships were simulated 

in the CMIP5 models. It was found that during the EP 
ENSO, the strongest SST anomalies are located in the 
eastern equatorial Pacific and can easily influence the 
strength of the Walker circulation, giving rise to basinwide 
OLR anomalies. The modeled atmospheric responses to 
the EP El Niño are thus not sensitive to SST anomaly 
structure and can be well simulated by most of the 
CMIP5 models. In contrast, the SST anomalies of the CP 
El Niño are located in the central equatorial Pacific and 
can induce only local OLR anomalies to the west of the 
SST anomalies. The modeled atmospheric responses to 
the CP El Niño are, therefore, different among the mod
els depending on the simulated magnitudes and locations 
of the CP El Niño SST anomalies. The finding reported 
by Zou et  al. [2014] implies that it may become more 
c hallenging for climate models to simulate and predict 
ENSO’s impacts on US climate as ENSO changes from 
the EP type to the CP type.

1.4.2. Western Pacific and Indian Oceans

ENSO events also produce significant impacts on the 
climate of  the western Pacific and the Indian Ocean 
basin. In the conventional point of  view, El Niño events 
shift tropical convection eastward to the equatorial 
c entral‐to‐eastern Pacific resulting in an anomalous 
Walker circulation that has an anomalous descending 
branch over the western Pacific, Maritime Continent, 
and northern Australia (Fig.  1.8a). This anomalous 
descending motion then induces two modes of  Indian 
Ocean (IO) variability through surface heat fluxes and 
oceanic Rossby waves [e.g., Klein et al., 1999; Venzke 
et al., 2000; Alexander et al., 2002; Xie et al., 2002; Yu 
and Lau, 2004; Yu et al., 2005; Liu and Alexander, 2007]. 
One of  the modes is the Indian Ocean Dipole [Saji et al., 
1999; Webster et  al., 1999] that has one SST anomaly 
center in the tropical western Indian Ocean and the 
other center in the southeast Indian Ocean, and the 
other mode is the Indian Ocean basinwide warming 
(IOBW). The IOD tends to peak during El Niño’s devel
oping phase during autumn (September–November; 
SON) and IOBW peaks during El Niño’s decaying phase 
during spring (March–May) [e.g., Schott et  al., 2009]. 
These ENSO‐induced Indian Ocean variability modes 
are known to affect Indian summer monsoon, 
Australia and East Africa, the western North Pacific, 
and Southern Hemisphere high latitudes [e.g., Saji et al., 
1999; Ashok et al., 2001, 2003; Lau and Nath, 2004; Yang 
et al., 2007; Xie et al., 2009]. Associated with the differ
ent Walker circulation response to two ENSO types 
(Fig. 1.8a and b), Wang and Wang [2014] suggested that 
the EP El Niño and some CP El Niño (El Niño Modoki 
I) events induce the positive IOD, while the other CP El 
Niño (El Niño Modoki II) events produce the negative 
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IOD. However, Yu et al. [2015b] argued that the EP El 
Niño events are more associated with the IOD while the 
CP El Niño events are not. Paek et  al. [2015] showed 
that the EP El Niño events tend to be accompanied by 
basinwide warming in the Indian Ocean but not the CP 
El Niño events. The different Indian Ocean responses 
induced by the two types of  ENSO bring different 
ENSO impacts to the neighboring regions. Kumar et al. 
[2006] used a historical rainfall record and AGCM 
experiments to suggest that the CP El Niño is more 
effective in enhancing subsidence over the Indian subcon
tinent during Indian summer monsoon season (June–
September) leading to more severe droughts than during 
EP El Niños. Yadav et al. [2013] found that the EP El 
Niño leads to more precipitation over the north and 
central India regions during El Niño peak season 
(December–February). Ratman et  al. [2014] reported 
significant drought in austral summer over southern 
Africa during EP El Niños but not during CP El Niños. 
Significant decreases in rainfall in Australia have been 
reported during CP El Niño events compared to the EP 
El Niño events [Wang and Hendon, 2007; Lim et  al., 
2009; Taschetto and England, 2009].

1.4.3. East Asia

ENSO has profound impacts on East Asian climate 
variability such as the East Asian monsoon [e.g., Zhang 
et al., 1999; Chang et al., 2000; Zhou and Chan, 2007; Li 
and Yang, 2010], East Asian rainfall [e.g., McBride et al., 
2003; Juneng and Tangang, 2005; Zhou et al., 2009], west
ern Pacific tropical cyclone (TC) activity [e.g., Chan, 
2000; Chia and Ropelewski, 2002; Camargo and Sobel, 
2005; Ho et al., 2004], and SSTs over the South China Sea 
[e.g., He and Guan, 1997; Xie et  al., 2003; Wang et  al., 
2006; Zhang et al., 2010]. The anomalous western North 
Pacific subtropical high (WNPSH) or low‐level Philippine 
Sea anticyclone is a potentially important atmospheric 
component connecting ENSO and East Asian climate as 
suggested by several authors [e.g., Zhang et  al., 1999; 
Wang et al., 2000; Lau and Nath, 2006; Chou et al., 2009]. 
ENSO induces SST anomalies in the western Pacific to 
initiate the WNPSH during the ENSO developing sea
sons and the WNPSH variability is sustained until the 
following summer (June–August) through local air‐sea 
interactions [Wang et al., 2000], or the IO SST anomalies 
(i.e., IOBW) to excite a Kelvin wave to the east maintain
ing the WNPSH variability [Yang et al., 2007; Xie et al., 
2009], or the tropical central Pacific SST anomalies that 
produce the WNPSH as a Rossby wave response to the 
west of the SST anomalies [B. Wang et al., 2013], or the 
SST anomalies over the maritime continent that give rise 
to a local Hadley circulation descending into the WNPSH 
region [Sui et al., 2007].

Recently, Zhang et  al. [2011] contrasted the different 
impacts of the two ENSO types on the WNPSH. They 
found that during the El Niño developing phase in 
autumn, an intensified WNPSH for the EP El Niño but a 
weakened WNPSH for the CP El Niño. Yuan et al. [2012] 
further documented that from the El Niño developing 
summer to decaying summer, the EP El Niño is accompa
nied by a strong WNPSH that extends from the Indian 
Ocean to the east of the Philippines, while the CP El Niño 
is accompanied by a weak, short‐lived WNPSH that is 
confined to the west of the Philippines. They also argued 
that the IO SST anomalies are responsible for the persis
tence of WNPSH into the ENSO following summer for 
the EP El Niño, but not for the CP El Niño. Paek et al. 
[2015] suggested in their observational and AGCM study, 
that the 3–5‐yr band of summer WNPSH variability is 
more related to the EP ENSO and its SST anomalies over 
the Indian Ocean, whereas the 2–3‐yr band of WNPSH 
variability is related to CP ENSO and its SST anomalies 
in the central Pacific and maritime continent. These dif
ferent WNPSH responses to the two ENSO types are 
then shown to modulate East Asian climate. For example, 
southern China experiences increased rainfall during the 
EP El Niño but decreased rainfall during the CP El Niño 
due to the different WNPSH response and associated 
moisture transport into the region in El Niño developing 
phase in autumn [Zhang et  al., 2011], mature phase in 
winter [Weng et al., 2009], and decaying phase in spring 
[Feng and Li, 2011]. During El Niño decay in summer, 
Feng et  al. [2011] found increased rainfall south to the 
Yangtze River and decreased rainfall in the northern 
Yangtze–Huaihe river region for the EP El Niño, and 
increased rainfall in the Huaihe River–Yellow River 
region and decreased rainfall in southern China for the 
CP El Niño. J.‐S. Kim et al. [2012] showed a significant 
increase in precipitation over South Korea and southern 
Japan during the CP El Niño that represents conditions 
opposite of those found for the EP El Niño. Weng et al. 
[2007] and Yuan and Yang [2012] also found that the 
d ifferent WNPSH can exert a different impact on the 
summer and winter monsoon over East and Southeast 
Asia, which implies difficulty in predicting East Asian 
monsoon variability based on the conventional mon
soon‐ENSO relationships [e.g., Yang and Jiang, 2014]. 
The WNPSH and associated convection also modulate 
TC activity over the South China Sea and western North 
Pacific during the El Niño developing phase in summer 
and autumn. The CP El Niño tends to enhance TC 
activity in the regions but the EP El Niño suppresses TC 
activity, which increases the TC landfall in Taiwan, South 
China, Korea, and Japan particularly in autumn [Chen 
and Tam, 2010; Chen, 2011; Hong et al., 2011; Kim et al., 
2011; Wang et al., 2014]. In the South China Sea, anoma
lous net surface heat flux associated with the different 
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atmospheric circulation responses to the two ENSO types 
leads to a strong warm basin mode during the EP El 
Niño and a warm semibasin mode during the CP El Niño 
[Liu et al., 2014].

1.4.4. Europe and the Atlantic Ocean

ENSO can influence the Atlantic/European sector via 
the tropospheric temperature mechanism [Chiang and 
Sobel, 2002] and the atmospheric bridge mechanism 
[Klein et al., 1999]. The tropospheric temperature mecha
nism involves an ENSO‐induced tropical tropospheric 
warming that spreads to the Atlantic as a Kelvin wave 
response to ENSO forcing, which then increases SST 
anomalies there [e.g., Yulaeva and Wallace, 1994; Enfield 
and Mayer, 1997; Chiang and Sobel, 2002]. In the atmos
pheric bridge mechanism, ENSO weakens the Walker cir
culation and excites a PNA teleconnection pattern that 
reduces trade wind and evaporation in the tropical North 
Atlantic, leading to a warming there [e.g., Lau and Nath, 
2004; Klein et  al., 1999; Alexander et  al., 2002]. The 
canonical El Niño is known to suppress Atlantic TC 
activity through changes in vertical wind shear over the 
main TC development region [e.g., Gray, 1984; Goldenberg 
and Shapiro, 1996] and changes in tropospheric and sur
face temperatures [Tang and Neelin, 2004]. Recently, Kim 
et al. [2009] found that in contrast to the EP El Niño, the 
CP El Niño tends to enhance Atlantic TC activity and 
increase landfall potential along the coast of the Gulf of 
Mexico and Central America, which is associated with 
the different impacts on the vertical wind shear in the 
main TC development region by the two ENSO types. In 
contrast, S.‐K. Lee et al. [2010] and Larson et al. [2012] 
suggested that the CP El Niño has an insubstantial 
impact on Atlantic TC activity, which is associated with a 
weak warming of the tropical North Atlantic during the 
CP El Niño and a strong warming during the EP El Niño 
[Rodrigues et al., 2011; Amaya and Foltz, 2014]. Graf and 
Zanchettin [2012] found different impacts on European 
winter temperatures. They showed that EP El Niño 
events  lead to weak warming while CP El Niño events 
lead to significant cooling. They further attributed the 
European cooling to the negative phase of North 
Atlantic Oscillation (NAO) through the CP ENSO‐NAO 
teleconnection in the troposphere.

1.4.5. Arctic

For the Northern Hemisphere high‐latitude and Arctic 
climate, the ENSO signal can be transmitted there via a 
stratospheric pathway. Canonical El Niño events tend to 
be accompanied by a weakened Northern Hemisphere 
polar vortex. The positive PNA pattern and a deepened 
Aleutian low in the troposphere during El Niño may 

enhance planetary wave activities and increase the upward 
propagation of the waves into the stratosphere [e.g., 
Garfinkel and Hartmann, 2008; Garfinkel et  al., 2010; 
Nishii et al., 2010], where they dissipate and result in a 
weakened polar vortex and more frequent polar strato
spheric warmings [e.g., Sassi et al., 2004; García‐Herrera 
et al., 2006; Manzini et al., 2006]. The warm anomalies 
then descend to the troposphere in boreal winter 
through wave–mean flow interactions [e.g., Holton, 1976; 
McIntyre, 1982; Zhou et al., 2002; Manzini et al., 2006]. 
This weakened polar vortex and descending warm anom
alies excite the Arctic Oscillation (AO) and the NAO [e.g., 
Thompson and Wallace, 1998; Baldwin and Dunkerton, 
1999; Zhou et  al., 2002; Kunz et  al., 2009]. Recently, 
d iffering polar teleconnections between the two types of 
ENSO have been reported. Hegyi and Deng [2011] used 
post‐1979 observations to suggest that in contrast to the 
EP El Niño, the CP El Niño can lead to a stronger polar 
vortex and a positive phase of the AO. They argued that 
the positive AO tendency associated with the CP El Niño 
events in recent decades has contributed to decadal 
changes in the Arctic precipitation. Xie et al. [2012] also 
reported a weakened midlatitude upward propagation of 
wave activity during the 1979–2010 CP El Niños, leading 
to a stronger and colder polar vortex. In contrast, Graf 
and Zanchettin [2012] showed both types of El Niño since 
1948 were accompanied by a weakened polar vortex. 
Zubiaurre and Calvo [2012] and Sung et al. [2014] found a 
polar response (that is not statistically significant) to the 
CP El Niño that is related to a delayed deepening of the 
Aleutian low and weakened upward wave propagation to 
stratosphere. Garfinkel et al. [2013] compared the differ
ent composites used in previous studies [Hegyi and Deng, 
2011; Graf and Zanchettin, 2012; Xie et  al., 2012; 
Zubiaurre and Calvo, 2012] to show that the diverse CP 
ENSO‐Arctic teleconnections are very sensitive to the 
selection of CP El Niño events from the short observa
tional record. Iza and Calvo [2015] emphasized the role of 
stratospheric sudden warming (SSW) events for the 
downward propagation. They found that with the SSWs 
removed, the different EP and CP El Niño responses are 
robust regardless of the CP El Niño definition and the 
composite size. In a modeling study, Xie et  al. [2012] 
showed that whether the CP El Niño induces a strength
ened or a weakened vortex depends on the phase of the 
quasi‐biennial oscillation (QBO), while other studies 
[Garfinkel et al., 2013; Hurwitz et al., 2013; Hurwitz et al., 
2014] found a consistent weakening of the polar vortex 
under CP Niño SST forcing using a single AGCM. In the 
CMIP5 multimodel simulations, Hurwitz et  al. [2014] 
found that the multimodel means show a weakening of 
the polar vortex during the EP El Niño in boreal winter, 
and a nonsignificant strengthening of the vortex during 
the CP El Niño.
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1.4.6. Antarctica

In the Southern Hemisphere, ENSO has been sug
gested to influence mid‐to‐high‐latitude climate [e.g., 
Karoly, 1989; Mo, 2000; Yuan, 2004], often via the two 
leading Southern Hemisphere atmospheric variability 
modes: the southern annular mode (SAM) [Hartmann 
and Lo, 1998; Thompson and Wallace, 2000] and the 
Pacific–South American teleconnection (PSA) [Mo and 
Ghil, 1987] pattern. For example, previous studies found 
that ENSO, together with the SAM and PSA, influenced 
South American rainfall [e.g., Ropelewski and Halpert, 
1987, 1989; Grimm, 2003], the Southern Ocean SSTs [e.g., 
Ciasto and Thompson, 2008; Yeo and Kim, 2015], Antarctic 
sea‐ice concentrations [e.g., Liu et al., 2004; Stammerjohn 
et al., 2008; Yuan and Li, 2008], and Antarctic surface air 
temperatures [e.g., Kwok and Comiso, 2002; Ding et al., 
2011; Schneider et  al., 2012]. Recently, several studies 
have begun to examine the different impacts of the two 
types of ENSO on the Southern Hemisphere climate. The 
westward shift of tropical Pacific convection during the 
CP El Niño can excite Rossby wave train (i.e., PSA) 
toward higher latitudes, which then results in suppressed 
storm track activity over Australia and enhanced activity 
over central Argentina [Ashok et al., 2009], a northward 
displacement of the South American precipitation pat
tern [Hill et  al., 2009], the melting of Antarctic ice by 
inducing a stationary anticyclone and enhancing the eddy 
heat flux into the region [T. Lee et al., 2010], and stronger 
Antarctic sea‐ice variability [Song et al., 2011]. In addi
tion to the PSA pattern, early studies showed that the 
ENSO signals can be transmitted to high latitudes 
through a tropospheric pathway mechanism in which an 
ENSO‐induced equatorward shift in the subtropical jet 
can change the midlatitude eddy activity and its associ
ated eddy–mean flow interactions to modulate the SAM 
[e.g., Seager et al., 2003; L’Heureux and Thompson, 2006; 
Lu et  al., 2008; Chen et  al., 2008]. Recent studies have 
used observations and GCM experiments to also suggest 
a stratospheric pathway mechanism in which the CP 
ENSO can affect the upward propagation of planetary 
waves into the stratosphere and induce polar temperature 
and vortex anomalies that subsequently descend into the 
troposphere to excite the SAM [e.g., Mechoso et al., 1985; 
Hurwitz et  al., 2011a,b; Lin et  al., 2012; Zubiaurre and 
Calvo, 2012; Son et al., 2013; Evtushevsky et al., 2014].

Fogt and Bromwich [2006] noticed that the relationships 
among ENSO, PSA, and SAM can change from decade 
to decade, which is attributed to the strengthened ENSO–
Southern Hemisphere influences from the 1980s to the 
1990s. More recently, Yu et al. [2015b] further suggested a 
shift in the ENSO–Southern Hemisphere teleconnections 
occurred in the early 1990s. They conducted a 15 yr run
ning correlation analysis among the SAM, PSA, and 

ENSO indices during austral spring (SON) for the period 
1948–2014. For an ENSO index, they used cold tongue 
index (CTI; SST anomalies averaged over 6°S–6°N and 
180°–90°W). They found that the correlation coefficient 
between the CTI and SAM index (Fig.  1.11e) dramati
cally increased from insignificantly small to significantly 
large values after the early 1990s, while the CTI‐PSA cor
relation (Fig. 1.11f) stayed at significant values through
out the analysis period. The SST anomaly pattern 
correlated with the SAM or PSA index after the early 
1990s is shown to be similar to the CP ENSO‐SST anom
aly pattern [Kao and Yu,, 2009], whereas the SST anom
aly pattern correlated with the PSA index before the early 
1990s is more similar to the pattern for the EP ENSO. 
Their composite analyses also showed both types of 
ENSO (Fig. 11a and b) can excite the PSA (Fig. 1.11d) 
while only CP type can excite the SAM (Fig.  1.11c) 
through tropospheric and stratospheric pathway mecha
nisms. The EP ENSO is found to induce the Indian Ocean 
Dipole but not the CP ENSO (Fig. 1.11a and b). Yu et al. 
[2015b] showed that the different influences of the two 
types of ENSO on the Indian Ocean SST anomalies 
e nable these two ENSO types to produce difference influ
ences on the SAM through eddy–mean flow interactions. 
They further suggested that the different ENSO–Southern 
Hemisphere teleconnections and more frequent occur
rence of the CP ENSO in recent decades have led to a 
more in‐phase SAM‐PSA relationship after the early 
1990s, which consequently impacted the post‐1990s 
Antarctic climate in some aspects: an increase in the 
geopotential height anomalies over the Amundsen‐
Bellingshausen seas, a stronger Antarctic sea‐ice dipole 
structure [e.g., Yuan and Martinson, 2001] between the 
Ross Sea and Weddell Sea, and a shift in the phase rela
tionships of surface air temperature anomalies among 
the Antarctic Peninsula, East and West Antarctica. The 
findings of Yu et  al. [2015b] imply that the linkages 
between ENSO and Antarctic climate depend on the 
dominant ENSO type and have become tighter during 
the recent two decades and will likely remain so in the 
coming decades if  the dominance of the CP ENSO 
persists.

1.5. ENSO IN THE FUTURE

The changes in ENSO in the future warmer world are 
one major concern of the climate research community 
due to the profound impacts produced by ENSO. Climate 
models are generally used in ENSO projections; however, 
the behavior of ENSO differs strongly from model to 
model and is thus highly uncertain. Despite a number of 
studies, there is still no consensus on how ENSO SST 
variability will change in response to global warming [i.e., 
Meehl et  al., 1993; Knutson et  al., 1997; Collins, 2000b; 
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Zelle et al., 2005; Guilyardi, 2006; Merryfield, 2006; An 
et al., 2008; Yeh et al., 2009; Newman et al., 2011; Kim and 
Yu, 2012; Hu et al., 2012a; Stevenson, 2012; Kim et al., 
2014; Cai et al., 2014; L. Chen et al., 2015]. Model projec

tions have yet to be conclusive on whether ENSO activity 
will be enhanced, weakened, or remain the same. The 
uncertainties come at least from three sources. The first 
source is related to the diverse abilities of climate models 
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Figure 1.11 Upper panels show the composite SST anomalies for the (a) CP El Niño and (b) EP El Niño events 
during austral spring (SON). Middle panels show the 500 hPa geopotential height (Z500) anomaly structures of 
the (c) SAM and (d) PSA. Dots indicate areas where the values exceed the 95% confidence interval using a 
two‐tailed Student’s t‐test. Contour interval is 8 m. Lower panels show the 15 yr running correlation coefficients 
(e) between the cold tongue index (CTI) and SAM index, and (f) between the CTI and PSA index. The green lines 
indicate the 90% confidence interval using a two‐tailed Student’s t‐test. Modified from Yu et al. [2015b].
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to represent the physical processes responsible for deter
mining the characteristics of ENSO. The second source 
comes from the different model projections of how the 
mean state may change under warming scenarios, which 
can modulate the strengths of the atmosphere‐ocean 
feedbacks that characterize ENSO activity [e.g., Collins, 
2000a, b]. The third source of uncertainty is related to the 
fact that intrinsic ENSO modulation can occur on inter
decadal or intercentennial timescales even without 
external forcing [e.g., Wittenberg, 2009], which makes it 
difficult to determine if  the ENSO changes produced in 
model projections are really global‐warming related.

Early studies analyzing ENSO behavior in response to 
increasing greenhouse gas (GHG) were mostly based on a 
single CGCM [Meehl et al., 1993; Tett, 1995; Knutson et al., 
1997; Timmermann et  al., 1999; Collins, 2000a, b; Zelle 
et al., 2005]. For example, Meehl et al. [1993] used a CGCM 
with a coarse horizontal resolution to indicate little change 
in ENSO amplitude or period as the global atmosphere 
warms. A similar conclusion was obtained by Tett [1995] 
using a different climate model. Knutson et al. [1997] sug
gested that the responses of ENSO to global warming in 
models can depend on the model resolution. In coarse‐res
olution models, the impact of increased GHG on ENSO is 
unlikely to be clearly distinguishable from the climate sys
tem “noise” in the near future. Timmermann et al. [1999] 
used a model with a horizontal resolution high enough to 
adequately reproduce the n arrow upwelling and low‐fre
quency waves on the equator to suggest that ENSO events 
will become more frequent, stronger, and skew toward the 
La Niña phase as warming progresses. By comparing the 
ENSO behaviors under an identical 4 x CO2 scenario using 
two versions of the Hadley Centre coupled model, Collins 
[2000a] found s ignificant changes in ENSO amplitude, fre
quency, and phase locking to the seasonal cycle in one ver
sion but not in the other version. Such discriminations are 
attributed to the differences in the mean pattern of climate 
change brought about by subtle changes in the physical 
parameterization between the two versions of the model. 
Collins [2000a], therefore, suggested that the uncertainties 
in the projection of future ENSO behavior also come from 
the model projections of the future mean climate states. 
The tropical Pacific mean state was projected to become 
more El Niño‐like (i.e., with greater warming in the east 
than in the west) [e.g., Meehl and Washington, 1996; 
Timmermann et al., 1999], more La Niña‐like [e.g., Noda 
et al., 1999], or uniformly warm [e.g., Meehl et al., 2000] by 
various models, each of which may give rise to different 
changes in ENSO. In addition to the mean background 
SST state and its zonal gradient, the vertical contrast 
between the mean surface and subsurface temperatures 
(i.e., the upper ocean stratification) in the tropical Pacific 
is another mean state variable of crucial importance in 
determining future ENSO changes [An et al., 2008].

To reduce the uncertainty related to the diverse model 
dynamics and physics, multimodel ensembles have been 
increasingly used for ENSO projections in recent years. 
This is particularly so after the CMIP3 and CMIP5 
m ultimodel outputs were made available to the research 
community and were analyzed for the Intergovernmental 
Panel on Climate Change (IPCC) Assessment Reports. 
Among the studies that analyzed the CMIP3 models, 
van Oldenborgh et al. [2005] suggested that there are no 
statistically significant changes in the amplitude of 
ENSO variability in the projections. Guilyardi [2006] 
found that models capable of  realistically simulating 
SST‐wind feedback tend to project a significant increase 
in ENSO amplitude under elevated CO2. In contrast to 
the change in ENSO amplitude, there were no clear 
indications of  an El Niño frequency change. Merryfield 
[2006] suggested that changes in ENSO amplitude 
under CO2 doubling are associated with the meridional 
width of  the zonal wind stress response to ENSO in 
models. The models were found to have a 5% decrease 
in ENSO periods, which he argued resulted from an 
increase in equatorial wave speed through an associated 
speedup of  the delayed‐oscillator feedback. Yeh and 
Kirtman [2007] suggested that whether the model ENSO 
is in the linear or nonlinear regime determines the 
changes in ENSO statistics among various climate 
change projections.

Although the CMIP5 models represent an improve
ment over the CMIP3 models in many aspects (i.e., reso
lution, physics, etc.), the response of ENSO to global 
warming as seen in the CMIP5 output has not resolved 
this issue. The response of ENSO amplitude to global 
warming in CMIP5 shows great diversity from model to 
model, which is similar to that found in the CMIP3 
m odels [L. Chen et  al., 2015]. Many studies found no 
c onsistent changes across the CMIP5 projections in the 
location, magnitude, frequency, or temporal evolution of 
ENSO events [Stevenson, 2012; Taschetto et al., 2014]. An 
and Choi [2015] suggested that the feedback between 
ENSO and tropical climate change induced by global 
warming is very weak, which may be the reason why the 
global warming trend cannot significantly modify ENSO 
amplitude. Other CMIP5 studies have shown that green
house warming can alter both the amplitude of ENSO 
[Kim et  al., 2014] and the frequency of extreme ENSO 
events [Cai et al., 2014, 2015]. Kim et al. [2014] analyzed 
the nine CMIP5 CGCMs that best reproduce the observed 
Bjerknes coupled stability index to project that, under 
global warming, ENSO amplitude is likely to increase 
after 2010, remain essentially unchanged until approxi
mately 2040, and then decrease again afterward. Cai et al. 
[2014] suggested that global warming will increase the 
occurrence of extreme El Niño events, due to a faster 
warming in the eastern equatorial Pacific that enables 
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deep convection to occur more easily in the region and 
provide a coupled feedback to grow the ENSO ampli
tude. Cai et al. [2015] found an increased occurrence of 
extreme La Niña events under global warming due to an 
increased warming of the maritime continent compared 
to the equatorial central Pacific that enables convection 
to move to the maritime continent more easily to trigger 
the Bjerknes feedback favoring the extreme events.

After the recent recognition of different types of 
ENSO, how the ENSO type responds to future warming 
has also been explored in literature. Modeling studies 
have suggested that anthropogenic greenhouse gas forc
ing can be one of the causes for the increased occurrence 
of the CP El Niño [Yeh et al., 2009; Collins et al., 2010; 
Na et al., 2011; Kim and Yu, 2012]. Yeh et al. [2009] used 
the CMIP3 models to suggest that the occurrence fre
quency of the CP ENSO will increase in the future, while 
Kim and Yu, [2012] used CMIP5 models to suggest the 
amplitude of CP ENSO will increase too. Na et al. [2011] 
projected that the occurrence frequency of the CP El 
Niño during 2007–2056 will be 2.5 times that in the 1980–
2006 period.

In addition to the response of ENSO properties to 
global warming, changes in ENSO teleconnection under 
global warming scenarios have attracted substantial 
attention [i.e., Meehl and Teng, 2007; Kug et  al., 2010; 
Zou et  al., 2014]. Based on a six‐member multimodel 
ensemble, Meehl and Teng [2007] identify some possible 
changes in the future El Niño teleconnections. Among 
them, the anomalous low in the North Pacific is sug
gested to weaken and shift eastward and northward in 
future events. This location shift may lead to a decreased 
anomalous warming over northern North America, 
increased cooling over southern North America, and 
enhanced precipitation in the Pacific Northwest compared 
to present‐day El Niño event teleconnections. Kug et al. 
[2010] also found that the atmospheric teleconnection 
patterns over the Northern Hemisphere may shift eastward 
due to an eastward migration of the convection centers 
in  the tropical Pacific associated with the future ENSO 
events. Zou et  al. [2014] also found the ENSO‐forced 
Pacific–North American teleconnection pattern to 
become stronger and more eastward displaced in the 
warming projections. These are just a few examples of 
possible ways that the changing ENSO may impact a 
future warmer world.

1.6. SUMMARY

The changing properties of  the ENSO observed dur
ing the past two decades and the recent identification of 
two distinct types of  ENSO have prompted the climate 
research community to revisit traditional views of  ENSO 
dynamics and impacts and how they may change as 

global climate changes. A better understanding of  ENSO 
diversity is important for the further development of 
models used for the prediction of  ENSO and its asso
ciated climate extremes. One source of  uncertainty in 
c limate predictions and projections is associated with 
whether or not modern climate models can realistically 
simulate both types of  ENSO and the alternation 
between them, and capture their different impacts. If  
ENSO dynamics are conclusively shown to be changing, 
the ENSO prediction models and strategies have to be 
revised to include this changing dynamic. For instance, 
successful prediction and modeling of  the ENSO in the 
recent and coming decades may depend more on a better 
understanding and improved skill in the modeling of  the 
subtropical Pacific precursors and their underlying gen
eration mechanisms. Prediction systems based on this 
framework would be different from the prediction and 
modeling s ystems the climate research community has 
relied on since the 1980s and 1990s for the conventional 
ENSO that emphasize subsurface ocean dynamics in the 
equatorial Pacific. Larson and Kirtman [2014] have 
reported some skill in using the PMM to forecast ENSO 
events with the North American multimodel ensemble 
(NMME) experiments. Yang and Jiang [2014] showed 
that the National Centers for Environmental Prediction 
(NCEP) Climate Forecast System had substantial skill in 
predicting both types of  ENSO and the relationship 
between the EP ENSO and the Asian monsoon. However, 
the skill in predicting the relationship between CP ENSO 
and the monsoon is low. Nevertheless, in order to utilize 
the subtropical precursors, particularly the PMM, to 
forecast ENSO events, coupled atmosphere‐ocean mod
els have to be able to realistically simulate the precursor 
events. Lin et al. [2014] examined 23 CMIP5 models to 
conclude that the PMM structure can be reasonably 
s imulated in most of  the coupled models. However, the 
so‐called seasonal footprinting mechanism that sustains 
an equatorward extension of  the PMM is not well simu
lated in a majority of  the CMIP5 models. Therefore, it is 
necessary to improve the subtropical Pacific coupling in 
these models in order for them to apply them success
fully in forecasts of  ENSO occurrence. Currently, pale
oclimate proxy records have mostly been interpreted 
from the point of  view that there is a single type of 
ENSO (EP) and one set of  conventional global impacts 
(such as precipitation) to derive the history of  ENSO. 
The view that the two types of  ENSO can produce 
d istinct global teleconnection offers an additional way to 
interpret the paleoclimate proxies. A deeper understanding 
of  how the changing El Niño affects global precipitation 
may also offer different ways to interpret paleoclimate 
proxies, which may lead to a new understanding of  the 
history of  Earth’s climate and new implications for 
future climate changes.
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1.1.  INTRODUCTION

Geological storage of carbon dioxide (CO2) has been 
mooted as a greenhouse gas mitigation strategy for over 
20 years. The practical mechanics of such a strategy have 
been tested out at small scale at sites such as the Otway 
Basin in Australia [Sharma et al., 2009] and Frio in Texas 
[Doughty et  al., 2008] and during industrial‐scale pro‑
jects, for example, at Sleipner [Arts et  al., 2008] and In 
Salah [Ringrose et al., 2013]. Many years of effort have 
been put into defining the critical parameters for poten‑
tial CO2 storage sites [e.g., IPCC, 2005], and these include 
depth, storage capacity of the site, injectivity of the reser‑
voir, and the containment integrity of the structure into 
which the CO2 is injected. Containment integrity is usu‑
ally thought of in similar terms as traps and seals in 

petroleum systems, and similar technologies can be used 
to evaluate the properties of the fault and/or top seals 
that provide the trapping mechanisms for keeping injected 
CO2 in the deep subsurface. Fault seals usually result 
from the incorporation of material into the fault zone 
during fault movement, and this can comprise smearing 
out of ductile clay‐rich units, abrasion of harder shales, 
cataclasis of rigid grains, and syn‐/post‐kinematic cemen‑
tation of the fault rock products [e.g., Lindsay et  al., 
1993; Yielding et  al., 1997; Fisher and Knipe, 1998; 
Dewhurst et al., 2005]. Top seals are usually characterized 
in terms of their thickness (especially in relation to fault 
throw), areal extent, seal capacity (pore‐scale capillary 
properties), and seal integrity (mechanical properties). 
There are multiple techniques for assessing the potential 
sealing capacity of faults [e.g., Watts, 1987; Lindsay et al., 
1993; Yielding et al., 1997], and these will not be discussed 
further here. This paper will concentrate on methods that 
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4 GEOLOGICAL CARBON STORAGE

can be used to characterize caprocks in the laboratory 
and the relationship between these measurement tech‑
niques and the properties noted above. In this contribu‑
tion, we will concentrate on shale‐rich caprocks but 
acknowledge that other rocks such as anhydrites [e.g., 
Hangx et al., 2010] are being evaluated as caprocks for 
CO2 storage sites. However, it should be emphasized that 
any seal evaluation for a storage site or petroleum 
prospect should be fully integrated across both fault and 
top seals and for a wide range of scales.

Shale caprock properties are dependent on a number of 
factors, including depositional environment and resultant 
lithology, electrochemical conditions at deposition, min‑
eralogy, the presence of organic matter, compaction, and 
diagenetic alteration. All of these processes have a 
significant impact on porosity and permeability, as well 
as the mechanical, capillary, and petrophysical properties 
of shales [e.g., Bennett et  al., 1991a,b; Vernik and Liu, 
1997; Dewhurst et al., 1998, 1999a, 1999b; Clennell et al., 
2006]. A number of these properties are also controlled 
by human intervention during and after the coring pro‑
cess, such as stress relief  microfracture development and 
drying out and desiccation of recovered core, and care 
must be taken for certain properties that adequate sample 
preservation is undertaken [e.g., Schmitt et  al., 1994; 
Dewhurst et al., 2012; Ewy, 2015]. This study will there‑
fore review possible preservation methods and discuss 
multiple mechanical and petrophysical characterization 
techniques that can be used to either directly measure or 
estimate relevant properties required for shale caprocks.

1.2.  SHALE PRESERVATION

The most critical stage for deriving high‐quality labora‑
tory results from shales is their immediate preservation 
on recovery. Loss of pore water from the in situ state can 
result in changing mechanical, physical, and petrophysi‑
cal properties [Schmitt et  al., 1994] no matter whether 
the shale is soft, weak, and ductile or hard, strong, and 
brittle. Some pore fluid will always be lost from shales on 
recovery due to outgassing as cores are depressurized 
from the in situ conditions to the Earth’s surface [Schmitt 
et al., 1994]. However, most techniques that look to mea‑
sure mechanical and rock physics properties, for example, 
would look to test the shale using a chemically compat‑
ible pore fluid under pressure, and this would generally 
drive any air into solution at fluid pressures >0.5 MPa. 
Running such tests under undrained conditions at low 
strain rates (< 10−7  s−1) allows monitoring of the pore 
pressure response either through Skempton B tests 
[Skempton, 1954] or during axial loading. Pore pressure 
increase under such conditions is indicative of full satura‑
tion. Hence, the slight loss of pore fluid during recovery 
can be alleviated for such tests. Equilibrating in relative 

humidity (RH) environments equivalent to shale native 
water activity can also mitigate this effect [e.g., Steiger 
and Leung, 1991; Ewy, 2014]. Other tests such as compo‑
sition via X‐ray diffraction (XRD), cation exchange 
capacity (CEC), or specific surface area (SSA) measure‑
ments generally would not be significantly affected by 
core preservation, although one should be careful to 
verify whether the presence of salts (e.g., halite, sylvite) or 
gypsum is real or artifacts of core storage [e.g., Milliken 
and Land, 1994].

Ideally, fully saturated core samples should be pre‑
served under a nonpolar mineral spirit (e.g., Ondina 15 or 
Ondina 68) such that the fluid does not interact with the 
clays present and prevents native pore fluids escaping 
from the sample. Oil cannot intrude fully water saturated 
nanopores in shale at ambient pressures due to immisci‑
bility and wettability issues. Other potential fluids that 
can be used for shale preservation include decane [e.g., 
Ewy et  al., 2008; Ewy, 2014]. Core plugs subsampled 
from recovered core should also be sealed in glass vials 
immersed in an appropriate preservative solution. Should 
such materials not be available, a short‐term solution 
would be to coat cores or plugs in cling film, tin foil, and 
wax as a short‐period (weeks to months) stopgap and 
kept cool in a fridge (but not frozen). However, it would 
be preferable to immerse in the fluids suggested above as 
soon as possible as wax is slightly permeable to air and 
samples will eventually begin to desiccate.

In order to avoid sample desiccation and concomitant 
alteration of rock properties (see examples below), a 
workflow has been developed to maximize high‐quality 
results from preserved shale cores (Fig. 1.1). Initially, a 
whole core is X‐ray CT scanned in order to look for 
fractures, limestone stringers, nodules, and the like. This 
allows the development of a coring plan (Fig. 1.2) directly 
linked to the workflow which avoids such features and 
means that when core plugs are taken, exposure to air is 
minimized. While conventional rotary coring is some‑
times used for harder and more isotropic shales, in gen‑
eral a Murg diamond wire bandsaw is used to take core 
plugs, and these plugs are finished off  on a cylindrical 
grinder. This allows significantly increased core plug 
recovery and better quality of plugs taken in these noto‑
riously difficult‐to‐prepare rocks. Shales are at their 
weakest in tension parallel to bedding [e.g., Fjær et  al., 
2008], and rotary core plugs often lead to biscuiting due 
to closely spaced fracture development parallel to the 
fabric anisotropy. The lack of stress induced by torque in 
the case of the diamond wire bandsaw means that plugs 
can be taken in more difficult rocks without imposing 
stresses on the intrinsic planes of weakness in the shale 
and better plug condition and recovery is the result.

This paper will discuss the methods and application of 
a number of the tests shown in the workflow with a view 
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to characterizing shale top seals for CO2 storage and will 
also discuss the impact of poor preservation on results. 
Where possible, examples from CO2 storage sites will be 
used; otherwise examples from top seals in petroleum 
 systems will be shown.

1.3.  MINERALOGY AND MICROSTRUCTURE

For a carbon capture and storage (CCS) project to be 
successful, it needs to guarantee the long‐term trapping 
of the sequestered CO2 underground. In this context, an 
important aspect to be considered is fluid‐rock interac‑
tion which results from the contrast in physical properties 
between the injected CO2 and the in situ pore fluids 
 permeating the storage/sealing rocks and the potential 
reactivity between CO2 as a free phase and as dissolved 
carbonic acid in the aqueous phase and the rock it comes 
in contact with. Through these physical and chemical 
interactions, the transport, elastic, and mechanical prop‑
erties as well as the sealing effectiveness of shale caprocks 
could be changed, affecting the success of CO2 geose‑
questration. A key factor to the understanding and 

 prediction of shale behavior is the proper characteriza‑
tion of the various elements that collectively constitute 
their microstructure. Here we regard the microstructure 
of shales in the context of CO2 geosequestration as sub‑
divided into two components: (i) the minerals and (ii) the 
pore space; specific techniques to characterize these two 
components are discussed below.

A detailed characterization of the mineral component 
of shales is desirable as a number of common minerals 
have been identified as being reactive in the presence of 
sCO2 and water at temperature and pressure conditions 
relevant for subsurface carbon dioxide storage. Numerous 
studies indicate that CO2 trapping via mineral carbon‑
ation can occur by dissolution of albite (NaAlSi3O8) and 
the precipitation of dawsonite [NaAlCO3(OH)2; e.g., 
Romanov et al., 2015] as well as the dissolution of Mg, 
Fe‐silicates and sulfides, with precipitation of Mg, 
Fe‑carbonates such as siderite and magnesite [e.g., 
Kaszuba et  al., 2005]. Moreover, recent studies showed 
that electrical and capillary interactions can occur bet‑
ween clay minerals and CO2 in the liquid and supercrit‑
ical state. CO2 diffusion into the clay layered structure 
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microscopy
and FIB-SEM

Resination, polishing

Offcuts and
end pieces

divided

10a. CEC, XRD, XRF

10b. Ethylene glycol
surface area

9. Gas adsorption isotherms

6. X-ray micro-
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analysis of paste
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5a. Ultra-
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Figure 1.1 Schematic workflow for shale characterization. CT scanning of whole core and core plugs is followed 
by nondestructive petrophysical testing (NMR, electrical/dielectric properties) with plugs ending up in the rock 
mechanics laboratory for static and dynamic mechanical testing. Offcuts are sent for mineralogical, geochemical, 
and physicochemical properties testing, along with characterization of the shale microstructure and pore systems. 
Modified from Clennell et al. [2006]. Reprinted with permission of SPWLA.

0004182022.INDD   5 10/16/2018   7:14:56 AM



6 GEOLOGICAL CARBON STORAGE

results in changes in the molecular clay‐water chemistry 
leading to polarity changes in the internal electrical 
forces, eventually resulting in intraparticle/interparticle 
repulsion [e.g., Espinoza and Santamarina, 2012; 
Berrezueta et al., 2013]. Electrical and capillary effects are 
modulated by the surface area of the particular clay min‑
erals which in turn is known to be related to the type of 
clay [e.g., Josh, 2014]. Therefore, identification of the clay 
minerals in a shale caprock may help predict the potential 
fluid‐rock interactions which could adversely affect the 
mechanical strength and seal capacity of the formation. 

The importance of clay types has been shown, for 
example, by Busch et  al. [2008] who indicated that the 
CO2 sorption capacity of Muderong Shale (a regional 
seal in offshore Western Australia) could be attributed 
entirely to its clay mineral constituents.

Identification of clay minerals is traditionally achieved 
on powdered samples by XRD [Brindley, 1952; Moore 
and Reynolds, 1997], a well‐established technique that 
only requires a few grams of material for quantification. 
This, however, is a destructive procedure, meaning that all 
spatial information on the arrangement of the identified 
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Figure 1.2 Example coring plan for subsampling whole cores normal to bedding (top) and parallel to bedding 
(bottom). Planning from medical CT scan images reduces exposure time to air, preventing further loss of shale 
pore fluids.
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minerals is lost. Also, the technique is only sensitive to 
crystalline material such that any organic or amorphous 
matter will not be identified nor quantified; this could 
prove detrimental as organic matter is often found in 
shales and it is known to play a role in CO2 sorption 
[Krooss et al., 2002; Busch et al., 2008]. Accurate determi‑
nations of grain size fractions (< 2 μm and <0.2 μm) are 
critical for determination of important clay parameters 
and composition. The clay fraction is defined as the wt% 
of material <2 μm in grain size and has been shown to be 
related to shale compaction and permeability [e.g., Aplin 
et al., 1995; Yang and Aplin, 1998]. Accurate determina‑
tion of wt% of clay minerals is also important as this 
defines the clay content parameter, which is directly 
linked to shale geomechanical and petrophysical prop‑
erties [e.g., Clennell et al., 2006; Josh et al., 2012; Dewhurst 
et al., 2015]. Finally, accurate determination of the com‑
position and ordering of mixed layer clays, especially 
illite‐smectites, requires analyses to be performed on the 
<0.2 μm fraction to allow clear distinction of peaks, espe‑
cially in the low reflection angle region [Moore and 
Reynolds, 1997].

Complementary methods that can preserve the spatial 
information regarding the arrangement of different min‑
eral phases at the microscale and allow for their 
identification and quantification are normally based on 
petrographic analysis of polished rock samples. As a 
result of the fine‐grained nature of shales, the use of 
scanning electron microscopy (SEM) is necessary to 
resolve many of the single components of the rock 
matrix. SEM allows the visualization of microstructural 
features down to a resolution of few tens of nanometers 
and, at its best, can be used to visualize areas on the order 
of cm2. Additionally, the interaction between the incident 
electron beam and the analyzed material gives rise to the 
emission of X‐rays which with the use of appropriate 
detectors can be analyzed in terms of energy or wave‑
length to infer chemical information of the emitting sub‑
stance. Examples of the use of SEM‐based automated 
mineral analysis for the quantification of shale miner‑
alogy include Golab et al. [2012] and Timms et al. [2015]. 
In geological materials, electron bombardment also stim‑
ulates the emission of light at relatively low energy by 
cathodoluminescence (CL); spectral analysis of the CL 
emission in the UV to IR region offers the ability to mea‑
sure trace ionic species with relatively short acquisition 
times enabling large areas to be mapped with detection 
limits orders of magnitude below elemental detections 
levels acquired using X‐rays. This technique can be use‑
ful, for example, in mapping the distribution of authi‑
genic quartz cement in shale formations to understand 
their diagenetic history and help evaluate their mechanical 
and elastic properties [Peltonen et al., 2009; Thyberg et al., 
2010; MacRae et al., 2014; Delle Piane et al., 2015].

All of the above techniques are applicable to study 
small samples in great detail and provide high‐quality ref‑
erence points along a depth profile. There may be cases 
though where continuous depth profiling on recovered 
cores is desirable, and this can be achieved, for example, 
via hyperspectral logging [e.g., Haest et  al., 2012]. The 
technique has been recently used to assess the variation in 
clay mineral content in cores extracted from the Harvey 1 
well in the clay‐rich, Late Triassic unit known as the 
Yalgorup Member of the Lesueur Sandstone [Olierook 
et al., 2014], in order to evaluate potential containment 
stratigraphic horizons for CO2 injection in the Perth 
Basin, Western Australia, as part of the South West Hub 
Australian Flagship Carbon Capture and Storage Project 
[Stalker et al., 2013].

The second component of shale microstructure to be 
characterized in the context of CO2 geosequestration is 
pore space. Research on this topic has increased dramati‑
cally in recent years, particularly since shale gas systems 
have become commercial hydrocarbon production tar‑
gets [e.g., Loucks et al., 2009; Chalmers et al., 2012]. SEM 
imaging is certainly the most direct approach to investi‑
gate porosity, but it is generally limited by (i) the poor 
quality of the mechanically prepared surfaces and (ii) the 
relatively low resolution achievable in a traditional fila‑
ment instrument with respect to shale pore sizes. The 
introduction of field emission gun (FEG) SEMs has 
allowed the attainment of much higher resolution with 
images being acquired with pixel sizes down to a few 
nanometers. Also, traditional sample preparation for 
SEM imaging include several steps of mechanical grind‑
ing and polishing of the surface under investigation via 
the use of fine grits and diamond suspensions. While 
effective for most geological materials, these methods 
tend to produce topographic irregularities due to the 
differential hardness of the fine‐grained components of 
shales. Loucks et al. [2009] showed that these irregular‑
ities greatly exceed the size of nanopores typical of shales. 
To eliminate these conventional preparation limitations, 
argon‐ion milling has been introduced as a technique to 
produce a much flatter surface where the minor topo‑
graphic variations are unrelated to differences in hardness 
of the sample forming minerals but, rather, to slight vari‑
ations in the path of the Ar‐ion beam. Both focused ion 
beam (FIB) and broad ion beam (BIB) [e.g., Holzer et al., 
2004; Desbois et al., 2009, respectively] preparations have 
been used to establish a pore classification scheme based 
on the morphology of pores from representative sample 
areas. Desbois et  al. [2009] defined three main types of 
pore morphology occurring at the interfaces between 
mineral particles: (i) type I (elongated pores between sim‑
ilarly oriented clay sheets), (ii) type II (crescent‐shaped 
pores in saddle reefs of folded sheet of clay, and (iii) type 
III (large jagged pores surrounding clast grains). Type III 
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pores are typically larger than 1 μm, type II pores are bet‑
ween 1 μm and 100 nm, and type I pores are <100 nm. It 
should be noted that both FIB‐SEM and BIB‐SEM have 
relatively small areas/volumes of investigation, with the 
former on the scale of a few square microns and the latter 
around 1 mm2.

Loucks et al. [2009], on the other hand, focused on the 
porosity observed within the organic matter defined as 
intraparticle organic nanopores and later introduced a 
simple classification scheme for the spectrum of pore 
types normally found in mudrocks, dividing them into 
mineral matrix pores (intraparticles and interparticles) 
and organic matter pores [Loucks et  al., 2012]. The 
classification follows the schemes normally adopted to 
describe pore space in sandstones and carbonates with 
the additional variable of pores contained within the 
organic matter. The classification is based on a ternary 
diagram populated via point counting of pores from 
SEM images. The authors concluded that interparticle 
and organic matter pores have generally better connec‑
tivity than intraparticle pores. The latter pores will pro‑
vide storage and contribute to some permeability but will 
not have the same level of connectivity as the other pore 
types [Loucks et al., 2012].

The 2D assessment of pore morphology has been com‑
plemented by the recent development of field emission 
microscopes coupled with ion milling (FIB) tools. This 
advance has allowed the production of in situ high‐
quality polished cross sections suitable for high‐resolu‑
tion SEM imaging of pores down to the nanoscale and 
the backstripping of the sample surface, in at best 5 nm 
steps, to visualize three‐dimensional (3D) volumes of the 
specimen. Previous studies based on mercury injection 
highlighted that pore sizes of preserved shales are often 
well below the micron scale [e.g., Dewhurst et al., 1998, 
1999a, 1999b, 2002; Yang and Aplin, 1998]. FIB nanoto‑
mography is therefore ideal to describe porous networks 
in detail as it enables the 3D reconstruction of micro‑
structural features on the 5–100 nm scale and can serve as 
a basis for quantitative microstructural analysis. Keller 
et al. [2011] used this approach on samples of Opalinus 
Clay considered as a candidate host rock formation for 
the disposal of radioactive waste. Their image acquisition 
and analysis workflow was adapted to the study of pores 
as small as about 10 nm, revealing preferential alignment 
of the pore paths along the bedding planes of the rock. 
Heath et  al. [2011] investigated the properties of pore 
types and networks from a variety of geologic environ‑
ments using core samples from continental and marine 
mudstones. They recognized seven dominant pore types 
distinguished by geometry and connectivity based on 
the  quantitative and qualitative 3D observations. In 
particular, a dominant planar pore type was recognized 
in all investigated mudstones generally characterized by a 

number of neighboring connected pores. The authors 
argued that connected networks of pores of this type 
likely control most matrix transport in these mudstones. 
Each sample was defined using cubes of 3D pore network 
reconstructions of 101.5 μm3 obtained through the inter‑
polation of 2D slices collected at a spacing of 25 nm. 
Thyberg et al. [2010] also noted planar geometrical bodies 
of diagenetic quartz cement in mudstones which may 
have precipitated in such pores and would serve to further 
impede fluid transport in materials already at nano‐
Darcy level permeability.

FIB nanotomography is a very powerful technique that 
allows imaging of porosity in situ; that is, the spatial 
 relationships between pores and surrounding mineral 
matrix are preserved and constitute part of the visualiza‑
tion results. However, the technique has strong limita‑
tions in terms of sample volume and requires some image 
manipulation procedures in order to obtain quantitative 
information on the pore space. A novel approach is to 
complement the information provided by local high‐
resolution imaging with bulk measurements of pore size 
distribution (size ranging from nanometers to microme‑
ters) obtained from small and ultra small angle neutron 
scattering (SANS/USANS) on cm‐scale shale specimens 
[Gu et al., 2015; King et al., 2015] or small angle X‐ray 
scattering (SAXS) [e.g., Mildner et al., 1986; North et al., 
1990] to gain a more complete representation of the pore 
architecture and connectivity in shales (see below).

In terms of material preservation, mineralogical com‑
position, CEC, and SSA are not significantly affected by 
desiccation, and indeed, generally the samples are dried 
out and powdered before such tests are made. However, 
microstructural imaging and pore size distribution mea‑
surements can be affected by lack of preservation. In soft 
and stiff  clays, particle orientation can change on desicca‑
tion as can clay mineral shape, with resultant impacts on 
pore size distribution [Diamond, 1970; Delage et al., 1982; 
Griffiths and Joshi, 1989, 1990]. Capillary threshold pressure 
and resultant seal capacity calculations for shales using 
mercury porosimetry can also be affected by drying 
method. Dewhurst et al. [2002] found that freeze‐drying 
produced the most consistent seal capacity calculations, 
whereas air‐drying and vacuum‐drying results were more 
scattered.

1.4.  GEOMECHANICAL PROPERTIES

Seal integrity for both hydrocarbons and CCS is usu‑
ally assessed from geomechanical properties of the rocks 
in question. Laboratory properties of shales can be used 
to inform geomechanical models used to investigate the 
impact of injection on a prospective CCS site [e.g., Rinaldi 
et al., 2015; Zhang et al., 2015a] or as inputs for geome‑
chanical techniques such as slip tendency [Morris et al., 
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1996], critically stressed fractures [Barton et al., 1995], or 
fracture stability [Mildren et  al., 2005]. These latter 
approaches have been used to assess potential CCS sites 
[e.g., Vidal‐Gilbert et  al., 2010; Rasouli et  al., 2013; 
Tenthorey et  al., 2013, 2014; Zhang et  al., 2015b] in 
combination with magnitude and orientation of the situ 
stress field and pore pressure measurements. However, 
these field‐scale approaches are beyond the scope of this 
paper which is reviewing laboratory measurements, and 
as such, we will concentrate on the latter in this section.

Standard triaxial testing and multistage triaxial testing 
are the best methods to obtain shale geomechanical prop‑
erties [e.g., Marsden et  al., 1992; Horsrud et  al., 1998; 
Dewhurst and Hennig, 2003; Nygard et al., 2004; Dewhurst 
et al., 2015; Skurtveit et al., 2015]. While unconfined com‑
pressive strength (UCS) testing and Brazilian testing are 
also standard tests, they are not recommended for shales 
as samples can dry out during testing and thus properties 
can be altered (see below). UCS can be calculated from 
standard triaxial tests anyway [e.g., Fjær et  al., 2008]. 
Standard triaxial testing involves placing samples in a cell 
surrounded by hydraulic oil at different confining pres‑
sures and loading axially until failure occurs and residual 
strength is reached. Best practice multistage triaxial test‑
ing involves axially loading samples to 80–90% of their 
failure strength at a given confining pressure, unloading to 
zero axial load, increasing confining pressure, allowing 
consolidation, and repeating axial loading [e.g., Fjær et al., 
2008; Dewhurst et  al., 2015]. To judge where individual 
axial loading stages should be terminated, assessment of 
proximity to failure can be determined through deviations 

from linearity in the load‐displacement curve (or stress‐
strain curve) or by monitoring volumetric strain and the 
onset of dilatancy [e.g., Fjær et al., 2008; Youn and Tonon, 
2010; Dewhurst et al., 2015]. This train of events is then 
repeated multiple times, and the final stage is taken 
through to failure and residual strength. See Dewhurst 
et al. [2015] for a full description of the multistage meth‑
odology and associated limitations, plus Dewhurst and 
Siggins [2006] for definitions of geomechanical termi‑
nology used in this paper.

Geomechanical properties were required to evaluate 
the fault and top seal for the CO2CRC Otway Project 
[Vidal‐Gilbert et al., 2010], a pilot‐scale CO2 storage site 
in Victoria, Australia. Standard triaxial testing was per‑
formed at varying confining pressures on seven 50 mm 
long × 25 mm diameter core plugs of preserved Belfast 
Mudstone plugged parallel to bedding. This orientation 
was necessary due to closely spaced stress relief  fractures 
parallel to bedding which did not allow the recovery of 
long enough plugs normal to bedding. Two plugs failed 
early, splitting axially along the bedding, and were 
excluded from the analysis of rock strength, so results 
from five plugs are shown here (Fig.  1.3). The Belfast 
Mudstone is shown to be a weak rock with a cohesive 
strength of ~2 MPa and a friction coefficient <0.5 (Fig. 1.4). 
It should be remembered that these properties are mea‑
sured parallel to bedding and that shales are significantly 
anisotropic in regard to strength and elastic properties 
[e.g., Niandou et al., 1997; Ajalloeian and Lashkaripour, 
2000]. In general, shales are stronger and stiffer normal 
and parallel to bedding and weaker at 30–60° to bedding, 

0

10

20

30

40

50

0 0.5 1 1.5

4.9 MPa

10.7 MPa

27.0 MPa

5.8 MPa

10.7 MPa

D
iff

er
en

tia
l s

tr
es

s 
(M

P
a)

Axial strain (%)

Figure 1.3 Stress‐strain curves for Belfast Mudstone under increasing confining pressures with deformation 
parallel to bedding. The samples seem to become more brittle with increasing confining pressure, with the largest 
stress drop observed at the highest confining pressure used.
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usually weakest at ~45° [e.g., Valès et al., 2004; Skurtveit 
et al., 2015]. However, it is not clear whether shales are 
stronger normal to bedding or parallel to bedding or if  
the strengths in these orientations are similar as various 
past research shows contrasting results [e.g., Niandou 
et  al., 1997; Ajalloeian and Lashkaripour, 2000; Valès 
et  al., 2004; Skurtveit et  al., 2015]. The anisotropy of 
shale properties will be returned to in the discussion sec‑
tion below. These results were used in field‐scale geome‑
chanical assessments of the Otway site and the nearby 
Iona gas storage site by Tenthorey et al. [2013] and Vidal‐
Gilbert et al. [2010].

As noted above, preservation of  shales for geomechan‑
ical testing is critical in terms of  measurement of  rock 
properties that would be applicable to in situ scenarios. 
Loss of  in situ pore fluids from shales can completely 
change the rock properties being measured, and this is 
particularly the case in terms of  parameters derived from 
triaxial testing such as strength and static/dynamic 
elastic properties such as Young’s modulus or Poisson’s 
ratio [e.g., Valès et  al., 2004; Dewhurst et  al., 2012; 
Pervukhina et  al., 2015]. An example of  the change of 
properties on loss of  water is shown in Figure 1.5. Here 
a preserved set of  samples of  Pierre Shale have been 
deformed at room temperature under different confining 
pressures to determine a failure envelope, which shows 
a cohesive strength of  ~3 MPa and a friction coefficient 
of  0.39. A second set of  Pierre Shale samples were equil‑
ibrated in a desiccator in a lower RH environment, 
resulting in a water saturation of  59%. Hence, these 
 samples are no longer fully preserved and have lost some 
of  their in situ water content. It should be noted that 
the 59% water saturation quoted is the value measured 
before shearing and that saturation will change during 
deformation due to porosity loss. These samples were 
deformed under the same effective stress and temperature 

conditions as the preserved samples. However, these 
partially saturated samples are significantly stronger 
than the preserved samples, with a cohesive strength of 
>12 MPa. The friction coefficient remains similar though 
for both sets of  samples. Other examples of  the effects 
of changing water saturation in shales can be found in 
Pervukhina et al. [2015]. Again, this shows the significant 
impact the lack of  preservation can have on the results 
of  rock properties tests on shales and why it is critical to 
preserve samples as soon as a shale core is recovered to 
the surface.

1.5.  POROSITY AND PERMEABILITY

Transport properties and sealing capacity are two 
fundamental aspects for shale barriers when evaluating a 
site for CO2 geosequestration. These parameters will con‑
trol the volume and displacement velocity of fluid(s) able 
to move through the sealing layer. Other factors also 
affect flow properties, namely, (i) pore network tortu‑
osity, (ii) pore network geometry (e.g., equant/tubular 
pores, planar microcracks) and grain surface, (iii) pore 
network connectivity, and (iv) wettability. Most of the 
characteristics of the pore network are affected by stress 
(nature and magnitude) to variable extents; for instance, 
microcracks are more prone to deformation and closure 
under compressive stress than equant pores [e.g., Paterson, 
1977]. In addition, these characteristics of the pore net‑
work are not independent from each other, and in fact, a 
complex interaction between them is usually observed; as 
such, microcrack closure under increasing compressive 
stress affects pore network connectivity and hence fluid 
transport properties.
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In clay‐rich shales, porosity and permeability prop‑
erties are linked by scale from nanometers to kilometers 
as illustrated by Neuzil [1994] and Sondergeld et al. [2010]. 
Over this wide range of scale, the notions of free fluid and 
bound fluid are fundamental as they affect the storage/
sealing capacity and flow properties in different manner 
and intensity. At the reservoir scale, fractures can play a 
major role in the leakage risk and can be defined as the 
free fluid component of the shale formation. The fractures 
can have various origins such as overpressure, tectonic or 
induced during drilling and/or injection. In most cases, 
fractures, if  preexisting, can be identified with logging 
tools and seismic exploration, and their scale and connec‑
tivity will govern the overall permeability (integrity) of 
the sealing barrier. The large‐scale effects are beyond the 
scope of the paper however and will not be discussed 
further here [see, e.g., Neuzil, 1994; Ingram and Urai, 
1999; Dewhurst and Hennig, 2003; Lash, 2006].

At the pore scale, the pore sizes generally range from 
sub‐nanometer to micron scale in clay‐bearing shale for‑
mations, making the notion of free fluid and effective 
porosity less applicable in the very small pores. Bound 
water is related to the interactions of the fluid(s) with min‑
erals, mostly the clay minerals due to their strong affinity 
for water. As a result of the extreme surface area of clays, 
the water binds to clays over a large volume that is in most 
cases the dominant contribution to the total water content. 
Some clays, for example, smectites, can swell significantly 
by incorporating water (and ions) into interlayers in the 
mineral structure, which can complicate porosity determi‑
nation [Brown and Ransom, 1996]. The various different 
types of water (free, clay‐bound, capillary, and interlayer) 
make porosity determination in these materials rather 
more complex than it first appears [e.g., Pearson, 1999].

1.5.1. Porosity and Seal Capacity Determination

The recent interests in shales by the petroleum industry 
pushed development of new and existing technologies to 
investigate microscale and even nanoscale porosity in 
these rocks. Beyond the knowledge of porosity to estimate 
volumes and some fluid transport aspects, the small 
porosity scales occurring in shales have been found to 
have an impact on seismic‐scale phenomena and rock 
physics modeling, for instance. Thorough porosity anal‑
ysis in shales requires combined techniques to overlap all 
scales of investigations. The first rule to apply when 
investigating porosity in shales is to have preserved sam‑
ples (i.e., original saturated water content) and handle 
samples with an extreme care to avoid dehydration and 
crack generation. Porosity can be assessed by various lab‑
oratory approaches: (i) 2D and 3D images, (ii) gas 
methods, and (iii) liquid methods. All of these approaches 
and methods have pros and cons.

1.5.1.1. Image Approaches
While assessment of nanopore scales and above have 

become easier and more accurate with the recent technol‑
ogies such as SEM or X‐ray micro‐CT images, porosity 
determination remains challenging at the nanometer scale. 
Sample preparation can dry the samples that will change 
texture and potentially form some microcracks, although 
sometimes this can be mitigated by freeze‐drying or critical 
point drying [Chiou et al., 1991; Dewhurst et al., 1998; Holzer 
et al., 2010]. However, such images are still useful to detect 
clay locations that could affect the flow properties (e.g., pore 
throat clogging, grain coating, pore/crack bridging) and will 
give essential insights about diagenetic processes. In all cases, 
image processing is not trivial, particularly the segmentation 
to separate pores from the various minerals composing the 
rock. Establishing representative elementary volumes for 
material property determination from images is also a non‑
trivial task [e.g., Keller et al., 2013].

1.5.1.2. Gas Approaches
These methods are usually used on unpreserved samples 

with all the inherent risks on result quality (e.g., clay 
shrinkage, cracks, residual pore fluid), although again, 
such methods could use freeze‐dried or critical point 
dried samples. Nitrogen or helium can be injected into 
solid plugs. The principle of gas methods is to invade the 
pore network with a high‐diffusivity inert gas. Gas expan‑
sion is monitored, and the pore volume (i.e., porosity) of 
the rock sample is calculated from Boyle’s law:

 
V

P V
P1

2 2

1  

where V1 is the volume of gas permeating the rock sample, 
P2 and V2 are the pressure and the calibrated volume of 
gas before being released into the sample, and P1 is the 
pressure of gas after sample infiltration. Overburden 
stress can be applied to close any potential microcracks. 
The low permeability of shales makes such measurements 
very time consuming to allow gas to permeate through 
the entire volume of the sample. Variations in tempera‑
ture during the experiment will also affect the results. As 
a result of these limitations, such a method is rarely accu‑
rate and repeatable [e.g., Sinha et al., 2013; Wang et al., 
2013; Heller et al., 2014].

Helium pycnometry on granulated samples and pow‑
ders is a good method to measure bulk and grain density 
in order to compute the total porosity. The best proce‑
dures involve granulation of preserved samples into 
0.5–1 mm diameter size and immediately perform accu‑
rate mass and volume measurement by gas pycnometry 
to compute bulk density. The measurement is then 
repeated after drying the granulated samples in oven at 
105°C for up to 2 weeks until mass stabilization occurs. 
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Figure 1.6 Opalinus Clay preserved (left) and the same sample after a few seconds in a non‐appropriate brine 
solution (right): note the massive structural deterioration.

The bulk density and grain density of the sample are 
therefore accurately measured under the same conditions, 
and total porosity can be calculated (assuming negligible 
amounts of residual salts from pore fluid evaporation) from

 

grain bulk

grain fluid

100
 

where ϕ is the porosity in percent and densities (ρ) are in 
g/cm3. Gas pycnometry uses the same gas expansion prin‑
ciple described above but works at very low gas pressure 
(usually around 20 psi) to measure the sample volume 
with an accuracy usually around 0.0001 cm3. Most of the 
issues with grain density computations in laboratory 
come from the drying process. Many experiments have 
demonstrated that solid chunks/plugs cannot be fully 
dehydrated at 105°C due to isolated water‐filled pores 
and clay‐bound water that require time to dehydrate by 
diffusion transport, and this can result in lower than 
expected grain density measurements.

The molecular size of the gas used for the porosity 
measurement in the laboratory (N2, 0.421 nm equivalent 
spherical van der Waals radius; He, 0.356 nm) compared 
to the actual size of carbon dioxide (CO2, 0.454 nm) can 
affect the gas measurement results [Sondergeld et  al., 
2010]. Helium is often used for porosity measurements, 
although its size is significantly smaller than carbon 
dioxide. As pore throats approach the molecular diam‑
eter of the gas used for testing, helium can pass into adja‑
cent pores where CO2 will not be able to pass. Layers of 
bound ions or water make the constriction filtration 
effect even more prominent. Therefore, helium deter‑
mined porosity is potentially greater than the effective 
porosity to CO2. The magnitude of these porosity dis‑
crepancies is controlled by pore size distributions, which 
are poorly constrained and can reach up to a factor of 2.

1.5.1.3. Liquid Approaches
Several methods exist to access the porosity using injec‑

tion of liquid (brine or mercury). Some of the techniques 
try to use the original water content without affecting the 
preservation state of the samples, and others push liquid 
through the pore  network using dried samples (freeze‐dried, 
critical point dried, or unpreserved).

Water immersion porosity (WIP) consists of saturating 
a solid plug or solid chunk of shale with water to invade 
all the pores. The wettability, fluid type, fluid composi‑
tion, and pore pressure will affect the water mass intake 
of the sample during saturation, leading to considerable 
inconsistency. The saturation process can take a very long 
time as all fluids move at a diffusive speed and will only 
access the connected pores with a capillary force less or 
equal to the water injection pressure. In other words, it is 
virtually impossible to reach nanopores that require a 
large capillary force to invade, especially as the nanopores 
are water wet. However, it is fundamental to understand 
in the case of injecting water that any variation in the 
salinity and/or salt composition of the injected water 
from that in equilibrium with the shale will generate 
osmotic forces. Clay‐water reactions and capillary forces 
in the case of partial saturation can quickly destroy the 
shale structure during water injection and re‐saturation 
(Fig. 1.6) and is particularly significant in smectite‐rich 
shales that can swell or shrink. However, the presence of 
organic matter and organic matter coatings can result in 
different wettability, and this may affect how clay min‑
erals and shales as a whole respond to water injection.

If  the sample is well preserved (i.e., approximately fully 
saturated), the sample can be dried under 105°C until 
mass stabilization and the difference in saturated and dry 
mass corresponds to the total water content. Assuming 
or knowing a pore fluid density allows the equivalent 
porosity to be computed from the sample volume [e.g., 
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Head, 1980]. This is a relatively standard method and 
easy to use for well‐preserved samples, and porosity cal‑
culated this way is directly related to the strength of over‑
burden shales [Dewhurst et al., 2015].

Mercury intrusion porosimetry (MIP) consists of 
recording the volume of injected non‐wettable mercury at 
increasing injection pressures through a dry solid resin‐
coated shale cylindrical plug or, in a worst case scenario, 
cuttings [e.g., Vavra et  al., 1992; Dewhurst et  al., 2002; 
Esteban et  al., 2006]. Assuming cylindrical pores, the 
Laplace‐Washburn equation [Washburn, 1921] can relate 
the pressure of mercury injection to an equivalent pore 
throat size. The cumulative pore throat volumes or total 
volume of injected mercury corresponds to the connected 
porosity. The typical maximum pressure of injection is 
~400 MPa which is equivalent to a cylindrical pore throat 
diameter of ~4 nm. However, MIP is always lower than 
water or gas‐derived porosity as mercury cannot access 
all pores. Some authors also demonstrated that pore ori‑
entations in shales can be anisotropic [e.g., Keller et al., 
2013], such that there is a strong orientation of pores in 
the foliation plane of shales resulting from grain shape 
and compaction, although MIP measurements per‑
formed parallel and normal to bedding in shales often 
show little difference in intrusion spectra [e.g., Dewhurst 
et al., 2002; Sarout et al., 2014].

MIP has also be used to estimate the capillary seal 
capacity of shales, that is, the height of a hydrocarbon or 
CO2 column that can be retained by a given seal under in 
situ conditions before the non‐wetting phase begins to 
move into and potentially breach the seal, assuming an 
idealized cylindrical tube pore morphology. Essentially, a 
capillary threshold pressure (Pth) for the air‐Hg system 
can be calculated from a plot of pressure against 
cumulative intruded volume of mercury (or mercury sat‑
uration). This is considered to be the point where a con‑
tinuous filament of non‐wetting phase traverses the seal. 
There are a number of ways to pick Pth, including (i) the 
inflection point on the pressure‐cumulative volume curve 
[e.g., Dewhurst et al., 2002]; (ii) a percentage of mercury 
saturation, usually between 5 and 10% [e.g., Schowalter, 
1979]; or (iii) by using the entry (or displacement) pressure 
where mercury first intrudes the seal sample [e.g., Vavra 
et  al., 1992]. None of these techniques has much rigor 
around them, and in the main, they are based on experi‑
mental results from Schowalter [1979] or from Katz and 
Thompson [1986] who evaluated mercury penetration 
through sandstones using MIP and electrical properties. 
Once an air‐Hg threshold pressure has been calculated, 
this can be converted to an in situ capillary pressure for a 
given CO2 column height through the use of air‐Hg and 
brine‐CO2 contact angles and interfacial tensions; finally, 
a column height can be calculated from the seal and res‑
ervoir threshold pressures and the difference in brine and 

CO2 fluid densities. There are multiple publications that 
cover these methods in great detail [e.g., Schowalter, 1979; 
Watts, 1987; Vavra et al., 1992]. It should be noted that 
estimated MIP threshold pressures for CO2 do not often 
match CO2 breakthrough pressures from laboratory 
experiments on shales [Hildenbrand et  al., 2002]. In 
addition, while it has long been known that surface con‑
ditions of samples need to be corrected for [so‐called con‑
formance; e.g., Vavra et al., 1992], more recently, it has 
been suggested that for tight samples such as shales, parts 
of the MIP curve represent sample damage or compress‑
ibility and not intrusion of mercury [e.g., Clarkson et al., 
2012], and there is some concern that in tight shales, mer‑
cury might not even be entering the pores at all 
[Hildenbrand and Urai, 2003; Q. Fisher, pers. comm., 
2015]. As a final word of warning, MIP assumes that the 
shale system is water wet and there is some uncertainty 
around wettability in CO2‐mineral systems, although 
there is minimal research as yet on clay minerals which 
usually form the bulk (the load‐ and pore‐bearing frame‑
work) of shaly caprocks [Iglauer et al., 2015]. Capillary 
pressure techniques for measuring mudrock properties 
have been extensively examined by Busch and Amann‐
Hildenbrand [2013] and further discussed by Amann‐
Hildenbrand et al. [2013] in the context of CO2 storage.

Ferrofluid injection combined with magnetic suscepti‑
bility consists of injection of a non‐wettable ferrofluid 
into the pore network under high pressure. Ferrofluid is a 
liquid made of low‐viscosity isoparaffin saturated with 
nanoparticles of magnetite. Such nanoparticles will be 
able to invade the small pores and will return a strong 
magnetic signal correlated to their amount [Pfleiderer 
and Halls, 1994]. Magnetic susceptometers can measure 
the intensity of the magnetic signal of the ferrofluid‐sat‑
urated shales. The amount of ferrofluid in the shales (i.e., 
porosity, assuming full saturation) can be calibrated 
against the magnetic signal from a specific amount of fer‑
rofluid. The use of an MIP apparatus with mercury 
replaced by ferrofluid was successfully applied on shales 
and provided information about porosity and pore shape/
pore connectivity [Esteban et al., 2006, 2007].

Low‐field nuclear magnetic resonance (NMR) is prob‑
ably the most promising tool for porosity and pore size 
distribution in shales. NMR is a nondestructive method 
that records the processing of protons occurring in liquid 
water for shales [Martinez and Davis, 2000; Dunn et al., 
2002]. The magnitude and time relationship of the mag‑
netization decay signal after applying an external 
magnetic field (the so‐called relaxation time) is directly 
proportional to the amount of protons and their interac‑
tions with the pore volumes and mineral surfaces. The 
water content measured by NMR can then be converted 
into equivalent porosity (assuming that water fully satu‑
rates the pore network) knowing the sample volume. 
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Beyond porosity measurements, NMR can provide 
details of the pore fluid distribution such as the clay‐
bound water, capillary water, and potential movable 
water in cracks. Models can be used to tentatively com‑
pute permeability [Coates et  al., 1991; Martinez and 
Davis, 2000; Hidajat et al., 2003; Arns et al., 2004; Minh 
and Sundararaman, 2006; Josh et al., 2012; Rezaee et al., 
2012]. However, extreme care must be taken due to NMR 
machine resolution as a 2 MHz spectrometer (equivalent 
to NMR logging tool frequency) will not be able to 
resolve pores smaller than 10 nm [Nicot et  al., 2006]. 
Therefore, the total NMR porosity usually underesti‑
mates the real porosity by missing the part of the water 
signal from clay‐bound and interlayer water. To over‑
come this limitation, a 20 MHz NMR spectrometer is 
more adapted to resolve nanopores, but the macroporos‑
ity will not be detected. A combination of 2 and 20 MHz 
NMR instruments is a good compromise to fully assess 
the pore size distribution and porosity of shales. In regard 
to the NMR technique and sample preservation, two 
spectra are shown in Figure 1.7, illustrating the impact of 
drying on NMR response in Opalinus Clay. The solid line 
shows the NMR spectrum for a preserved sample and 
clearly has a large peak at relaxation times between 0.4 
and ~3 μs, which corresponds to capillary and clay‐bound 
water. On dehydration, this water is mostly lost, and all 
that remains is water with relaxation times below 0.4 μs 
which is likely tightly bound and interlayer water in mixed 
layer illite‐smectite.

Taken individually, each method will generate different 
results for porosity measurements [Howard, 1991]. 
Method combinations are necessary to overlap the differ‑
ent scales accessible by each method [Al Hinai et al., 2014] 
and for quality control in the overlap regions (Fig. 1.8). 
Repeatability of the measurements is the major labora‑
tory issue due to difficult pore fluid accessibility related 
to the different sample treatment (grinding, sieving, 
drying, and partial re‐saturation, same environmental 
conditions). Therefore, the best measurements are always 
achieved on preserved shales, particularly given the issues 
with crushing samples, limited pore access using MIP, or 
the clay‐water reactions that can result from liquid re‐sat‑
uration [Kuila, 2013]. Consistent sample treatment and 
environmental conditions (temperature, pressure, and 
RH) for each method, and ideally a combination of 
methods, can help overcome this repeatability limitation.

1.5.1.4. Radiation‐based Approaches
In recent years, with the advent of gas shales, radiation‐

based approaches such as SAXS and SANS/USANS 
have come back into fashion after initial application to 
shales back in the 1980s [e.g., Hall et  al., 1986], and 
neutron‐based methods have recently been applied to 
CO2 storage research by Busch et  al. [2014]. These 
methods use an incident beam of thermal neutrons or 
X‐rays of known intensity and fixed wavelength impact‑
ing on the sample and then recording of the angle and 
intensity of scattering [e.g., Radlinski et al., 2004]. These 
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parameters are dependent on the geometry of the pore‐
matrix interface where scattering occurs [e.g., Hall et al., 
1986; North and Dore, 1993; Radlinski et al., 2004]. Data 
obtained from such experiments can give information on 
total porosity, SSA, and pore size distribution (over a 
range from ~0.5 nm to ~10 μm) as long as certain reason‑
able assumptions are made (e.g., spherical pore models). 
However, results can show significant anisotropy on sec‑
tions normal to bedding due to preferred orientation of 
particles (especially clays), although isotropy is usually 
noted in the bedding plane [e.g., Hall et  al., 1986; Gu 
et al., 2015]. Essentially, preferred orientation of particles 
resulting from compaction and diagenesis leads to 
preferred orientation and shape of pores, with strongly 
oriented slit and tube‐shaped pores causing the observed 
anisotropy. This is observed in overburden shales as well 
as gas shales [e.g., Keller et  al., 2011]. This anisotropy 
gives different porosity and SSA in different orientations 
although this can be corrected for [e.g., Gu et al., 2015].

Various studies have also compared the results of SAXS 
and SANS/USANS to pore size distribution and porosity 
determined through MICP and N2 adsorption, for 
example. Differences are often noted between the results 
of these tests as they measure different properties, for 
example, total porosity and pore size distribution for the 
radiation‐based methods and connected porosity and 
pore size distribution from MICP and N2 adsorption [Hall 
et al., 1986; Clarkson et al., 2013; Gu et al., 2015]. The pore 
size distributions calculated from these methods also dif‑
fer in that some measure pore bodies (N2) and others pore 
throats (MICP), while the radiation‐based methods do 
not distinguish between throats and bodies [e.g., Clarkson 
et al., 2013]. SAXS and SANS/USANS usually give higher 

porosities than N2 adsorption which in turn is higher than 
MICP due to pore accessibility issues for the larger mole‑
cules, as well as different assumptions between scattering 
models, adsorption models, and MICP models used to 
estimate porosity and SSA [Gu et al., 2015].

SAXS and SANS/USANS have different sensitivities to 
water‐filled pores, especially when pore sizes are <2 nm 
and such pores are expected to hold water under ambient 
conditions [Hall et al., 1986]. For SANS/USANS, the con‑
trast between hydrocarbon‐ or water‐filled pores is strong 
compared to empty pores, but for SAXS the contrast is 
much less [e.g., Hall et al., 1986]. While SANS/USANS, 
for example, nominally evaluates total porosity, Clarkson 
et  al. [2013] used deuterated methane (CD4) to look at 
connected porosity in gas shales with SANS/USANS and 
noted that not all micropores (< 2 nm) and surprisingly 
not all large pores (> 0.3 μm) were accessible to CD4.

Overall, radiation‐based methods provide a further string 
to the bow in analyzing and evaluating shale properties, 
especially those that are porosity and pore size distribution 
based. In combination with other techniques which analyze 
different parts of the porosity spectrum, they can provide 
additional information useful in fully characterizing shale 
behavior at the nanometer to micron scale.

1.5.2. Permeability Techniques

Clay‐rich caprocks are common in sites evaluated for 
geological storage of CO2 due to high capillary seal 
capacity and often nano‐Darcy level permeability. 
Additionally, it is known that CO2 can be adsorbed onto 
clay minerals; as such, if  capillary leakage occurred, this 
could result in extra storage capacity [e.g., Busch et al., 
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Figure 1.8 Overview of the pore size ranges detected by different methods of porosimetry for clay‐bearing shales.
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2008]. Once capillary seal leakage occurs, then fluid 
transport properties such as water and effective CO2 per‑
meability become important [Hildenbrand et  al., 2002]. 
There are a number of methods for measuring water per‑
meability of materials such as constant head tests, falling 
head tests, steady state flow, and transient pulse decay 
methods. The first two are generally unsuitable for clay‐
bearing materials, especially softer materials due to high 
hydraulic gradients which are imposed that can lead to 
sample deformation [Olsen et  al., 1985]. Pulse decay 
methods work well and have been used by Brace et  al. 
[1968] and Kwon et al. [2004], for example, for testing of 
low‐permeability materials as the technique is often held 
to be the most rapid of all the low‐permeability testing 
techniques. However, in general, steady state methods 
have been used for the assessment of CO2‐related cap‑
rocks in that this method can assure full saturation of a 
given caprock sample with brine under pressure as well as 
measuring permeability to said brine before CO2 flooding 
through a sample is attempted [e.g., Hildenbrand et  al., 
2002; Wollenweber et al., 2010].

An example instrument for steady state flow testing by 
water injection and measurement of permeability is 
shown in Figure  1.9, along with some results on a 
cemented shale. Nominally, a disc of 25.4 mm in diameter 
and 10–15 mm in length is confined between two platens 
inside a Viton jacket and surrounded by pressurized 
hydraulic oil in a small steel cell. During a test, tempera‑
ture and confining pressure are maintained at constant 

values, typically 22°C and 20 MPa, respectively. Saturation 
with an appropriate brine composition (determined from 
petrophysical measurements) occurs through injection at 
the upstream side of the sample (bottom end) for several 
days while monitoring the downstream fluid pressure 
(top end) with the valve closed (Fig.  1.9). The down‑
stream fluid circuit is initially flooded with brine at atmo‑
spheric pressure and then closed. During the saturation 
process, it shows an increase in pressure up to the desired 
value, equaling the pressure imposed at the upstream end 
(typically 10 MPa). The injection procedure helps us 
ensure that the specimen is saturated prior to the perme‑
ability test, although 100% water saturation is still an 
assumption, given there are almost no methods that can 
assess this properly in tight shales. The relatively high 
pore fluid pressure imposed (10 MPa) allows any residual 
air within the pore network to be dissolved in the brine. 
Following saturation, the downstream pressure is 
 regulated at a specific pressure, typically 10 MPa. The 
upstream pressure is suddenly increased from 10 MPa to 
a higher pressure (15 MPa, for instance) and regulated at 
that value using a high‐accuracy volumetric pump. The 
resolution of the upstream pump volume monitoring is 
10−6 ml/min. The fluid pressure difference between the 
upstream and downstream circuits is then held constant 
at ∆P = 5 MPa throughout the test. Once a steady flow is 
achieved (straight line in Fig. 1.9), the constant fluid flow 
imposed by the pump is used to compute permeability 
using Darcy’s law. Once this steady state flow regime is 
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established, the average pore pressure within the shale 
sample is expected to be 12.5 MPa so that the sample 
experiences a mean effective stress of 7.5 MPa.

Figure 1.9 shows the evolution of the volume of water 
displaced by the injection pump in order to maintain the 
constant pressure difference across the specimen. Steady 
state is achieved after about a day from the beginning of 
the permeability test for this Mancos Shale sample cut 
parallel to bedding. The interval between 1 and 4 days is 
chosen for the determination of the permeability of this 
shale as a linear fit with a good correlation factor can be 
obtained. From Darcy’s law,

 
Q A

k P
L  

where Q is the fluid flow rate in (m3/s), k is the perme‑
ability in (m2), μ is the fluid dynamic viscosity (equal to 
10−3 Pa.s for water at room temperature), ∆P is the 
difference in fluid pressure across the specimen in (Pa), A 
is the cross‐sectional area of the cylindrical specimen in 
(m2), and L is its length in (m). In this case, the perme‑
ability of the Mancos Shale parallel to bedding was 
1.6 nD (L  =  12.9 mm and Q  =  1.82 10−5 ml/min for 
ΔP = 4.98 MPa), and that of the Mancos Shale normal to 
bedding was 1.1 nD (L = 15.1 mm and Q = 1.08 10−5 ml/
min for ΔP = 4.77 MPa). Anisotropy is a topic that will 
be returned to in the discussion. During these tests, the 
flow through the specimens reaches a steady value that is 
consistent with time if  left over longer time periods. The 
small length of the specimens used for the permeability 
tests helps to reduce the duration of the test to few days. 
Note that very small flow rates are achieved during the 
test; however, thanks to the high accuracy of the pump 
volume monitoring, this flow rate is resolvable.

Following full brine saturation of a shale sample and 
measurement of water permeability, CO2 breakthrough 
experiments are then performed [e.g., Hildenbrand et al., 
2002; Angeli et  al., 2009; Wollenweber et  al., 2010]. 
Essentially, the pressure of CO2 is raised significantly on 
one side of the specimen and breakthrough monitored on 
the opposite side through pressure transducers, geochem‑
ical sampling, and/or measurements of P‐wave velocity. 
Both drainage and imbibition‐type experiments have 
been used to attempt to define a seal capacity to CO2 for 
such experiments, although there does not seem to be 
good agreement between these methods nor with estima‑
tions of seal capacity from mercury porosimetry tests 
[e.g., Hildenbrand et al., 2002; Wollenweber et al., 2010], 
with potentially all methods having issues that are not 
yet  fully resolved in terms of getting consistent results. 
These inconsistencies could be caused by the various dif‑
ferent gas injection methods that are used, methods of 
interpreting seal capacity, and issues mentioned with 

mercury porosimetry earlier. However, what appears 
certain is that effective permeability to CO2 is at least an 
order of magnitude lower than the brine permeability in 
the measured rocks and, in most cases, the brine perme‑
ability was already at the nano‐Darcy level. Such tests 
also noted increases in both diffusivity and permeability 
with repeated cycling of pressure, some of which was 
ascribed to mineral reactions or adsorption of CO2 on 
mineral surfaces [e.g., Chiquet et al., 2007; Busch et al., 
2008; Shah et  al., 2008]. However, Wollenweber et  al. 
[2010] noted no significant alteration of samples during 
such tests although they raised the possibility that redis‑
tribution of phases could be occurring, that is, dissolu‑
tion and re‐precipitation on the experimental timescale, 
which would not be detectable by traditional mineralog‑
ical analysis methods.

It is not clear as yet as to the specific mechanisms 
behind CO2 breakthrough in such rocks. Traditional 
seal  capacity analysis would mean that when capillary 
breakthrough occurs, the non‐wetting fluid flows through 
the pore structure, which remains unaltered by either 
the fluid pressure (or effective stress change) or chemical 
reactions, that is, essentially a passive process. However, 
experiments where sample dimensions and P‐wave 
velocity have been monitored during CO2 injection [e.g., 
Angeli et  al., 2009; Skurtveit et  al., 2012, 2015] seem 
to  suggest that the process is far from passive and that 
either pre‑existing microcracks are dilated or new ones 
are forcibly formed. This is also consistent with suggested 
methods of gas flow through argillaceous rocks in the 
nuclear waste disposal industry [e.g., Harrington and 
Horseman, 1999; Harrington et al., 2009]. This topic will 
be expanded upon in the discussion.

1.6.  DIELECTRIC METHODS

Most mudrocks contain abundant charge carriers in 
the pore fluids and on surfaces that are mobilized and/or 
become reoriented in an electrical field, in a process 
termed polarization. The degree of polarization can be 
measured in terms of the dielectric permittivity of a given 
material (also known as the dielectric constant, ε′). The 
anomalously high conductivity (low resistivity) of clay‐
bearing rocks containing pore fluid of a given salinity is 
well known in petrophysics and can be related to electrical 
conduction on and close to clay mineral surfaces. The 
charges on and around clay particles become increasingly 
polarized by space‐charge mechanisms as frequency 
decreases so that a clay or mudrock can have a dielectric 
permittivity that easily exceeds 100 at a frequency of 
10 MHz. The electrical properties of clays and shales 
exhibit a complex frequency dependence controlled by (i) 
water content and its salinity, (ii) surface area and surface 
charge density that are essentially controlled by clay 
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content and clay type, and (iii) other microstructural 
characteristics including pore and grain shape and pore 
space tortuosity and interconnectedness. In general, 
dielectric properties of clay‐rich shales are dominated by 
water content at high frequency (≳ 300 MHz) and by 
CEC at frequencies ≲50 MHz [e.g., Myers, 1991; Josh, 
2014]. These aspects make dielectric properties appealing 
in clay‐bearing shales as CEC and water content are 
directly related to strength [Dewhurst et  al., 2015] and 
brittleness/ductility [Marsden et  al., 1992; Petley, 1999; 
Dewhurst and Hennig, 2003] in overburden shales.

The dielectric spectrum of preserved shales can be 
measured with appropriate instruments in the laboratory, 
including (i) parallel‐plate‐based methods with an imped‑
ance analyzer and (ii) coaxial or end‐terminated probe 
measurements using a vector network analyzer [see Josh 
et  al., 2012; Josh, 2014 for details]. Cuttings measure‑
ments can also be useful to characterize mudrock 
sequences [e.g., Leung and Steiger, 1992]; much useful 
information about mineralogy and surface activity of 
shales can be derived from studies of pulverized cuttings 
using a simple end‐terminated dielectric probe without 
using complex preparation steps found in previous litera‑
ture [Josh, 2014]. An example of dielectric and conduc‑
tivity response with frequency using the end‐loaded probe 
method [Josh et  al., 2012; Josh, 2014] on standard clay 
mineral dry powders and pastes (Fig. 1.10) shows larger 
differences at low frequency (kHz) than at higher fre‑
quency (GHz). In the case of dry powders, small amounts 
of moisture are adsorbed from air, and this occurs to a 
larger degree for the minerals with a higher SSA. In the 
case of Figure 1.10 and SSA, smectite SSA > illite > kao‑
linite > quartz, and as such, at high frequency, the smec‑
tite contains more water than illite, kaolinite, and quartz 
and has a higher dielectric constant. The same result is 
visible for the mineral pastes, except that the illite and 
kaolinite seem to have similar responses. However, in this 
particular case, the illite used is Ward Illite, a clay mineral 
standard, which is around 50% illite and 50% quartz. 
Given illite usually has about twice the SSA of kaolinite 
[e.g., van Olphen, 1977] and quartz has negligible SSA, it 
is consistent that the results are similar for these two min‑
erals in the hydrated state. Such results are interesting 
from a point of view of mineral typing in shales, with 
larger dispersion (frequency dependence) of the dielectric 
constant likely to relate to increased smectite content, 
which would also likely equate to increasing ductility of a 
given caprock and less likelihood of significant frac‑
turing. In terms of pure minerals, the order of smectite‐
illite‐kaolinite‐quartz is the order of increasing strength 
of those minerals as well as decreasing CEC/SSA. Hence, 
in addition to the trends linking shale strength and duc‑
tility to water content and CEC [Dewhurst et al., 2015], 
there are sound mineralogical and theoretical reasons to 

tie dielectric response to these parameters [see also Steiger 
and Leung, 1988; Leung and Steiger, 1992]. Strength and 
ductility are important parameters to understand in any 
evaluation of caprock integrity for CO2 storage.

As the dielectric response of shales is strongly corre‑
lated to water content, it should come as no surprise that 
poor sample preservation will significantly affect 
dielectric results. Figure 1.11 shows the dielectric results 
obtained on multiple samples of the same shale kept in 
different RH atmospheres using a parallel plate capaci‑
tance cell [Josh et  al., 2012; Josh, 2014]. This method 
covers a wider range of frequencies than the end‐loaded 
probe used in generating the results in Figure 1.10. The 
sample at 97% RH would have the highest water satura‑
tion, and as the RH decreases, so does water saturation. 
The figure shows that the dielectric constant at high fre‑
quency increases slightly with increasing RH as would be 
expected as there is more brine in the samples. However, 
as the frequency decreases, the difference between the 
degrees of dispersion is seen to significantly increase bet‑
ween samples at different RH and is highest in the 97% 
RH sample. This is likely to do with clay‐fluid charged 
surface interactions increasing with increasing fluid satu‑
ration allowing increasing ion mobility.

Overall, the techniques outlined above provide a brief  
outline of various potential shale characterization tech‑
niques and show some example workflows, procedures, 
and results. There are a number of aspects of shale 
behavior that have not been covered or only lightly 
touched on in the above descriptions, and we will use the 
discussion to expand on some of these issues further.

1.7.  DISCUSSION

A number of experimental techniques for character‑
izing shale caprocks for CO2 storage and containment 
have been discussed here. The review is intended to be in 
the area of the authors’ expertise and as such is not fully 
comprehensive. For example, considerable effort has been 
invested in CO2 breakthrough, permeability, and diffusion 
experiments on mudrocks [e.g., Hildenbrand et al., 2002, 
2004; Amann‐Hildenbrand et al., 2013; Busch et al., 2008, 
2009; Wollenweber et  al., 2010; Skurtveit et  al., 2012, 
2015], and the reader is referred to these papers and refer‑
ences therein for full details. Most of these papers show 
that tight mudrocks have high CO2 breakthrough pres‑
sures or do not break through at all under simulated in 
situ pressure and temperature conditions. In addition, in 
general, little mineral alteration is noted in these intact 
siliciclastic mudrocks as any CO2 penetration is along dis‑
crete flow paths which only exposes a small amount of 
mineral surface to flowing sCO2 [Amann‐Hildenbrand et al., 
2015]. Harrington et al. [2009] measured compressibility, 
permeability, and its anisotropy, plus specific storage on 
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water‐saturated Nordland Shale from the North Sea. 
Permeability was at the micro‐Darcy level with an anisot‑
ropy of ~2.5 to water. Nitrogen gas breakthrough pres‑
sures were ~3 MPa. Modeling indicated that gas would 
have a greater anisotropy than water although the experi‑
mental data could not be matched. However, it appeared 
that standard concepts of two‐phase flow through an 
unchanged pore system were not adequate to describe gas 
flow through this shale. It appeared that pressure‐induced 

discrete pathways were developing rather than passive 
Darcy flow [e.g., Harrington and Horseman, 1999]. 
Skurtveit et  al. [2012, 2015] also looked at CO2 break‑
through during triaxial testing of shales and noted both 
physical sample dilation on radial gauges during CO2 
injection associated and a drop in P‐wave and S‐wave 
velocity in Draupne Shale from the North Sea. The 
velocity drops could not be accounted for by saturation 
changes as these were very low due to flow along discrete 
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Figure 1.10 Dielectric response of dry powders of pure clay minerals and quartz (top) and pastes made from the 
same materials mixed with water (bottom). The dry powders are room dry and so contain moisture adsorbed from 
the air. The dielectric constant increases with decreasing frequency in both cases, the degree of dispersion related 
directly to the CEC of the minerals (smectite > illite > kaolinite > quartz). At high frequency, the dielectric constant 
is generally related to the water content alone and is much higher in the pastes than in the room dry materials. 
From Josh et al. [2012] and Josh [2014].
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flow paths as noted above. Once CO2 flow was established, 
there was no change in velocity with changes in differential 
pressure across the sample. They noted that the CO2 
breakthrough pressure depended on both confining 
pressure and effective stress but not the gas pressure 
difference induced across the sample. At the highest con‑
fining pressures (~20 MPa), no CO2 breakthrough was 
observed. This suggested that in addition to capillary dis‑
placement, there was a pressure‐induced microfracture 
opening to accommodate the CO2 transport through the 
shale and noted that the flow through the sample was con‑
sistent with fracture flow models, similar to the pressure‐
induced gas flow pathways noted by Harrington and 
Horseman [1999] and Harrington et al. [2009]. The effec‑
tive CO2 permeability was more sensitive to volumetric 
deformation than the water permeability and fitted a 
power law dependency which is typical of flow in a frac‑
tured medium. Skurtveit et al. [2012, 2015] also noted sim‑
ilarities between the CO2 breakthrough pressure in the 
triaxial rig and that estimated from MIP tests, although 
this is not always the case [e.g., Hildenbrand et al., 2002].

One aspect only briefly discussed so far is that of 
anisotropy. In general, shales are thought of as trans‑
versely isotropic materials, with similar rock properties 
within the bedding or clay foliation plane and different 
properties orthogonal or at angles to that plane. Strength 
anisotropy is a critical parameter both for drilling wells 

and for fracture/fault reactivation [e.g., Fjær et al., 2008]. 
In general, shales are weaker at 30–60° to bedding and 
often weakest at 45° as compared to deformation normal 
to or parallel to bedding. However, although elastic 
deformation shows that static and dynamic properties in 
shales are almost always stiffer parallel to bedding [e.g., 
Dewhurst et  al., 2011], it is unclear in terms of failure 
properties which orientation is weaker. Some studies sug‑
gest both orientations have similar strength [e.g., Niandou 
et  al., 1997; Valès et  al., 2004], while others note that 
parallel to bedding is in fact stronger than normal to bed‑
ding in shales [Ajalloeian and Lashkaripour, 2000; Fjær 
and Nes, 2014]. Clennell et  al. [1999] investigated the 
development of anisotropic permeability in clays under‑
going consolidation and found that the intrinsic anisot‑
ropy is only modest when there is no compositional 
layering, that is, where fabric anisotropy comes from clay 
particle alignment alone. The most extreme cases were 
found in pure clays and may reach a factor of 3–4. 
However, in natural shales, anisotropy of permeability, 
and other physical properties, can be enhanced by orders 
of magnitude where shales contain silty laminations [e.g., 
Armitage et al., 2012]. Note that many studies claiming 
high values of permeability anisotropy in mudrocks are 
either looking at laminated rocks, containing silt layers, 
or else are obviously affected by microcracks, which close 
at higher confining stress. There should be some general 
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Figure 1.11 Dielectric response of multiple samples of the same shale re‐saturated under different relative 
humidity (RH) environments. The 97% RH sample has the highest water saturation, with lower water saturations 
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correspondence between electrical/dielectric anisotropy 
and permeability anisotropy, as both depend on particle 
shape and pore space tortuosity [e.g., Clennell, 1997]. 
Anisotropy of P‐wave and S‐wave velocity (and other 
rock physics properties such as attenuation) are well doc‑
umented [e.g., Banik, 1984; Johnston and Christensen, 
1994, 1995; Vernik and Liu, 1997; Dewhurst and Siggins, 
2006; Sarout and Guéguen, 2008; Delle Piane et al., 2011, 
2014] and in experiments on shales can range up to 30% 
for P waves and 70% for S waves in extreme cases. 
However, of the petrophysical properties, electrical prop‑
erties (resistivity and conductivity, including dielectric 
methods) usually show the most extreme anisotropy, in 
some cases up to a factor of 6–8 [Clavaud, 2008; Josh and 
Clennell, 2015]. As such, dependent on the properties 
required and local conditions, anisotropy should not be 
neglected when evaluating caprock shales for CO2 storage 
purposes.

A significant amount of research has looked at the 
chemical interaction between sCO2 and both the reservoir 
and caprocks. It seems that local conditions and miner‑
alogy strongly govern whether significant alteration to 
mineralogy and pore structure does occur. Studies in 
siliciclastic reservoir rocks which contain natural CO2 
accumulations report minor to significant mineralogical 
reactions in such systems. For example, Major et al. [2014] 
examined a natural CO2 reservoir‐seal system in sand‑
stones and cemented siltstones. They noted that the reser‑
voir sands that had hosted CO2 were weaker than those 
that had not, but the sealing siltstones showed little 
change in properties measured. The weakness was sug‑
gested as the result of the dissolution of iron‐rich cements 
in the framework and their re‐precipitation as secondary 
carbonates and clays. Hangx et  al. [2015] noted that in 
general, unreacted rock strength was similar to sCO2‐sat‑
urated rock strength in reservoir sandstones, except for 
where anhydrite dissolution had occurred. Watson et al. 
[2004] compared two adjacent gas fields with low and 
high concentrations of CO2 to study potential mineral 
reactions in siliciclastic reservoirs. In the high CO2 case, 
most of the reactive minerals have altered or dissolved, 
with kaolinite, quartz, and less soluble carbonates being 
precipitated. Haese and Watson [2014] noted that the CO2 
mineral trapping potential in two siliciclastic reservoirs 
was low compared to volcaniclastic formations with 
abundant reactive minerals. Higgs et al. [2015] note alter‑
ation of chlorite to kaolinite and iron‐bearing carbonates 
at moderate to high CO2 concentrations, but no effect 
where CO2 concentrations were low. While these studies 
were performed in reservoir rocks, it seems that in clay‐
rich caprocks at least, chemical reactions tend to have 
much lesser effects, although they can be observed in 
microfabric analysis or measured through changes in 
pore structure and water chemistry. Liu et al. [2012] noted 

minor dissolution of feldspar and anhydrite in Eau Claire 
shale on exposure to supercritical CO2, associated with 
precipitation of pore‐bridging illite and smectite, as well 
as minor precipitation of siderite adjacent to pyrite. Their 
review of the literature around caprock mineral interac‑
tion with sCO2 showed that in silicate‐rich systems, reac‑
tivity is low and generally confined to the reservoir‐caprock 
interface. Reaction rates were temperature controlled 
unsurprisingly, with little occurring at temperatures of 
50–80°C. sCO2 can react with organic matter, potentially 
resulting in alteration of pore structure [Busch et  al., 
2008]. Lu et  al. [2009] investigated a natural CO2 field 
sealed by Kimmeridge Clay and noted through geochem‑
ical examination that there was ~12 m zone of interaction 
in the caprock, involving dissolution of carbonates, 
decarboxylation of organic matter, and infiltration of 
reservoir CO2. Garrido et al. [2013] noted that exposure to 
sCO2 resulted in increases in pore volume in pore sizes 
<10 nm in a Tournemire shale sample that contained a 
significant amount of calcite. This change in pore struc‑
ture was attributed to calcite dissolution, although minor 
aluminosilicate dissolution was also indicated by pore 
water chemistry. Wollenweber et al. [2010] evaluated CO2 
transport in a clay‐rich shale and a marl under single‐
phase and multiphase flow conditions. Cyclic applica‑
tions of gas pressure led to a reduction in capillary 
threshold pressure and decreased effective diffusion coef‑
ficients. Water permeability also increased after each 
cycle, although there was little change in composition (by 
XRD), SSA (BET), or pore size distribution (MIP). 
Overall, it appears that mineral reactions and changes in 
properties due to sCO2 exposure are limited in larger 
intact volumes of clay‐rich shales. Extensive reviews of 
caprock‐CO2 interaction have been performed by Liu 
et al. [2012], Griffith et al. [2011], and Shukla et al. [2010].

One area of research which is not yet well understood is 
the adsorption of sCO2 onto clay surfaces and into clay 
interlayers. It has been previously noted [e.g., Busch et al., 
2008] that shales of all mineralogies (i.e., with any or a 
mixture of the common clays such as kaolinite, illite, illite‐
smectite, and smectite) can strongly adsorb sCO2, although 
it should be noted that many of such tests have been done 
on powdered samples which would significantly increase 
surface area able to be contacted by CO2 compared to the 
case should sCO2 enter a caprock along discrete pressure‐
driven microfracture pathways as discussed above. While 
there is a vast literature on the incorporation of water into 
smectite interlayers, there is little published about the 
incorporation of sCO2 into such interlayers, either in pure 
dry form or containing dissolved water. Loring et al. [2014] 
worked on smectitic clay standards at realistic in situ pres‑
sures and temperatures. They noted that sCO2 can interca‑
late into the smectite interlayers but generally only if  levels 
of water intercalation were low. Michels et al. [2015] noted 
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that smectitic clays can capture CO2 in the interlayer posi‑
tions and that the degree of capture was dependent upon 
the interlayer cation type (e.g., Na+, Li+, etc.). Although 
the conditions they used to test the samples were very dif‑
ferent to those encountered in situ. De Jong et al. [2014] 
noted swelling strains of up to ~2.5% in sCO2 atmospheres 
at 45°C and CO2 pressures up to 15 MPa in smectitic clay 
standards. Such swelling if  occurring in situ would likely 
close pores and microfractures. Mechanisms of CO2 
adsorption however are not well understood. Little swell‑
ing is noted in dry clays, for example [e.g., Giesting et al., 
2012], and dehydration can occur when there are more 
than two water interlayers in smectite, dependent on the 
interlayer cation [Schaef et al., 2012]. Jin and Firoozabadi 
[2014] use molecular dynamics models of montmoril‑
lonite to show that the presence of water strongly reduces 
sCO2 adsorption. Under water‐saturated conditions and 
in pore sizes >2 nm, water forms the first layer on the clay 
surface, and CO2 forms the second through interaction 
between the CO2 and water molecules. When smectite has 
an RH representative of discrete states, so 0 (dry), 1, or 2 
water layers, no or little swelling is observed. When the 
states are in between these discrete states, then significant 
swelling is measured [Busch et al., 2016].

However, it is not just smectitic clays which can adsorb 
CO2. Illite and kaolinite have also been observed to 
adsorb CO2, which therefore must be a mineral surface 
phenomenon rather than an interlayer one [Busch et al., 
2008]. Most work on smectite swelling looks at a smear 
of clay paste and examines swelling through the change 
in d‐spacings. The de Jong et al. [2014] study used larger 
samples (1 mm cubes) in order to investigate a more bulk 
rock scale sample size to try to draw conclusions regarding 
bulk scale parameters such as geomechanical properties. 
In their tests, they noted that the amount of swelling 
strain was highest in the highest hydration state, although 
these hydration states lay between fully dehydrated and 
one interlayer of water. CO2 contact with a smectitic cap‑
rock is likely to be limited to the reservoir‐caprock inter‑
face and small volumes around preexisting fractures [de 
Jong et al., 2014]. Any swelling that occurred in smectites 
with lower amounts of interlayer water (< 1) would likely 
lead to the closure of pores and small fractures, resulting 
in lower permeability, and would thus be a self‐limiting 
process. However, where smectites are highly hydrated, 
with two or more water interlayers, dehydration may 
occur in contact with sCO2, which may result in shrink‑
age, and this would be an issue in regard to the potential 
for fracture development [de Jong et al., 2014]. There is 
currently little data under realistic in situ conditions for 
such smectites. It is also unclear as yet as to how CO2 
swelling would affect clay‐rich fault gouges and whether 
this would impact on fault stability [de Jong et al., 2014], 
although natural leakage of CO2 along faults in uplifted 

terrains is observed [e.g., Shipton et al., 2004]. However, 
all these results above looking at d‐spacings or small 
cubes were all undertaken under unconfined conditions. 
When pressure‐driven sCO2 injection is performed on 
smectitic shales under a simulated in situ confining 
pressure, it appears that such shales dilate and small 
microfractures are generated that allow sCO2 flow 
through the rock [e.g., Harrington et al., 2009; Skurtveit 
et  al., 2012, 2015]. It may be possible that confining 
pressure suppresses any swelling that might occur and 
that the injection of sCO2 results in a pressure‐driven 
flow that opens dynamic and localized microscale fluid 
pathways [Harrington and Horseman, 1999; Hildenbrand 
and Krooss, 2003]. After CO2 breakthrough and establish‑
ment of a steady flow, reduction in fluid pressure resulted 
in decreasing CO2 flow and eventually complete cessation 
at ~1 MPa due to capillary re‐imbibition of water.

There is a large uncertainty around wettability in clay‐
bearing caprocks as few measurements have been made 
on shales [Iglauer et  al., 2015]. No measurements of 
contact angles for clay‐water‐sCO2 systems have been 
performed on pure clays due to their fine grain size, 
although Borysenko et al. [2009] made measurements on 
shales in brine‐hydrocarbon systems. Micas such as mus‑
covite and biotite are usually used as substitutes for illite, 
assuming that, for example, the chemical similarity of 
muscovite and illite would automatically mean a simi‑
larity in wettability. This has not been verified, and it is 
likely that illite, for example, has much higher surface 
charge density than muscovite and certainly the SSA and 
CEC of illite is much higher than that of muscovite. 
Amann‐Hildenbrand et  al. [2013] note that the assump‑
tion of a water‐wet caprock may not always be correct 
and there have been studies in quartz, calcite, and micas 
which suggest water wetness may not be endemic [see 
review by Heath et al., 2012]. However, once again, this 
latter review found no papers investigating wettability of 
clay minerals in a CO2 storage context. The vastly differ‑
ent surface characteristics of clays compared to the min‑
erals above and their well‐known strongly hydrophilic 
behavior [e.g., van Olphen, 1977] should be noted, in 
combination with experimental breakthrough pressures 
and transport rates of CO2 through shales under pressure 
which approach molecular diffusion slowness [e.g., 
Amann‐Hildenbrand et al., 2013]. However, natural CO2 
gas accumulations are trapped in nature over long time 
periods [Watson et  al., 2004; Haszeldine et  al., 2005; 
Major et al., 2014], suggesting that shale caprock wetta‑
bility or its alteration may not be too significant on the 
timescale required for CO2 injection. However, long‐term 
exposure to organic molecules may potentially change 
caprock wettability [e.g., Heath et al., 2012; Iglauer et al., 
2015], although bitumen coatings have been noted to 
 preserve otherwise reactive minerals [Hangx et al., 2015]. 
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It is fair to say that the wettability of clays is currently a 
known unknown in terms of shale seals for CO2 storage.

The discussion above highlights a number of uncer‑
tainties around testing of shales for CO2 storage, and it is 
difficult to determine the relative importance and prior‑
ities of such research. However, as noted in the main sec‑
tion of the manuscript, there are many techniques 
available for shale characterization for CO2 storage, many 
of which have long‐term provenance in the evaluation 
of  hydrocarbon trapping in the oil and gas industry. It 
should be remembered however that although these mul‑
tiple techniques are useful for application to CO2 contain‑
ment integrity, experimental procedures such as these 
should not be used as stand‐alone techniques but should 
form part of a microscale to macroscale evaluation of 
seal integrity and containment running from seismic scale 
through a full structural fault and top seal analysis down 
to pore‐scale evaluation of capillary and flow properties. 
Full‐scale integration of  all available measurements 
and data, modeling, and calibration to larger scales are 
critical in order to fully evaluate containment integrity 
for CO2 storage.

1.8.  SUMMARY

In this contribution, we have described a workflow and 
a number of methods for characterizing caprocks for 
geological CO2 storage sites. These methods are predi‑
cated on high‐quality samples being obtained and pre‑
served at the point of recovery, so they can be tested with 
minimized loss of in situ pore fluids. Dehydration of 
clay‐rich shales causes significant changes to their 
mechanical, physical, and petrophysical properties. 
Ideally, properties that are critical to assess include min‑
eralogy, microstructure, porosity, seal capacity, perme‑
ability (both water and CO2), diffusivity, electrical 
response, and geomechanics. Such properties can then 
feed into larger‐scale integrated site analysis and models 
of subsurface behavior. There are still significant uncer‑
tainties around the interaction of supercritical CO2 and 
clay‐rich caprocks. These uncertainties include chemical 
reactivity of supercritical CO2 with caprock minerals, 
although in general it appears that such reactions would 
only occur close to the reservoir‐caprock interface and 
reactive surface area would be small due to the discrete 
flow paths taken by sCO2 should it penetrate into the cap‑
rock. Swelling of smectitic clays through incorporation 
of sCO2 into interlayers can be significant, but in general 
such tests have been run under unconfined conditions, 
and it is not clear whether such a response would occur in 
situ. Uncertainty also surrounds the wettability in the 
shale‐brine‐sCO2 system and whether the assumption of 
water wetness is a good one. There are no data at all on 
wettability of individual clay minerals, so this remains a 

fertile area for research. However, even with the uncer‑
tainties around reactivity, clay swelling, and wettability, 
what can be stated is that there are numerous natural CO2 
accumulations that have survived for hundreds of thou‑
sands to millions of years, long in excess of the timescales 
currently being investigated for geological storage of 
CO2, and some of those have seals which seem consider‑
ably more permeable than typical shale caprocks dis‑
cussed here. As a final point, it should be noted that 
experimental characterization of shales such as that dis‑
cussed here would be one part of a much larger strategy 
to evaluate containment integrity which should cover 
an  integrated fault and top seal methodology across a 
range of scales from kilometer to nanometer, integrating 
regional seismic, wireline log and well data with labora‑
tory approaches and modeling.
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1

1.1. INTRODUCTION

The water, energy, and food resources share a lot in 
common, including inaccessibility to billions of people, 
rapidly growing demand, strong interdependencies with 
climate change, different regional availability, and variations 
in supply and demand [Bazilian et al., 2011; Walsh et al., 
2015]. Apart from the similarities, there is a growing sense 
of awareness of the linkages among water, energy, and 
food sectors (Figure 1.1) and that the actions in one sector 
would inadvertently affect one or both of the other sectors. 
The growing population, rapid economic growth, and 
changing consumption trends has increased the urgency to 
act through the utilization of integrated approaches that 

encompasses all three sectors. This ensures that there is a 
proper balance among the different user goals and inter
ests while at the same time protecting the ecosystem.

It was acknowledged at the Bonn 2011 Nexus Con
ference that integrated policies related to water, energy, 
and food are required in the face of growing concerns 
over the future availability and sustainability of these 
resources. The continuation of isolated policies which are 
predominant in developing countries will unavoidably 
affect other sectors and eventually lead to the acceleration 
of ecosystem degradation. Hence, a better understanding 
of the strong linkages and trade‐offs with respect to the 
water‐energy‐food (WEF) nexus is important for sustain
able long‐term development growth as well as for human 
well‐being. A nexus approach is based on three guiding 
principles [Bonn 2011 Conference, 2011]:

1. Placing people and their basic human rights as the 
basis of the nexus

2. Creating public awareness and the political will for 
successful implementation

3. Involving local communities in the planning and 
implementation processes in order to create a sense of 
participation and ownership

ABSTRACT

The water, energy, and food resources share a lot in common; they have strong interdependencies and are inad
vertently affected by action in any one of them. Therefore, the nexus approach (integrated policies related to 
water, energy, and food) is required in the face of growing concerns over the future availability and sustainability 
of these resources. The nexus approach can help achieve at least some of the “Sustainable Development Goals 
(SDGs)” (e.g., SDG 2, 6, 7, 12, 13, 15). This chapter discusses trends in availability and consumption of the three 
key resources (i.e., water, energy, and food) and interactions between them, and finally provides some reasons 
why the nexus approach can help achieve social and economic development goals.
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4 WATER‐ENERGY‐FOOD NEXUS

The practical implementation is proven as difficult 
mainly due to the vastness of the individual sectors, the 
multidimensional interlinkages among the sectors, and the 
fact that stakeholders in all disciplines and at all levels need 
to be involved. In addition, significant financial investment 
would also be required in the restructuring of existing 
infrastructure to suit the nexus approach. The develop
ment of robust analytical tools, conceptual models, and 
robust data sets which can be used to supply information 
on the future use of energy, water, and food is vital toward 
making the WEF nexus a reality [Bazilian et al., 2011].

The Sustainable Development Goals (SDGs) have set 
targets for each of the nexus sectors explicitly under SDG 
2 (zero hunger), SDG 6 (clean water and sanitation), and 
SDG 7 (affordable and clean energy). In order to satisfy 
the stipulated goals, a shift to more sustainable produc
tion and consumption patterns (SDG 12) will be required 
while tackling climate change (SDG 13) and ensuring a 
balance in ecosystem both on land and water (SDG 14 
and SDG 15). The interconnection between the SDGs 
emphasizes the need for a nexus approach in achieving 
the individual goals.

1.2. AVAILABILITY AND CONSUMPTION TRENDS 
OF THE NEXUS COMPONENTS

The growing demand for water, energy, and food are 
driven by common factors: population growth and mobility, 
sustainable development, international trade, urbanization, 

changing lifestyles, cultural and technological changes, and 
climate change [FAO, 2014]. The exploitation of more 
resources will definitely be required to meet the growing 
demand. However, it is possible to slow down this growing 
demand by reducing wastage and loss incurred in the 
water, energy, and food stream, which would also help 
in  saving embedded resources during production and 
reducing environmental impacts. Reduction of  water 
and energy through conservation and efficient use will be 
crucial in the coming decade.

1.2.1. Water

The world has enough freshwater to supply the global 
demand but nonuniform distribution of  these reserves 
and other reasons have led to shortages in certain loca
tions. The United Nations (UN) estimates indicate that 
there are 1.2 billion people living in areas of physical water 
scarcity and another 1.6 billion people facing economic 
water shortage [Walsh et al., 2015]. In terms of  water 
quality, there are 748 million people who lack access to 
an improved drinking water source [UNESCO, 2015]. The 
shortage in both quantity and quality may likely spread 
and become more acute due to growing demands, unsus
tainable withdrawal rates, degradation of  source water 
quality, and changing climate patterns. Understandably, 
the main impact of water shortage is on direct human 
consumption but other indirect impacts include those on 
energy supply, food production, and ecosystem.

Irrigation
Fertilizers
Harvesting
Processing
Storage

Irrigation
Processing

Pumping
Water treatment
Drainage
Water distribution

Energy generation
Cooling
Extraction
Transport

Water quality

Bioenergy production

FoodWaterEnergy

Figure 1.1 Interactions of the water‐energy‐food nexus. Source: IRENA [2015], “Renewable Energy in the Water, 
Energy & Food Nexus.”
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Traditionally, the expansion of water resources mainly 
depended on the need of the expanding population for 
food, clothing, and modern energy. More recently, the 
rising standards of the middle‐income group has led to 
sudden and sharp increases in the water consumption in 
both production and use. Economic growth coupled with 
higher living standards could be the reason that the 
growth of water demand is double that of population 
growth in the twentieth century.

The global water withdrawals in 2009 stood at 4500 
billion m3 (BCM) of which 70% was used for agriculture, 
17% for industry, and 13% for municipal and domestic 
purposes [2030 Water Resources Group, 2009]. According 
to the 2030 Water Resources Group [2009], the projected 
demand of 6900 BCM in 2030 under the business‐as‐usual 
scenario is 40% more than the currently assessed water 
supplies (ground and surface) that are accessible, reliable, 
and sustainable. In another report by UN Water, the 
water demand is projected to increase by around 55% in 
2050, which will mainly be attributed to growing demands 
in the manufacturing sector, thermal power plants, and 
domestic use [UNESCO, 2015].

The gap between future availability and demand can be 
closed not through the discovery of more water supplies 
but through effective demand‐side management, which 
will definitely need effective policy interventions.

1.2.2. Energy

Energy demand is increasing primarily due to drivers 
like growth in population and gross domestic product 
(GDP). Though there are diverse sources of energy, fossil 
fuels are expected to continue as the dominant fuel 
source and would account for almost 80% of  the total 
energy supplies in 2035 [BP, 2016]. Gas is expected to 

gain popularity along with renewable energy though 
the share of  the latter would still be below 10% in 2035. 
On the other hand, coal will exhibit a decreasing trend 
while oil remains steady. The additional energy demand 
will come from growing and emerging economies while 
Organization for Economic Cooperation and Development 
(OECD) countries will hardly show any growth. Apart 
from the need of energy to support the increased GDP in 
the developing countries, the push for global electrifica
tion will drive the steady growth for power generation. 
China will be a key player in the future energy demand as 
Figure 1.2 indicates that they will move toward a more 
sustainable rate compared to the past.

Most energy projections by various organizations 
 follow the trend as depicted in Figure  1.2. There are 
international initiatives which look at reducing the 
demand and dependency on fossil fuels. One such initi
ative is the Sustainable Energy for All (SE4ALL), which 
was launched by the UN Secretary‐General in 2011. 
The SE4ALL has set three main objectives to be achieved 
by 2030: ensure universal access to modern energy ser
vices, double the global rate of  improvement in energy 
efficiency, and double the share of  renewable energy in 
the global context.

1.2.3. Food

There are concerns on whether the world would be able 
to produce enough food for the growing population. The 
amount of arable land and water required for agriculture 
is declining and at the same time has to compete with 
urbanization and industrialization for the same resources. 
The most popularly used indicator for measuring and 
monitoring the world food status is food consumption in 
kcal/person/day. The world average per capita availability 
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Figure  1.2 Projected growth in energy consumption. Toe is ton equivalent. * includes biofuels. Source: 
Reproduced with permission of BP [2016]. (See insert for color representation of the figure.)
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6 WATER‐ENERGY‐FOOD NEXUS

of food for direct human consumption was 2770 kcal/
person/day in 2005/2007 (Figure 1.3). This world average 
is, however, misleading as there are areas where the value 
falls below 2500 kcal and other areas where it is way 
above 3000 kcal.

By 2050, food production in the global context and for 
developing countries will need to be increased by 60 and 
100% respectively from 2005/2007 figures [UNESCO, 
2015]. This translates into a 1.1% annual growth rate 
increment of total world consumption [Alexandratos and 
Bruinsma, 2012]. The projected values in million tons for 
some of the major food groups with respect to 2005/2007 
figures are illustrated in Figure  1.4. The drivers for 
increase will mainly result from increasing population 
and income as well as structural changes in diet (i.e., 
shifting to a meat‐based diet) and overnutrition.

1.3. SECTORAL INTERACTIONS

Water, energy, and food are interlinked in many ways. 
Water is required to produce energy and food. Energy is 
required to produce water and food. Food can be a source 
of energy (e.g., biofuel). Therefore, action in one sector 
will have implications on the others.

1.3.1. Water–Energy Interactions

The water intensity in the energy sector varies depend
ing on the choice of technology, source of water, and type 

of  fuel. Water is used for the production of  fuels origi
nating from fossils, growing of  biomass‐related fuel 
stocks, and generation of  energy (e.g., electricity from 
fossil fuels). Thermal power plants utilize large amounts 
of water for cooling, of which a fraction is lost to evapo
ration depending on the type of cooling system employed. 
On the other hand, hydropower plants utilize a large area, 
which in turn increases the surface area of the water body, 
further facilitating evaporation. In 2010, energy produc
tion accounted for 15% (580 BCM of  water annually) of 
global freshwater withdrawals, of  which 66 BCM was 
consumed [Walsh et al., 2015]. In the United States, 
power plants account for the largest share (41%) of fresh
water withdrawal [Union of Concerned Scientists, 2010]. 
The global energy demand is projected to increase by 
35% in 2035, which would increase water withdrawal in 
the energy sector by 20% and water consumption by 85% 
[IRENA, 2015]. The life cycle water consumption (gallons/
MWh) for some selected electricity generation technolo
gies is illustrated in Figure 1.5.

Renewable energy is very slowly replacing fossil fuels, 
especially in the power sector, but it is still projected that 
75% of the expected energy increase by 2030 will be from 
fossil fuels [ADB, 2013]. Renewable energy alternatives 
may be climate‐change‐friendly but may not be favorable 
when considering water and land requirements. As illus
trated in Figure  1.6, the water requirement for biofuel 
production is much higher than that required for fossil‐
fuel‐based products. The promotion of  biofuels in the 
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Figure  1.3 Per capita food consumption (kcal/person/day). Source: Alexandratos and Bruinsma [2012]. 
Reproduced with permission of FAO.
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transport sector through subsidies has led to greater 
competition for land and water use [ADB, 2013].

Energy is required for the extraction, transportation, 
and treatment of water. The energy intensity for water 
will vary depending mainly on the source of  water, 
quality of water, and efficiency of the water system. For 
example, desalination of seawater would be more energy‐
intensive than utilizing surface or groundwater. Surface 
water was traditionally used for agricultural irrigation 
but with advances in technologies and inaccessibility to 
surface water, the use of groundwater has increased stead
ily. This shift to groundwater use comes with increased 
energy demand and lowered groundwater levels.

Energy is a dominant cost factor in the provision of 
water and wastewater facilities with estimates of 55% of 
water utilities operating budget being attributed to the 
energy cost [IRENA, 2015]. Water purification for indus
trial processes and human consumption requires energy 
and the amount of energy required depends on the source 
of water. For example, the purification of lake, river, or 
groundwater consumes less than 1 kWh/m3 of potable 
water while purification of seawater can be as high as 
8 kWh/m3 [IRENA, 2015].

1.3.2. Water–Food Interactions

The accessibility and availability of water determine 
the agricultural characteristics of a given locality and the 
world as a whole. Water is necessary for food production, 
preparation, and consumption while changes in food 
consumption patterns or agricultural practices can create 
a strain on water security. Agriculture can be considered 
as the largest consumer of freshwater supplies, account
ing for approximately 70% of consumption [Ooska News, 
2011]. Water is not only used for growing food crops (i.e., 
irrigation) but also for processing, distribution, retailing, 
and consumption [IRENA, 2015]. Agricultural practices 
also affect water resources via water pollution through 
fertilizers and pesticides, which in turn affects agriculture 
itself, thus forming a vicious cycle. Though agriculture 
accounts for a large share of freshwater withdrawal, most 
of the water is returned to the surface or groundwater 
along with pollutants [IRENA, 2015].

The generation of waste or polluted water is unavoidable 
whenever food is handled, processed, packed, distributed, 
or stored. It was estimated that the consumption of water 
in the food industry in England is around 250 million m3 
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Figure  1.6 Water withdrawal and consumption for primary fuel extraction, processing, and transportation. 
Source: IRENA [2015], “Renewable Energy in the Water, Energy & Food Nexus.”
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(MCM) for 2006 [Klemes et al., 2008]. The cost incurred 
during supply and disposal could be minimized by reducing 
the amount of wastewater, which can also lead to saving 
the loss of potential revenue.

1.3.3. Energy–Food Interactions

The energy–food interaction is more visible and easily felt 
in the modern context as the variations in food prices are 
strongly linked to oil price variations [Bazilian et al., 2011]. 
This is not surprising as the agri‐food supply chain accounts 
for 30% of the world’s energy consumption [IRENA, 2015]. 
The main share of the energy consumed in the food sector 
is required for activities related to processing, distribution, 
preparation, and cooking. Energy is also accounted for in 
energy‐intensive products such as pesticides and fertilizers. 
High‐yield agriculture is heavily dependent on synthetic 
nitrogen‐based fertilizers, which are almost entirely 
produced using natural gas [ADB, 2013].

The growing demand for food will be due to the growing 
population, improved lifestyle, and further mechanization 
of the food supply chain. The main challenge in the food 
sector with meeting the growing demand is not actually an 
increase in food production but rather a reduction in food 
wastages. The Food and Agricultural Organization (FAO) 
reported that approximately one‐third of edible food pro
duced for human consumption is lost or wasted [IRENA, 
2015]. This accounts for a loss in not only embedded 
energy but also embedded water and contributes to green
house gas (GHG) emissions.

Food‐processing industries also consume a significant 
amount of  energy for heating and cooling during pro
cessing and storage of  food products. For example, 20% 
of  energy in the dairy industry is used for cooling and 
80% for heating purposes. Energy consumption of  the 
food industry in the United Kingdom is estimated at 
126 TWh/year, which is equivalent to 14% of energy con
sumption in the country [Klemes et al., 2008]. Similarly, 
the premium energy in the form of biogas can be produced 
from the effluent of  food‐processing plants by running 
anaerobic digestors. The quality and quantity of  gas 
production depends on the balance of  organic materials 
and process management ranges from 150 to 600 L/kg of 
volatile solids [Burton and Turner, 2003]. Pure methane 
has a thermal energy of  53 MJ/kg. Studies show that fuel 
can be generated from the utilization of  organic waste 
[Bianchi et al., 2006].

1.4. THE NEED FOR THE WATER‐ENERGY‐FOOD 
(WEF) NEXUS

There are still 1.2 billion people who lack access to elec
tricity, 783 million people without access to potable water, 
and 842 million people who suffer from chronic hunger 

[IRENA, 2015]. Developing countries are expected to see 
a rise in population and consumption in both developing 
and developed countries is becoming more resource‐
intensive. By 2050, it is expected that global energy 
demand will double, with water and food demand increas
ing by over 50% [IRENA, 2015]. Climate change impacts 
such as global temperature increase and extreme weather 
conditions further compound the challenge of meeting 
the growing demand.

As the planet approaches the sustainable limit of its 
resources, competition and scarcity of the resources will 
become more predominant. There is a likely possibility 
that economic growth will soon be constrained by short
ages of one or more of these resources. Therefore, water 
security, energy security, and food security have already 
been on national and international agendas for quite 
some time.

The amalgamation of  water, energy, and food in a 
“nexus” framework in order to increase resource effi
ciency can be considered as a necessary way forward in 
achieving the SDGs. It enables us to take into considera
tion the impacts of  a decision for one sector on itself  as 
well as on the other sectors.

The best case example of a complex interaction of the 
nexus is the emerging trend of biofuels as an energy 
source in the transport sector. Biofuel production raises 
the conflict of the use of limited water and land against 
growing food for human consumption.

1.5. STRUCTURE OF THIS BOOK

In the context of  the need to better understand, 
operationalize, and practice the nexus approach for 
resource use efficiency vis‐à‐vis the lack of  adequate 
knowledgebase and publications in the arena, this book 
aims to contribute to the global debate on WEF nexus 
through knowledgebase generation. A single volume of 
the book covers theoretical and/or conceptual aspects 
of  the WEF nexus, ways to overcome operational chal
lenges of  the nexus approach to resources management, 
cases of  the nexus approach in practice from different 
regions of  the world, and opinions on the future of  the 
nexus agenda. The book is divided into four sections 
and 19 chapters. The first section on “understanding the 
nexus” contains five chapters focusing on the need of  a 
nexus approach; its evolution as a policy and develop
ment discourse; its contribution to better water manage
ment and limitation; the emergence of  a new paradigm 
in the nexus approach; and the urban nexus. The second 
section “operationalizing the nexus” contains six chap
ters focusing on modeling techniques; available tools/
models in practice; governing the nexus; the role of 
international cooperation in operationalizing the nexus; 
framing nexus cooperation issues in the transboundary 
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context; and cases of  energy‐centric operationalization 
of  the nexus. The third section on the theme of  “nexus 
in practice” covers seven chapters and focuses on vari
ous types of  case studies of  WEF nexus in various 
geographical regions of  the world. Finally, the fourth 
section called “future of  the nexus agenda” contains 
only one chapter focusing on how the nexus approach 
can help achieve the SDGs or the 2030 Agenda.

REFERENCES

2030 Water Resources Group (2009), Charting our water future: 
Economic frameworks to inform decision‐making.

ADB (Asian Development Bank) (2013), Thinking about Water 
Differently: Managing the Water‐Energy‐Food Nexus, ADB, 
Bangkok.

Alexandratos, N., and J. Bruinsma (2012), World Agriculture 
Towards 2030/2035: The 2012 Revision, FAO, Rome.

Bazilian, M., H. Rogner, M. Howells, S. Hermann, D. Arent, D. 
Gielen, P. Steduto, A. Mueller, P. Komor, R. S. J. Tol, and K. 
K. Yumkella (2011), Considering the energy, water and food 
nexus: Towards an integrated modelling approach, Energy 
Policy, 39(12), 7896–7906, doi:10.1016/j.enpol.2011.09.039.

Bianchi, M., F. Cherubini, A. De Pascale, A. Peretto, and B. 
Elmegaard (2006), Cogeneration from poultry industry 
wastes: Indirectly fired gas turbine application, Energy, 
31(10), 1417–1436.

Bonn2011 Conference (2011), Messages from the Bonn2011 
Conference: The water, energy and food security nexus—
solutions for a green economu.

BP (2016), BP energy outlook 2016: Outlook to 2035.
Burton, C. H., and C. Turner (2003), Manure Management: 

Treatment Strategies for Sustainable Agriculture, Editions 
Quae ed., Silsoe Research Institute, Bedford.

FAO (Food and Agricultural Organization) (2014), The Water‐
Energy‐Food Nexus: A New Approach in Support of Food 
Security and Sustainable Agriculture, FAO, Rome.

IRENA (The International Renewable Energy Agency) (2015), 
Renewable energy in the water, energy and food nexus, 
IRENA, Abu Dhabi.

Klemes, J., R. Smith, and J.‐K. Kim (2008), Handbook of Water 
and Energy Management in Food Processing, Elsevier, 
Burlington, MA.

Ooska News (2011), Conference synopsis, paper presented at the 
Bonn2011 conference: The water, energy and food security 
nexus—solutions for the green economy, Bonn, Germany.

UNESCO (United Nations Educational, Scientific and 
Cultural Organization) (2015), The United Nations World 
Water Development Report 2015: Water for a Sustainable 
World, UNESCO, Paris.

Union of Concerned Scientists (2010), The energy‐water collision: 
10 things you should know.

Walsh, B. P., S. N. Murray, and D. T. J. O’Sullivan (2015), The 
water energy nexus, an ISO50001 water case study and the 
need for a water value system, Water Resour. Ind., 10, 15–28, 
doi:10.1016/j.wri.2015.02.001.

0003116743.INDD   10 6/29/2017   8:58:34 AM



5

Lithospheric Discontinuities, Geophysical Monograph 239, First Edition. Edited by Huaiyu Yuan and Barbara Romanowicz.  
© 2019 American Geophysical Union. Published 2019 by John Wiley & Sons, Inc.

1

1.1. INTRODUCTION

Major seismic discontinuities both bound the transition 
zone (~410 to ~660 km) and occur within it. In this depth 
range, the seismic discontinuities are attributed mostly to 
phase transformations in the major mantle minerals [e.g., 
Ringwood, 1991]. In contrast, the volumetrically domi-
nant upper‐mantle mineral olivine suffers no phase trans-
formations shallower than ~410 km. (There is a phase 
transformation in pyroxene ((Mg,Fe)SiO3), the second 
most abundant mineral in the upper mantle, but the 
influence of this phase transformation on seismic‐wave 
velocity is relatively minor [e.g., Matsukage et al., 2005].) 
Several seismic features interpreted as discontinuities, how-
ever, have been reported in the upper mantle [e.g., Thybo 
and Perchuć, 1997; Kawakatsu et  al., 2009; Rychert and 

Shearer, 2009; Tauzin et  al., 2010; Beghein et  al., 2014; 
Hopper and Fischer, 2015; Wei and Shearer, 2017], among 
which we focus on two well‐documented discontinuities 
in the upper mantle: the lithosphere–asthenosphere 
boundary (LAB) in both oceanic and continental upper 
mantle and the mid-lithosphere discontinuity (MLD) in 
the continental upper mantle.

At both the LAB and the MLD seismic velocities 
decrease with depth. Both the LAB and the MLD have 
been attributed to the onset of partial melting [e.g., 
Anderson and Spetzler, 1970; Thybo, 2006], layering in 
anisotropy [e.g., Yuan and Romanowicz, 2010b], layering 
in chemical/mineralogical composition [e.g., Selway 
et  al., 2015], the smooth temperature dependence of 
seismic velocities including the influence of anelastic 
relaxation [e.g., Gueguen and Mercier, 1973; Faul and 
Jackson, 2005], and physical dispersion associated with 
temperature and water‐dependent anelasticity facilitated 
by elastically accommodated grain‐boundary sliding 

On the Origin of the Upper Mantle Seismic Discontinuities

Shun‐ichiro Karato and Jeffrey Park

ABSTRACT

Recent high‐frequency seismological studies revealed enigmatic structures in the upper mantle: the mid-lithosphere 
discontinuity (MLD) in the old continents and the oceanic lithosphere–asthenosphere boundary (LAB) at 
relatively shallow depth. Both discontinuities occur at relatively low temperatures (~1000 °C) making it difficult 
to attribute them to partial melting. Also the inferred relatively sharp and large velocity drop at these boundaries 
is difficult to explain with conventional smooth temperature‐dependent elastic and anelastic  properties from an 
absorption‐band Q model. Models that go beyond these two mechanisms are needed to explain these characteristics 
of  the MLD and the LAB. Three models are reviewed: (a) layered anisotropy, (b) layered composition, and 
(c) elastically accommodated grain‐boundary sliding (EAGBS). A layered anisotropy model is difficult to 
 reconcile with the presence of these discontinuities for diverse ray geometries, and a layered  composition model 
is not supported by the petrological/geochemical observations. EAGBS can explain globally observed substan-
tial velocity drop at a modest temperature. This model implies that the link between seismic‐wave velocity and the 
long‐term creep strength is indirect, and predicts a peak in attenuation near these boundaries. However, exper-
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6 LITHOSPHERIC DISCONTINUITIES

[Karato, 2012; Karato et al., 2015]. These models differ in 
their implications for the geological significance of  the 
LAB and the MLD. Therefore it is important to under-
stand which mechanisms may cause these discontinuities.

In this chapter, we review geophysical observations on 
upper mantle discontinuities and their interpretation in 
terms of elastic and nonelastic properties of rocks. In the 
next section (section 1.2), we review seismological obser-
vations on these discontinuities and emphasize the impor-
tance of using a broad range of mutually complementary 
seismological approaches (e.g., high‐frequency body 
waves, low‐frequency surface waves). Also, we will briefly 
summarize magnetotelluric (MT) observations on 
electrical conductivity as far as it is related to the MLD 
and the LAB (see also Chapters 2 and 5). In section 1.3 
we review geological (and petrological) observations 
related to the MLD and the LAB. We review various 
models of the LAB and the MLD in section 1.4, including 
chemical layering, partial melting, and solid‐state relaxa-
tion. A detailed account of the EAGBS (elastically 
accommodated grain‐boundary sliding) model is 
provided in section 1.5. In section 1.6 we evaluate each 
model by comparing seismological (and other) observa-
tions with the predictions for each model. Finally in sec-
tion 1.7 we discuss possible directions of future studies.

1.2. SEISMOLOGICAL OBSERVATIONS RELEVANT 
TO THE LAB AND THE MLD

1.2.1. General Introduction: Long Wavelength Versus 
Short Wavelength Seismology

In order to understand the origin of various disconti-
nuities, several seismological observations can be used to 
complement geological observations of rocks in Earth’s 
interior and the MT observations on electrical conduc-
tivity. These seismological observations include (a) the 
depth, (b) the sharpness, and (c) the magnitude of velocity 
change. In addition, (d) distribution and nature (geom-
etry) of seismic anisotropy and (e) distribution of seismic 
attenuation will also provide data to evaluate models. In 
this section, we provide a review of various seismological 
approaches to address these issues, with specific examples 
from both oceanic and continental upper mantle.

The sharpness of and the velocity contrast across the 
mantle discontinuities place important constraints on 
the  models to explain them. Their resolution is highly 
sensitive to the method used, particularly to the frequency 
(wavelength) of the seismic waves. In body‐wave seis-
mology, relatively high frequencies (short wavelengths) 
are used, whereas in surface‐wave seismology to reveal 
global structure, low‐frequency (long‐wavelength) waves 
are used. For example, with a seismic wave of 1 s period, 
the wavelength for shear waves is ~4–5 km in the upper 

mantle, whereas for a seismic wave of 100 s period, the 
wavelength will be ~400–500 km. The spatial resolution 
of Earth’s structures that can be revealed by each type of 
wave is different, as shown in Figure 1.1.

Different types of seismic waves are used to investigate 
different regions, and consequently it is essential to 
understand the resolution of each study to develop a 
comprehensive model for the mantle. For example, as we 
discuss in the next section, early studies on the oceanic 
upper mantle used long‐wavelength surface waves that 
revealed global structures with poor depth resolution, 
whereas recent studies using ocean‐bottom seismometers 
utilize short wavelength waves that reveal fine‐scale 
structures.

Scattered waves offer a direct inference of  sharp 
lithospheric interfaces. Revenaugh and Jordan [1991a–c] 
inferred scattered waves within near‐vertical ScS rever-
berations to infer mantle transition‐zone interfaces at 
410 km and 660 km and, in oceanic regions, a negative 
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Figure 1.1 Schematic diagrams of velocity–depth profiles. (a) A 
case where an anomalous layer is present with a sharp top 
boundary but with gradual change in velocity at a deeper region. 
(b) A case where there is a thin low‐velocity region with sharp 
boundaries at both top and bottom. Blue lines are velocity–depth 
profiles caused by relatively sharp changes in velocity with depth. 
These features can be resolved using high‐frequency (short wave-
length) waves, but using low‐frequency (long wavelength) waves 
these details cannot be resolved and models with smooth depth 
variation (shown by red curves) would explain seismological 
observations. Note also that if a velocity–depth variation contains 
two sharp boundaries (as in (b)), high‐frequency seismic records 
would show both boundaries but in low‐frequency records only 
one boundary (or no sharp boundary) would be seen (as in (a)). 
The estimate of the magnitude of velocity change also depends on 
the frequency of seismic waves. With a long‐wavelength record, it 
is not possible to distinguish a large and a sharp velocity change 
from small and distributed (smooth) velocity change. (See 
electronic version for color representation of the figure.)

0004167983.INDD   6 10/11/2018   8:51:02 PM



ON THE ORIgIN Of THE UPPER MaNTLE SEISMIC DISCONTINUITIES 7

velocity step at ~60 km depth that they named the 
Gutenberg discontinuity. ScS reverberations in 
continental regions showed no evidence of the 60 km fea-
ture. Although inferred as a sharp interface, the seismic 
deconvolution to detect scattered waves used a low‐pass 
filter with a 40 mHz corner frequency (25 s period), so 
that a 30 km velocity gradient would appear “sharp” 
[Bagley and Revenaugh, 2008]. The low‐passed ScS decon-
volution would plausibly miss the thin low‐velocity zone 
features within continental lithosphere inferred from 
body‐waveform modeling [e.g., Given and Helmberger, 
1980]. A subsequent ScS study by [Gaherty et al., 1999] 
argued that the Gutenberg discontinuity is prevalent only 
beneath oceans. Interpreting a suite of tomographic 
models from surface waves and long‐period shear waves, 
Gung et al. [2003] proposed that the LAB globally repre-
sents a transition from stiff  lithosphere into deforming 
anisotropic asthenosphere, at the Gutenberg discontinuity 
(60–80 km depth) beneath oceans, and at the Lehmann 
discontinuity (200–250 km depth) beneath stable conti-
nents, see also [Eaton et  al., 2009]. Along this line of 
investigation, no MLD was detected.

Receiver functions have good potential for quantifying 
the sharpness of lithospheric interfaces, particularly 
using the higher frequency signals available in P waves 
(see also Chapter 8). Crustal reverberations, however, can 
obscure upper‐mantle interfaces in P receiver functions 
[Zhu and Kanamori, 2000; Park and Levin, 2016], so 
attention to epicentral moveout effects (effects on the 
traveltime differences among different stations in an array 
measurement) is critical. S‐to‐P scattered phases in Sp 
receiver functions precede the main S wave, avoiding 
reverberations.

The most clear evidence for an abrupt change in elastic 
properties at the base of the lithosphere, or within it, 
comes from scattered teleseismic body waves, e.g., precur-
sors to PP and SS waves from reflections at interfaces 
prior to a free‐surface bounce‐point, and S‐to‐P and P‐
to‐S converted phases at interfaces, arriving respectively 
as a precursor to the direct S phase or within the coda of 
the P wave. The frequency content of scattered waves is 
key to resolving the sharpness of boundaries [Olugboji 
et  al., 2013]. If  scattering is distributed evenly within a 
transition layer corresponding to the seismic wavelength 
at oscillation period T, the observed wave amplitude will 
be dampened by phase cancellation. Scattering within a 
transition layer corresponding to half  a wavelength 
will  suffer no cancellation, and the observed signal will 
not easily be distinguishable from a zero‐thickness 
discontinuity. For an SS precursor of  10 s period scat-
tered from the lithospheric mantle (VS ~4.7 km s−1), 
accounting for two‐way traveltime through a ~24 km gra-
dient layer will predict substantial cancellation, and a 
~12 km gradient zone will resemble a “sharp” interface. 

For receiver functions, the accumulation of Ps delay time 
corresponds roughly to 10 km s−1 in the upper mantle, 
leading to substantial cancellation at 1 s period for a 
10 km transition layer, and 5 km thickness as “sharp.” For 
S receiver functions the Sp precursor time accumulates at 
the same rate, so that a 5 s period Sp phase cancels over a 
50 km transition, and a 25 km transition is “sharp.”

1.2.2. Some Examples: Isotropic Velocity–Depth 
Models

1.2.2.1. Oceanic Upper Mantle
Using the traveltime records of refracted and reflected 

body waves is a classic technique to determine Earth’s 
structure [e.g., Lay and Wallace, 1995]. Where there is a 
low‐velocity layer, however, body‐wave raypaths refract 
downward through the layer without bottoming, leaving 
the details of the velocity inversion invisible to the travel-
time curve. Indeed, the presence of a low‐velocity layer in 
the upper mantle (now referred to as the asthenosphere) 
was inferred indirectly based on the absence of seismic 
signals at a certain range of distance between the source 
and the receiver by Gutenberg [1926].

Consequently, surface waves are typically used to infer 
the velocity structure of the low‐velocity layer such as the 
asthenosphere. In these studies, records of surface waves 
for a broad range of frequency are used, and the fre-
quency‐dependence of phase velocity is inverted for the 
depth‐dependent velocity [e.g., Kanamori and Press, 1970; 
Forsyth, 1975, 1977; Yoshii et  al., 1976]. Study of the 
structures of deep regions requires the use of long‐ 
wavelength (low‐frequency) waves. This poses a serious 
limit for the depth resolution of the velocity structure, as 
discussed previously (see Figure 1.1).

The studies cited above show a smooth transition 
from the lithosphere to the asthenosphere, including 
the age dependence of  the transition depth (Figure 1.2). 
Such a feature, including the age dependence of  the 
structure of  the oceanic lithosphere, can be explained 
by various models that include a smooth reduction of 
velocity due to temperature increase [e.g., Gueguen and 
Mercier, 1973; Schubert et al., 1976; Yoshii et al., 1976; 
Parsons and McKenzie, 1978; Faul and Jackson, 2005; 
Priestley and McKenzie, 2013; see also Chapter  6] 
(Figure 1.3).

High‐frequency waves are now used more commonly in 
investigations of the oceanic upper mantle, partly due to 
the development of ocean‐bottom seismometers (OBS) 
[e.g., Shimamura and Asada, 1976] that have the ability to 
detect subtle but sharp changes in seismic‐wave velocities. 
Such studies have revealed more details of the velocity–
depth profile of the oceanic upper mantle, including the 
sharp and large velocity drop at the oceanic LAB.

0004167983.INDD   7 10/11/2018   8:51:02 PM



8 LITHOSPHERIC DISCONTINUITIES

Kawakatsu et al. [2009] imaged an interface that dipped 
with the subducting Pacific Plate beneath northern 
Honshu, Japan based on the data collected by the land‐
based Hi‐Net seismographic network and seafloor OBS 
stations using both Ps and Sp receiver functions (RF). 
Expressed as a distinct pulse by using data with periods 
as short as 3 s, the sharpness of the interface implied a 
transition no thicker than 10–15 km, suggesting a plate 
thickness that ranged from 55 km to 80 km, respectively, 
for plate ages from 20 Ma to 130 Ma. Using long‐running 
permanent stations Kumar and Kawakatsu [2011] detected 
the LAB beneath subducting slabs with RFs from the 
Ryukyu Islands to California around the coastline of the 
northern Pacific, confirming the depth range, sharpness, 
and magnitude of velocity drop. Olugboji et  al. [2016] 
identified the LAB from data collected by ocean‐bottom 
seismometers, mostly on the Philippine Sea plate, with a 
multiple‐frequency RF estimator for Ps converted waves 
that detected variations in interface sharpness from 2 to 
10 km thickness.

An example of the velocity profile of the old oceanic 
upper mantle is shown in Figure 1.4a. In contrast to the 
results from long‐wavelength (long‐period) seismic waves, 
where velocity changes smoothly with depth (Figure 1.2), 
a sharp and large velocity drop is seen at ~80 km depth in 
the old oceanic upper mantle (~130 Ma) when short‐
wavelength (short‐period) seismic waves are used. In the 
old oceans, the depth at which such a sharp and large 
velocity drop occurs is nearly independent of the age of 

the ocean floor, whereas the depth increases with age in 
young oceans [e.g., Kumar and Kawakatsu, 2011; Rychert 
et al., 2012; Olugboji et al., 2016] (Figure 1.4b). A similar 
structure was also inferred using waveform analysis of 
differences in multiply reflected waves from the Pacific to 
infer a sharp and large velocity drop at ~60 km depth [Tan 
and Helmberger, 2007]. The temperature corresponding 
to these depths can be estimated by a thermal model of 
the oceanic lithosphere to be ~800–1000 °C [e.g., 
McKenzie et al., 2005].

Some more detailed results were reported for the oce-
anic upper mantle. Mehouachi and Singh [2018] infer 
from an equatorial Atlantic marine‐reflection study a 
low‐velocity channel with 12–18 km thickness and 8.5% 
drop in Vp, the upper surface of which deepens from 
72 km in 40 Ma oceanic lithosphere to 88 km in 70 Ma 
oceanic lithosphere. In the open Pacific Ocean near the 
Shatsky Rise, Ohira et  al. [2017] interpret reflectors at 
~50 km depth from marine reflection and refraction data 
as packages of low‐velocity rock associated with what 
they term “oceanic MLDs.” These features also involve 
thin layers, likely to be expressed weakly in receiver 
functions at periods T > 2 s. but the global significance of 
these detailed structures is unknown.

Global‐scale studies by Tharimena et al. [2016, 2017a,b] 
report the effect of lithospheric interfaces in precursors 
to SS waves. With dominant wave periods ~20 s, 
Tharimena et al. [2017a] reported 3–15% drops in VS over 
potentially a 21 km transition at depths that subside from 
30 to 60–80 km depth from mid‐ocean ridges to ~36 Ma 
seafloor, and flattens beneath older seafloor. The feature 
is characterized as “sharp” because thermal variations 
with depth are too smooth to explain it. Tharimena et al. 
[2017b] detected similar features in low‐passed stacked 
SS precursors beneath old continents. These SS precur-
sors imply a large velocity drop at the relatively shallow 
(and cold) regions, and together with the results shown in 
Figure 1.4 these observations provide key constraints to 
understanding the origin of the LAB.

1.2.2.2. Continental Upper Mantle 
By modeling the traveltimes and waveforms of 1–10 s P 

waves in the tectonically active southwestern United 
States, Burdick and Helmberger [1978] favored a VP model 
with a lithospheric “lid” that overlies a low‐velocity 
asthenosphere at ~60 km depth. Although some trade‐offs 
in model parameters were acknowledged, Burdick and 
Helmberger [1978] argued that their P waveforms had 
resolved a sharp interface, a feature that we would now 
call the continental LAB. Benz and McCarthy [1994] con-
firmed the LAB sharpness in this region with data from 
the Polar Anglo‐American Conjugate Experiment (PACE) 
active‐source field experiment. The velocity drops inferred 
for the asthenosphere in these and other studies of the 1970s 
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Figure 1.2 A seismic structure of the oceanic upper mantle based 
on long‐period (20–125 s) surface waves: VSv is the velocity of 
 vertically polarized S‐wave. (After Nishimura and Forsyth [1989].)
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were substantial, often 5–10%. Parsons and McKenzie [1978] 
argued that these velocity drops were too large to be 
explained by thermal effects alone, and suggested that 
partial melt pervades the asthenosphere.

Later studies have provided a rich data set on the struc-
tures of the continental upper mantle. These studies have 

revealed a large regional variation in seismic structure of 
the continents. In active regions with extension tectonics 
(e.g., the Basin and Range region in the United States) 
the high‐velocity lid (the lithosphere) is thin, whereas in 
the stable continents the lithosphere is thick [e.g., Grand 
and Helmberger, 1984; Artemieva, 2011].
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Figure 1.3 Seismic‐wave velocity versus depth relationship. (a) A model of seismic‐wave velocity in the oceanic 
upper mantle based on models of the temperature and pressure dependence of seismic‐wave velocity where only 
the anharmonic effect (effect of thermal expansion) is included. VP is P‐wave velocity, VS is S‐wave velocity. (After 
Schubert et al. [1976]. Reproduced with the permission of Wiley.) (b) A S‐wave velocity versus depth profile of 
the oceanic upper mantle showing the influence of various processes: AH, anharmonicity (effect of thermal 
expansion); AN, anelasticity (effect of viscous dissipation). The influence of AN is included only through the 
absorption band model. In this case the influence of AN is limited to less than V

V
Q 1 and is small (Faul and 

Jackson [2005] provided essentially the same results as a model of AH + AN, although we argue in the text that 
their model of grain‐size sensitivity of seismic‐wave velocity is questionable). (After Karato and Jung [1998]. 
Reproduced with permission of Elsevier.)
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Figure 1.5 shows a reference velocity–depth model of 
stable (SNA) and tectonically (TNA) active regions of 
the continental lithosphere, as determined by S and SS 
waves with 5–10 s period [Grand and Helmberger, 1984]. 
A  small velocity reduction is noted in TNA regions at 
~100 km depth and SNA regions at ~150–200 km, how-

ever, the velocity–depth relation is nearly flat in the depth 
range of 50–150 km in the stable continents in this model.

Thybo and Perchuć [1997] reported a substantially 
 different velocity–depth profile. They performed long‐
baseline refraction surveys in stable continental regions 
to document a loss of sharp‐onset P waves at downrange 
distances between 8° and 11°, consistent with depressed 
VP between ~100 km depth and the Lehmann discontinuity 
in all old continents studied, including Europe, North 
America, and Eurasia, and suggested that this is a global 
structure.  Thybo [2006] summarized attempts to model 
refraction data with complex finite‐difference synthetic 
seismograms, and argued that small‐scale scatterers per-
vade the low‐velocity layer at around ~100 km depth in 
the stable continents (Figure 1.6a).

Thybo’s [2006] inference has been confirmed by a 
number of later studies using converted waves (RFs; 
Figure 1.6b) [e.g., Rychert and Shearer, 2009; Abt et al., 
2010]. These studies identified interfaces within the depth 
range 60–130 km at which velocity drops 6–9%. Ford et al. 
[2010] and Abt et al. [2010] confirmed the observations of 
such interfaces across Australia and North America with 
RFs for Sp and Ps and concluded that they were expres-
sions of a MLD distinct from the LAB, which would 
occur at a greater depth in these regions. Further observa-
tions established the global character of the MLD, with 
RF studies in East Africa [Wölbern et al., 2012], China 
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Figure 1.4 Seismological models of the lithosphere–asthenosphere boundary. (a) A velocity–depth model for 
~130 Ma oceanic upper mantle in the Pacific based on the receiver function (RF) observations (T ~3 s for SP RFs;). 
The shear‐wave velocity drop at the LAB is 7–8% that occurs sharply (<15 km thickness). LVL, low‐velocity layer. 
(After Kawakatsu et al. [2009]. Reproduced with permission of American Association for the Advancement of 
Science.) (b) The LAB depth–age relationship. The LAB is located at a relatively cold isotherm, T = 900 ± 200°C. 
The LAB depth is dependent on age in the young ocean, but it is only weakly dependent on age in the old ocean. 
G, Gutenberg discontinuity. (After Rychert et al. [2012]. Reproduced with the permission of Wiley.)
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Figure  1.5 Velocity–depth models of the continent (North 
America) by [Grand and Helmberger, 1984] based on long‐
period S and SS waves (5–10 s period): TNA, tectonically active 
regions (Basin and Range region); SNA, stable cratonic regions.
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[Chen et  al., 2014], Scandinavia [Frassetto and Thybo, 
2013], Tibet [Shen et al., 2017], southern Europe [Knapmeyer‐
Endrun et al., 2017], Namibia [Yuan et al., 2017], India 
[Mandal, 2017], and denser coverage in North America 
[Chen et al., 2018; Hopper and Fischer, 2015].

Calò et  al. [2016] combined RFs and surface‐wave 
dispersion measurements into a Monte‐Carlo inversion 
scheme that they applied to data from 30 long‐running 
seismographic stations in North America—seeking 
 evidence for the LAB and the MLD with RFs and con-
straining average seismic velocities with surface‐wave dis-
persion. Similar to Gaherty et  al. [1999], this study 
 formulates a general taxonomy of upper‐mantle seismic 
discontinuities, reporting a number of velocity inversions 
in the depth range of 60–150 km. The inferred velocity 
profiles of stations in tectonically stable continent have 
more and deeper discontinuities than those in actively 
deforming terranes, in addition to a generally higher 
average VS.

The joint inversion of RFs and surface‐wave dispersion 
will likely aid greatly the interpretation of seismic features 
associated with the LAB and various MLDs. Although 
upper‐mantle velocity inversions based primarily on sur-
face‐wave dispersion [Priestley and McKenzie, 2006; 
Darbyshire et  al., 2007; Pedersen et  al., 2009; Lin et  al., 
2016; see also Chapter  6] typically interpret a shallow 
LAB as gradational or miss the MLD entirely, dispersion 
observations can also be fit with low‐velocity depth ranges 
that are bounded by sharp interfaces [Dalton et al., 2017]. 
The take‐away message is that surface‐wave dispersion 
can be fit with either sharp or gradational interfaces, and 
therefore cannot discriminate them well.

Tharimena et  al. [2016] used SS precursors to infer 
velocity inversions below the Ontong Java Plateau (OJP) 
at roughly 80 km and 280 km depths, matching the pattern 
of the MLD and LAB under continents. The SS stacks 
for the OJP are modeled with sharp interfaces but could 
be fit with broader transitions.

1.2.3. Anisotropy

The one‐dimensional Preliminary Reference Earth 
Model (PREM) [Dziewonski and Anderson, 1981] con-
tains an anisotropic layer in the top 220 km where SV 
wave (vertically polarized S‐wave) velocity is slower than 
that of SH wave (horizontally polarized S‐wave) velocity. 
In their model SH/SV radial anisotropy does not change at 
the depths corresponding to the LAB or the MLD.

In one region of the Pacific upper mantle, Tan and 
Helmberger [2007] infer SH/SV anisotropy with a sharp 
upper boundary at the base of their lithospheric lid, but 
most one‐dimensional seismic models lack azimuthal 
anisotropy. Surface waves, shear‐wave birefringence and 
RFs have detected shifts in the orientation of azimuthal 
anisotropy with depth in the shallow mantle, under both 
continents [Levin and Park, 2000; Yuan and Romanowicz, 
2010a,b; Yuan and Levin, 2014] and oceans [Beghein 
et al., 2014; Lin et al., 2016]. We note that Babuška et al. 
[1998], Babuška and Plomerová [1989], Plomerová and 
Babuška [2010], and Plomerová et al. [2002] also reported 
depth‐dependent, tilted anisotropic structure in the con-
tinent using body‐wave traveltime analyses. Although 
there is reason to associate the LAB with a transition 
from a relict anisotropy from lithosphere formation to 
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Figure 1.6 High‐resolution seismic models of the stable continents. (a) A schematic model to explain traveltime 
anomalies. (From Thybo and Perchuć [1997]. Reproduced with permission of American Association for the 
Advancement of Science.). (b) The amplitude of conversion of waves in the cratonic region of the United States. 
The blue region indicates positive velocity–depth gradient, a red region indicates negative. There is a marked 
presence of a low‐velocity anomalies at ~100 km depth, whereas in the depth regions where the LAB is expected 
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Wiley.) (See electronic version for color representation of the figure.)
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12 LITHOSPHERIC DISCONTINUITIES

anisotropy associated with present‐day asthenospheric 
shear, the sharpness of the anisotropic transition is not 
well constrained. Wirth and Long [2014] and Park and 
Levin [2016] report cases where RFs detect both a MLD 
and a change in anisotropy, but at distinct depths.

1.2.4. Attenuation

Different models have different links between velocity 
reduction and attenuation, and therefore observations on 
seismic wave attenuation combined with velocity models 
help identify the mechanisms for the LAB and the MLD. 
In order to understand how to use the observations on 
attenuation to evaluate models, let us review the basics of 
attenuation [e.g., Karato, 2008a; Jackson, 2015].

Attenuation is often characterized by a quantity 
called Q: Q−1 provides a measure of  attenuation 
(Q = 100 means 1% of  energy is lost during one cycle of 
wave propagation). At a very general level, there is a 
relation between elastic and anelastic parts of  wave 
propagation, i.e., the Kramers–Kronig relation, but 
the actual relationship between anelasticity (attenua-
tion) and elasticity depends on the particular physical 
mechanism. To see this, let us consider two cases 
(Figure 1.7). Figure 1.7a is a case of  a standard linear 
solid corresponding to a single peak in anelastic relax-
ation, which corresponds to a single mechanism with a 
single characteristic time. In this case, low velocity 
could correspond either to low or high attenuation 
depending on the frequency.

Figure 1.7b is a case where there is a broad distribution 
of relaxation peaks leading to a weak frequency 

dependence of attenuation and velocity (Q , 0 1), 
the “absorption band model”. In this case, the velocity 
anomaly is related to anelasticity as [e.g., Minster and 
Anderson, 1981]

 

V
V

Q T P C d Q T P C d
1
2 2

1 1cot ,, , , , ,W W
 

(1.1)

where ΔV is the magnitude of velocity reduction, V  is the 
velocity at infinite frequency, T is temperature, P is 
pressure, Cw is water content, and d is grain‐size. Most 
previous analyses of velocity and attenuation for the 
 lithosphere–asthenosphere system assumed the absorption 
band behavior [e.g., Gueguen and Mercier, 1973; Karato 
and Jung, 1998; Faul and Jackson, 2005; Priestley and 
McKenzie, 2013].

In this scenario, low velocity always corresponds to 
high attenuation. Most laboratory studies show this 
behavior [Jackson, 2015], and many seismological obser-
vations also follow this relation [e.g., Anderson and 
Minster, 1979; Shito et  al., 2004]. One important 
consequence of this relation is that it (with 0.3) 
 predicts a small influence of anelasticity on velocity 
anomalies. Therefore an absorption‐band model cannot 
explain a large velocity drop at the LAB (or MLD).

There are two cases, however, where power‐law 
dependence in Q (i.e., the absorption band model) is not 
valid: anelasticity associated with partial melting [Jackson 
et al., 2004] and EAGBS [Jackson and Faul, 2010; Sundberg 
and Cooper, 2010; Karato, 2012; Karato et  al., 2015]. 
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Q–1(ω)
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Q–1(ω)
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An absorption band modelA standard linear solid

Figure 1.7 Two models of anelastic behavior: (a) a standard linear solid that corresponds to the case of a single 
peak; (b) absorption band model that corresponds to a case of distributed peaks. The majority of seismological 
and laboratory observations are consistent with this model, but some exceptions are also observed.
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In  both cases, attenuation has a peak at a certain fre-
quency for a fixed temperature (or at a certain tempera-
ture for a fixed frequency). Therefore detection of such a 
peak will help us identify the mechanisms of formation 
of the LAB or the MLD.

Let us now summarize some key seismological 
observations on attenuation (Figure  1.8). We note 
first that measurements of  attenuation are far more 
challenging than those of  seismic velocities because 
distinguishing true (intrinsic) attenuation from 
scattering (extrinsic) attenuation or other geometrical 
effects is not straightforward [e.g., Fehler et al., 1992; 
Jin et al., 1994; Romanowicz and Mitchell, 2007]. but 
we consider that the following observations are robust 
and important.

1. Generally, attenuation is stronger in the deeper upper 
mantle (~100–300 km). In the asthenosphere QS (Q for 
S‐wave) ~50–100 [e.g., Dziewonski and Anderson, 1981].

2. Attenuation in the oceanic lithosphere is very small: 
QS = 600 [Dziewonski and Anderson, 1981]; QS = 3200 

[Takeuchi et  al., 2017], but substantial attenuation 
(QS = 100–300) is reported in the continental lithosphere 
[e.g, Mitchell, 1995; Dalton et al., 2009].

3. In the asthenosphere, attenuation follows the power 
law relations, which is consistent with absorption band 
behavior [Shito et al., 2004].

4. There is evidence for an attenuation peak in the 
asthenosphere when compared with attenuation in the 
lithosphere [e.g., Takeuchi et al., 2017].

Observation 4 suggests either EAGBS or a localized 
melt‐rich region both of  which would show a peak in 
attenuation within a thin layer near the LAB. Also, 
observations of  modestly high attenuation (QS = 100–
300) in the continental lithosphere are surprising when 
considering that temperatures in the continental litho-
sphere are generally lower than those of  the oceanic 
lithosphere [Sclater et al., 1981]. One possible explana-
tion is the presence of  an attenuation peak in the 
continental lithosphere, as we shall discuss later in 
section 1.6.
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Figure 1.8 Anelasticity (intrinsic QS) of the upper mantle inferred from seismological models. (a) A global model 
based on 50–250 s Rayleigh waves. The data for old continents (~100 km) are for the lithosphere showing QS = 
100–300 (similar QS values are reported by Dalton et al. [2017]). The data for oceans are for the asthenosphere 
and QS = 50–100. (After Dalton et al. [2009]. Reproduced with permission of Elsevier.) (b) A model of the oceanic 
upper mantle based on both 100 s surface waves and P and S waves near 3 Hz: QS for the oceanic lithosphere is 
~1000 depending on the frequency f; QS for the oceanic asthenosphere is less frequency dependent, with QS 
~50–100. QRFSI12 is the attenuation model proposed by Dalton et al [2009]. The dashed lines marked “Yang” 
and “Booth” are attenuation models proposed by Yang et al. [2007] and Booth et al. [2014], respectively, plotted 
over the frequency ranges of their analyzed data. There is a hint of a peak in attenuation at a few Hz in the 
asthenosphere. QRFSI12 is the attenuation model proposed by Dalton et al [2009]. The dashed lines marked 
“Yang” and “Booth” are attenuation models proposed by Yang et al. [2007] and Booth et al. [2014], respectively, 
plotted over the frequency ranges of their analyzed data. (After Takeuchi et al. [2017]: referred to as “This study” 
in the figure. Reproduced with permission of American Association for the Advancement of Science.)
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14 LITHOSPHERIC DISCONTINUITIES

1.3. GEOLOGICAL/PETROLOGICAL 
OBSERVATIONS RELEVANT TO THE LAB AND MLD

1.3.1. The LAB in the Oceanic Upper Mantle

The plate‐tectonics model for the formation of oceanic 
lithosphere provides an important framework within 
which any model for a seismic discontinuity must be com-
patible. Oceanic lithosphere is formed at a mid‐ocean 
ridge where hot materials rise and undergo partial 
melting. After reaching the thermal boundary layer, hot 
mantle rock diverts to near‐horizontal flow and gradually 
cools. This cooled and hence mechanically strong region 
is the oceanic lithosphere.

In addition to cooling, oceanic lithosphere develops a 
distinct chemical composition from the partial melting 
under the mid‐ocean ridge. The nature of this partial 
melting is well understood based on experimental studies 
as well as comparing the chemical compositions of mid‐
ocean ridge basalt and xenoliths from the oceanic upper 
mantle [e.g., Ringwood, 1975]. The major component of 
oceanic lithosphere is harzburgite, a depleted peridotite 
that contains less FeO, Al2O3, and CaO than primitive 
peridotite, as well as less water.

The changes in the major‐element composition listed 
above do not result in substantial velocity changes 
(Figure  1.9) [e.g., Matsukage et  al., 2005; Schutt and 
Lesher, 2006]. In contrast, a change in the water content 
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Figure 1.9 The influence of compositional change due to melt extraction on shear‐wave velocity. After partial 
melting, major element composition (mineralogy) of the residual rocks changes (Mg# increases, garnet content 
decreases), but these changes largely cancel out and the net effect of compositional change is small (< ~1%). 
More drastic changes in composition are required to change the seismic velocity more than a 1–2%. (After Schutt 
and Lesher [2006]. Reproduced with the permission of Wiley.)
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could result in a large change in seismic velocity and 
attenuation [e.g., Karato, 1995, 2003, 2012; Karato et al., 
2015], but this has not been confirmed by laboratory 
studies and will be discussed in detail later in 
section 1.6.

1.3.2. Composition and Evolution of 
the Continental Lithosphere

The composition of  the continental lithosphere 
can  be inferred from the rocks carried from its deep 
interior by ascending melts, called “xenoliths” [e.g., 
Pearson et al., 2003]. In the oceanic regions, xenoliths 
are available only from shallow depths < 60 km, [e.g., 
Nicolas, 1989; Peslier et  al., 2010]. From the 
 continents,  there are many xenoliths that originate 
from depths to ~200 km. In isolated cases, xenoliths 
from the transition zone or the lower mantle have been 
identified [Collerson et al., 2000; Pearson et al., 2014; 
Kaminsky et al., 2015; Nestola, 2017]. We shall focus on 
xenoliths coming from the lithosphere, down to 
~200 km.

Processes that control the composition and mineralogy 
of continental mantle rocks are more complex than those 
of the oceanic upper mantle [e.g., Lee, 2003; Carlson 
et al., 2005; Schutt and Lesher, 2006]. Consequently, there 

is a larger degree of chemical and mineralogical variety in 
rocks in the continental upper mantle. As far as the 
 compositions of dominant peridotites are concerned, 
however, the influence of composition on seismic velocity 
is minor (Figure 1.9).

Exceptions are the rocks formed from the freezing of 
a melt. If  a small degree of  partial melting occurs, then 
a large fraction of  incompatible elements goes to the 
melt, including Fe and H (FeO and H2O) [e.g., 
Ringwood, 1975]. If  these melts solidify to form rocks, 
then seismic velocity could be substantially lower than 
the original rocks because of  high FeO content and a 
large amount of  hydrous minerals; a point discussed 
later in section 1.6.

Another important constraint on the causes of 
MLDs is the distribution of  mantle‐rock ages [Carlson 
et  al., 2005], which elucidate the evolution of  conti-
nents in general. Figure 1.10 displays examples of  Re–
Os dating studies showing that the ages of  mantle 
rocks drawn from the cratonic upper mantle do not 
vary drastically with depth and that the ages do not 
differ greatly from those of  the crust. This implies that 
after its formation, most of  the continental lithosphere 
has remained intact. Therefore, if  extensive metasoma-
tism were to be invoked, it must have occurred before 
the continental crust was formed in the Archean Eon 
(before 2.7 Ga).

2.0–0.9 Ga

Archean kaapvaal craton

Proterozoic Proterozoic

West

Spinel
Garnet

Diamond

East
FL

J    F   K

0.07 0.12 0.151.18
0.09 0.09

0.09

P NL
R A

Crust 2.1–0.9 Ga 3.6–2.7 Ga

2.0
2.2

2.7

2.7

2.7
2.7 2.2

2.3 2.0 3.0

1.9
3.3 2.2

1.6
1.9
1.2
2.2
1.8

2.6
1.9

2.7

2.5
2.2

2.3
2.3

2.5

1.2 2.8

250
km

3.1
0.9

1.5
0.5

2.4

2.12.1
0.6
1.8

2.0

1.7
3.5

2.3
2.6

2.72.7
2.8

1.6

1.6

1.2
1.7
0.8
1.8
1.9

Low-T

High-T

Graphite

Spinel
Garnet2.0

2.2

2.7
2.72 7
2.7 2.2

9.91 91 91.9
3.3 2.2

1.6
1.9
1 2

2.6
1.9

2.7

2.5
2 2 2 3

1.2
1.7
0 8 Low-T

MLD

Figure 1.10 Distribution of ages of mantle rocks in South Africa determined by Re–Os isotope measurements. The 
numbers are the ages (in Ga) determined by Re–Os isotope systematics. In most regions, Re–Os ages in the 
mantle rocks agree roughly with the ages of crust and show small depth variation. Although there are some depth 
variations in the age, there is no clear trend to show younger ages at or near the MLD. (After Pearson [1999]. 
Reproduced with permission of Elsevier.)

0004167983.INDD   15 10/11/2018   8:51:06 PM



16 LITHOSPHERIC DISCONTINUITIES

1.4. MODELS FOR THE LAB AND THE MLD

1.4.1. Partial Melting

Partial melting is an obvious mechanism to reduce 
seismic wave velocities [e.g., Mizutani and Kanamori, 
1964; Spetzler and Anderson, 1968; Anderson and Spetzler, 
1970; Lambert and Wyllie, 1970], but the following condi-
tions need to be met for this model to explain the low 
velocities observed: (a) the physical conditions must be 
consistent with the presence of melt; (b) the melt fraction 
must be sufficient. The critical melt fraction to explain 
the observed velocity reduction depends greatly on the 
geometry of melt in a rock [Stocker and Gordon, 1975; 
Takei, 2002]. For a typical melt geometry in the shallow 
upper mantle corresponding to the dihedral angle of 
20–50° [e.g., Toramaru and Fujii, 1986; Yoshino et  al., 
2009], 2–3% (3–5%) of melt is needed to explain ~2–5% 
(5–10%) of velocity reduction (Figure 1.11). (Holtzman 
[2016] recently proposed that even a very small amount 
of melt (say ~0.1%) can substantially reduce the seismic 
wave velocity—we will evaluate this claim in section 6.)

Maintaining a few percent of melt is not easy in most 
of the asthenosphere [e.g., Hirschmann, 2010; Karato, 
2014], and there are a couple of reasons for this.

1. In most cases, partial melting in the asthenosphere 
depends on volatile components (water, carbon dioxide); 
exceptions are the shallow upwelling regions (<50 km) 
beneath mid‐ocean ridges and hotspots, where decom-
pression melting occurs. The amount of volatiles deter-
mines the amount of melt produced in a closed system 
(batch melting), and typically is less than ~0.3%.

2. When melt migrates, then the amount of melt at any 
point is controlled by the dynamic balance of melt gener-
ation and migration, and as melt migration is easy, the 
amount of melt is small; in the upper mantle beneath a 
mid‐ocean ridge it is estimated to be ~0.1% [Spiegelman 
and Elliott, 1993; Karato, 2014].

For a partial‐melt model to explain a large velocity 
drop, then some mechanisms are needed to accumulate 
melt. One possibility is melt accumulation at the LAB 
[e.g., Hirschmann, 2010] (Figure  1.12a), and another is 
layering of melt‐rich regions by deformation [e.g., 
Kawakatsu et al., 2009] (Figure 1.12b); the plausibility of 
these mechanisms will be discussed in section 1.6.

1.4.2. Chemical/Mineralogical Layering

Layering in the major element composition and/or 
mineralogy is an obvious mechanism to explain a sharp 
velocity change. For this mechanism to be a good model 
for the LAB or the MLD, there must be a large composi-
tional contrast at that boundary. Existing experimental 
studies, however, show that seismic‐wave velocities are 
only weakly dependent on major‐element chemistry and 
mineralogy as far as typical ranges following partial 
melting are assumed (Figure  1.9) [e.g., Lee, 2003; 
Matsukage et al., 2005; Schutt and Lesher, 2006].

There is scant major‐element change in composition 
expected for the LAB, and therefore this mechanism is 
unlikely to be a good model. For the MLD, a large con-
trast in chemistry and/or mineralogy generated by the 
complex processes of continent formation could be 
invoked. Behn and Kelemen [2006] discussed amphibole 
enrichment within igneous rocks of deeply exposed arc 
terranes, which are one of the building blocks of conti-
nents. Rader et  al. [2015] proposed that metasomatism 
has occurred globally in the deep upper mantle (~200 km 
or so), producing volatile‐rich melt. The melt is assumed 
to be buoyant and to migrate upward until it reaches its 
solidus. The melt would solidify as mantle cools to pro-
duce volatile and FeO‐rich rocks at the observed depth of 
the MLD (Figure 1.13).

For this model to explain the MLD, three conditions 
must be met: (a) the velocity drop observed at the MLD 
(2–6%) must be consistent with the compositional varia-
tion; (b) the depth of compositional variation must agree 
with the depth of the MLD; (c) the compositional 
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 variation occurs globally at similar depths. Corollary 
 predictions of this model must be consistent with the rel-
evant observations, which include an increase in electrical 
conductivity across the MLD and geochemical traces of 
this wet mineralogy in mantle xenoliths. We will review 
these issues in section 1.6 in detail.

1.4.3. Layering in Anisotropy

If  there were a sharp change in anisotropy within the 
upper mantle with scarce compositional changes, it would 
resemble a sharp discontinuity in isotropic velocity with 
respect to wave refraction and conversion, but properties 
would vary with the direction of wave propagation 
(Figure  1.14). Evidence for a change in anisotropy has 
been reported by, for example, Yuan and Romanowicz 
[2010b] and Sodoudi et al. [2013].

When anisotropy is caused by lattice‐preferred orienta-
tion (LPO) of minerals, layering in anisotropy may occur 
either by a change in the flow geometry or in the defor-
mation fabrics, or both. Anisotropy may also be due to 

shape‐preferred orientation (SPO) (of  a melt‐rich 
materials), as suggested by Holtzman et  al. [2003] and 
Kawakatsu et al. [2009].

Yuan and Romanowicz [2010b] suggested a change in 
azimuthal anisotropy with depth corresponding to the 
change in flow geometry, and proposed that this is a 
mechanism for a MLD. Kawakatsu et al. [2009] suggested 
that layering in SPO is a cause of the LAB. The validity 
of such models for the LAB and the MLD is discussed in 
section 1.6.

1.4.4. Temperature Effects

Low seismic velocities in the asthenosphere have been 
explained classically by the high homologous tempera-
ture [Birch, 1952; Schubert et al., 1976]. Physical disper-
sion from anelastic effects amplifies this [Gueguen and 
Mercier, 1973; Faul and Jackson, 2005]. These models, 
however, fail to explain the sharp velocity drop at the 
LAB (and the MLD) demonstrated by studies using short 
wavelength body waves. Temperature increases with 

(a)

(b)

Lithosphere

Lithosphere

Figure 1.12 Possible mechanisms of melt accumulation that might explain the large velocity reduction in the 
asthenosphere: (a) melt accumulation at the LAB; (b) melt‐rich layers in the asthenosphere. (After Hirschmann 
[2010]. Reproduced with permission of Elsevier.)
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18 LITHOSPHERIC DISCONTINUITIES

depth smoothly, and therefore velocity drop caused by 
temperature is gradual and could not by itself  explain the 
sharp velocity drop shown by RF studies (Figure 1.3).

1.4.5. Temperature and Water Effects

In order to explain a sharp velocity drop, a sharp 
change in some factor that has a large effect on seismic‐
wave velocity would need to be invoked. Knowing that 
the major element chemistry of the upper mantle does 
not change seismic velocities much [e.g., Lee, 2003; 
Matsukage et al., 2005], a possibility is layering in water 
content. This layering likely arises from the large contrast 
in water (hydrogen) solubility between minerals and melt, 
and to the slow diffusion of hydrogen. A large contrast in 
water solubility causes depletion of water in the solid 
upon partial melting [e.g., Karato, 1986; Hirth and 

Kohlstedt, 1996]. At mid‐ocean ridges the rate of melting 
increases rapidly at ~65 km depth, so there will be a sharp 
contrast in water content in a rock at around this depth 
(water‐poor above this depth, and water‐rich below). 
Hydrogen diffusion is slow (diffusion distance is ~1–10 km 
for ~100 Myr) and therefore this layered structure will be 
maintained for most of the lifetime of an oceanic plate.

Using a close link between plastic deformation and 
anelastic relaxation [e.g., Karato and Spetzler, 1990], 
Karato and Jung [1998] suggested that a sharp change in 
the water content might explain a sharp velocity drop at 
the LAB. If  restricted to the absorption band model, 
however, the magnitude of a velocity drop by this mecha-
nism is limited, as seen from equation (1.1) [e.g., Minster 
and Anderson, 1981; Karato, 1993]. If  Q is 80 [Dziewonski 
and Anderson, 1981] in the asthenosphere, the velocity 
drop is ~1% or less (Figure 1.3), which is far smaller than 
the observed velocity drop (5–10%).
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Figure 1.13 A frozen‐melt model of the MLD. In this model, it is assumed that metasomatism occurred in the 
deep continental upper mantle at the global scale. The hydrous melts thus formed migrated upward until they 
reached the place where temperature is below the solidus (~1000°C). Minerals with low seismic‐wave velocities 
(e.g., amphibole, phlogopite, FeO‐rich pyroxenes) are formed to cause the velocity drop at the MLD. If this model 
is correct, then the age of rocks (frozen melt) near the MLD should be younger than the ages of rocks below and 
above, and rocks from/near the MLD should contain a large amount of low‐velocity minerals such as amphibole, 
phlogopite, or FeO‐rich pyroxenes at the global scale. (After Rader et al. [2015]. Reproduced with permission of 
Elsevier.)
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1.5. ELASTICALLY ACCOMMODATED GRAIN‐
BOUNDARY SLIDING MODEL

The above difficulties led Karato [2010] to invoke 
 “elastically accommodated grain‐boundary sliding” 
(EAGBS) as an alternative model to explain a sharp and 
large velocity drop at the oceanic LAB. When EAGBS 
operates, then the close link between attenuation and 
velocity reduction predicted by the absorption band 
model (equation 1.1) is no longer valid, and the magni-

tude of velocity reduction can exceed V
V

Q 1.

EAGBS is a well‐established physical process that 
occurs during the deformation of a polycrystalline 
material. The basic physics were established in the 1940s, 
and some modifications have been made on theory in the 
subsequent years. Experimental studies have also been 

made in metals, oxides, and silicates. In this section, we 
will provide a brief  review of this model. One major 
advantage of this model is that it predicts a relatively large 
velocity drop (a few to 10%) at a modest temperature. 
Therefore if  this process occurs sharply enough, it could 
explain the key features of LAB (and MLD), namely a 
large and sharp velocity reduction at a modest tempera-
ture on the global scale. In the following, we review the 
basics of EAGBS.

1.5.1. Deformation of a Polycrystalline Material: 
the Role of Grain‐Boundary Sliding

When a deviatoric stress is applied to a polycrystalline 
material, each grain will be deformed corresponding to 
the local stress. When chemical bonding among atoms is 
strong everywhere, then the magnitude of all atomic dis-
placement is small, and deformation is instantaneous and 
recoverable, i.e., elastic. In such a case, the elastic constant 
of a polycrystalline material is some average of the elastic 
constants of individual mineral grains.

At high temperatures and low frequencies, however, 
grain boundaries behave like a viscous fluid and fail to 
sustain shear stresses. Consequently, large stress 
concentration will occur at the vertices of crystalline 
grains, leading to excess strain and, effectively, the 
reduction of elastic constants. Since grain‐boundary 
sliding dissipates energy, seismic waves attenuate when 
this process occurs.

The processes of grain‐boundary sliding are schemati-
cally illustrated in Figure  1.15. The key point is that 
grain‐boundary sliding is accommodated in different 
manners at different stages of deformation. In the initial 
small strain deformation, accommodation is elastic, 
leading to high local stress. This EAGBS leads to a peak 
in attenuation and a reduction in elastic constant (seismic‐
wave velocity). The local high stress caused by elastic 
accommodation is gradually relaxed by diffusional mass 
transport, leading to a distributed relation time and 
weakly frequency‐dependent attenuation (the absorption 
band behavior). Finally, stress distribution and diffu-
sional accommodation will produce a balance, leading to 
steady‐state diffusion creep. Changes in elastic‐wave 
velocity (elastic constant) and attenuation associated 
with these processes are shown schematically in 
Figure 1.16 as a function of frequency of elastic waves.

As illustrated in Figure  1.15, the degree to which an 
elastic constant is reduced by grain‐boundary sliding is 
determined by the degree of stress concentration at the 
mineral scale, which in turn is determined by the grain‐
boundary shape, that is, the orientation of each grain‐
boundary with respect to the applied stress. Consequently, 
the magnitude of reduction in elastic constant (seismic‐
wave velocity) due to EAGSB is independent of grain‐size. 
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Figure  1.14 Schematic diagram showing the role of layered 
anisotropy in causing the velocity reduction. (a) Layering in the 
azimuthal anisotropy. The velocity change at the interface can 
be either positive or negative depending on the nature of 
change in anisotropy but also on the orientation of seismic 
waves. (b) Layering in the radial anisotropy (isotropic layer in 
the deeper part). (c) Layering in the radial anisotropy (isotropic 
layer in the shallow part). (After Karato et  al. [2015]. 
Reproduced with the permission of Springer.)
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Figure  1.15 Schematic diagrams showing the processes of accommodation associated with grain‐boundary 
sliding: σn, normal stress (positive = tension); τa, applied shear stress. (a) Grain‐boundary shape. (b) Stress distri-
bution for elastic accommodation. When grain‐boundary sliding is accommodated by elastic deformation, stress 
concentration occurs at grain‐corners. Sliding eventually stops when stress concentration balances applied stress. 
(c) Stress distribution for diffusional accommodation. High stress is relaxed by diffusional mass transport. Steady‐
state stress distribution is shown that corresponds to steady‐state diffusional creep. Gradual transition from elastic 
to diffusional accommodation leads to transient diffusional creep associated with weakly frequency‐dependent 
anelasticity absorption‐band behavior. (After [Raj and Ashby, 1971]. Reproduced with the permission of Springer.)
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This can be seen in the following equations for the change 
in shear modulus by grain‐boundary sliding [Zener, 1941; 
Raj and Ashby, 1971; Ghahremani, 1980],
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where μrelaxed is the shear modulus of  an aggregate relaxed 
by grain‐boundary sliding,  is the shear  modulus 
corresponding to pure elastic deformation, and ν is 
Poisson’s ratio. Note that these equations do not con-
tain grain‐size.

The transition from unrelaxed (high frequency) to 
relaxed (low frequency) states is associated with a peak in 
attenuation of seismic waves (Figure 1.16). The frequency 
at which this peak occurs is dependent on grain‐size as 
[e.g., Nowick and Berry, 1972],

 
EAGBS

GB W, ;d T P C
 (1.3)

where δ is grain‐boundary thickness, d is grain‐size, and 
ηGB is grain‐boundary viscosity. The presence of a peak 
frequency for attenuation is a unique feature of velocity 
reduction by EAGBS and therefore a potential fingerprint 
of the process.

1.5.2. Experimental Observations on Anelasticity 
Including EAGBS

1.5.2.1. EAGBS
EAGBS was first observed for Al (metal) [Kê, 1947], 

where both energy dissipation and modulus reduction 
were measured. Pezzotti [1999] measured energy dissipa-
tion in Al2O3 and MgO but not the modulus reduction. 
(Modulus reduction can be calculated from energy dissi-
pation using the Kramers–Kronig relationship to show 
that the modulus reduction in these materials is on the 
order of a few percent.) Two papers were published on 

upper mantle materials: Jackson and Faul [2010] (see also 
[Jackson et al., 2014]) on olivine and Sundberg and Cooper 
[2010] on an olivine + orthopyroxene mixture. Both 
energy dissipation and modulus reduction were measured 
in these studies. For olivine‐rich samples with grain‐size 
5–15 µm, a peak in attenuation was observed at around 
900–1000 °C, associated with a substantial modulus 
reduction (Figure 1.17). Jackson and Faul [2010] reported 
~7% reduction in shear modulus, while Sundberg and 
Cooper [2010] reported ~30% reduction.

EAGBS peaks are observed as a small addition to 
“high‐temperature background” (absorption‐band 
behavior), so the detailed nature of the anelasticity is dif-
ficult to parameterize simply. The reasons for differing 
modulus reduction between different laboratory studies 
are unknown. In addition, although theoretical models 
suggest that the magnitude of velocity reduction is 
independent of grain size, some dependence on this 
parameter was seen in experiments.

1.5.2.2. Influence of Water 
A strong influence of water content on the characteristic 

frequency is suggested by experimental observations of a 
close link between anelasticity and creep, although direct 
tests of the influence of water on anelasticity have not 
been conclusive. A study on a natural sample by Aizawa 
et  al. [2008] observed water to strongly enhance anelas-
ticity, while a recent study on synthetic olivine aggre-
gates in the Ti‐dominated regime showed small effects 
[Cline et al., 2018].

Both theoretical consideration and experimental 
results suggest a close link between microcreep (transient 
creep) and anelastic relaxation [Karato and Spetzler, 
1990; Webb et  al., 1999; Tan et  al., 2001; Webb and 
Jackson, 2003; Faul and Jackson, 2015]. Also, theoret-
ical and experimental studies showed a close connec-
tion between transient and steady state creep [e.g., 
Amin et  al., 1970]. Indeed McCarthy et  al. [2011] 
 suggested a direct link between steady state creep 
and  anelasticity for an organic material (borneol). 
Experimental studies showed a substantial effect of 
water (hydrogen) to enhance steady state creep in 
olivine [e.g., Karato et  al., 1986; Mei and Kohlstedt, 
2000a,b; Karato and Jung, 2003]. Consequently, it is 
natural to expect that water enhances anelastic relaxa-
tion in olivine [Karato, 1995, 2003].

There are a few studies on a natural dunite (olivine‐rich 
rock) that support this notion [e.g., Jackson et al., 1992; 
Aizawa et al., 2008]. Interpretation of these earlier studies 
is complicated, however, because a natural rock was used 
and so the chemical environment was not fully controlled. 
In contrast, Cline et  al. [2018] reported results of an 
experimental study on the influence of water on anelas-
ticity where synthetic olivine polycrystals were used. In 
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this study they dissolved hydrogen in their samples in 
combination with Ti, and explored a range of hydrogen 
(and Ti) content as well as oxygen fugacity. They found 
that the influence of hydrogen content is relatively small 
compared to the influence of oxygen fugacity. This is a 
surprising result because the influence of water (hydrogen) 
content (water fugacity) on steady state creep of olivine is 

known to be substantially larger than that of oxygen 
fugacity [e.g., Bai et al., 1991; Karato and Jung, 2003].

The reason for this surprising result is not well under-
stood. One possibility is that the hydrogen‐related defect 
structure and mobility in the Ti‐dominated regime are 
different from the intrinsic regime where the concen-
tration of hydrogen‐related defects is independent of the 
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concentration of impurities (such as Ti). The Ti content 
in the mantle olivine is small (~20–30 ppm wt (TiO2) = 
~30–50 ppm Ti/Si [Pearson et  al., 2003]), much less 
than the inferred water content in the asthenosphere 
(~100 ppm wt (H2O) = ~1500 ppm H/Si [Hirschmann, 
2006]). Consequently, hydrogen‐related defects in Earth 
likely occur in a regime that differs from that studied by 
Cline et  al. [2018]. We expect that the influence of 
hydrogen on physical properties such as anelasticity is 
 different among different regimes. A study to assess the 
differing roles of hydrogen is needed to evaluate the rele-
vance of the results by Cline et al. [2018] to Earth’s upper 
mantle. In addition, the study by Cline et al. [2018] is on 
the absorption band regime and the influence of water on 
EAGBS has not been studied.

1.6. DISCUSSION

1.6.1. Partial Melt Model Versus Subsolidus 
Models for the LAB

Difficulties of the partial melt model for the MLD are 
obvious because of the low temperature involved, and we 
will not add any discussions here. The possible role of 
partial melting as the cause for the LAB, however, does 
need further scrutiny. We shall discuss three issues: (a) 
velocity reduction and the melt distribution in the 
asthenosphere, (b) electrical conductivity, and (c) seismic‐
wave attenuation in the asthenosphere. The two prop-
erties (b) and (c) are sensitive to partial melting, 
temperature, and water content.

1.6.1.1. Seismic Wave Velocity and Melt Distribution 
In section 1.4.1 (Figure 1.11) we discussed that in order 

to reduce seismic‐wave velocity by a few percent, a sub-
stantial amount of melt (2–5%) is needed. Holtzman 
[2016], however, discussed that even a small melt fraction 
(~0.1 %) could reduce seismic wave velocity by a few per-
cent, an idea based on a theoretical model by Takei and 
Holtzman [2009] which suggests that even a small amount 
of melt might enhance diffusion creep modestly. Holtzman 
[2016] used this model and the link between long‐term 
creep and anelasticity to claim that a substantial velocity 
reduction will occur even with a small amount of melt.

The stress distribution calculated by Takei and 
Holtzman [2009] has singularities suggesting that the 
stress distribution is not steady state and enhanced 
 diffusion creep likely corresponds to transient diffusion 
creep (see Figure  1.15) [Raj and Ashby, 1971]. Such a 
stress singularity has small effects on dislocation creep, 
but the presence of substantial seismic anisotropy in the 
asthenosphere suggests that the dominant mechanism of 
deformation is dislocation creep. Consequently, the appli-
cability of the results by Takei and Holtzman [2009] to 

anelasticity and velocity reduction in the asthenosphere 
is questionable.

How about melt accumulation near the LAB 
(Figure 1.12a)? Theory of  melt migration under gravity 
suggests that compaction is efficient, being character-
ized by a compaction length of  ~0.1 km to ~1 km for 
typical asthenosphere conditions [e.g., Ribe, 1985], too 
thin to have any effects on geophysically observable 
properties. Indeed magnetotelluric observations in the 
NoMelt region (~70 Ma Pacific Ocean) show no evi-
dence of  a peak in electrical conductivity at the LAB 
[Sarafian et al., 2015] (see Chapter 2). An exception is 
possible near trenches. Due to the stress field associ-
ated with plate bending, regional tension could be gen-
erated near the bottom of  the oceanic plate. This would 
suck melt to cause locally melt‐rich regions that 
Yamamoto et  al. [2014] proposed might explain the 
presence of  “petit spots” near ocean trenches. The 
global presence of  accumulated melt at the LAB, how-
ever, is unlikely.

How about a layered structure (Figure  1.12b)? 
Kawakatsu et al. [2009] proposed that a sharp and large 
velocity drop at the LAB is caused by the presence of 
near horizontal melt‐rich layers in the asthenosphere. 
They argued that even with a net melt fraction of ~0.1%, 
as inferred from petrology [e.g., Hirschmann, 2010], if  
there were melt‐rich bands as suggested by the experi-
mental results by Holtzman et al. [2003], then there would 
be large radial seismic anisotropy (VSh > VSv) in the 
asthenosphere but not in the lithosphere, leading to a 
drop in VSv at the LAB.

The layered structure model, however, has some 
notable difficulties. Horizontal shear deformation is 
expected in most regions of  the asthenosphere, but a 
melt‐rich layer will not remain horizontal according to 
laboratory studies [Holtzman et  al., 2003]. In such a 
case, a large amount of  melt cannot be kept in these 
layers because gravity will separate melt from the solid 
rock. In addition, if  this model were to explain the 
observed velocity drop of  ~5%, the melt fraction in the 
melt‐rich bands must have a very specific value, 14.3% 
(Figure 1.18). Deviation of  the melt fraction in the melt‐
rich bands from this value of  more than 1% will lead to 
velocity perturbations that do not agree with seismolog-
ical observations [Karato, 2014, 2018].

The Kawakatsu et al. [2009] model also implies that the 
magnitude of the velocity drop at the LAB is the same as 
the magnitude of radial anisotropy. The reported value 
range of velocity drop at the LAB is 5–10%, whereas the 
magnitude of radial anisotropy in the oceanic astheno-
sphere is usually ~2–5% [e.g., Montagner and Tanimoto, 
1990, 1991]. For these reasons, we consider that the 
observed properties of the LAB are difficult to explain 
using a layered structure model.
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1.6.1.2. Electrical Conductivity 
Some MT studies on the oceanic regions report a peak 

in electrical conductivity in the shallow asthenosphere 
[Evans et al., 2005; Naif et al., 2013]. These studies were 
close to ocean ridges but Naif et  al.’s [2013] study was 
also close to a trench. A melt‐rich layer at the top of the 
asthenosphere could explain the observed peak in con-
ductivity. Another study away from the ridge, however, 
shows no peak in conductivity [Sarafian et  al., 2015], 
which discourages a melt‐accumulation model for the 
LAB at least for regions far from ocean ridges (see also 
Chapter 2). This is a notable point since a very large and 
sharp LAB is observed in old oceanic upper mantle 
[Rychert et al., 2005; Kawakatsu et al., 2009]. These two 
observations suggest that a large and sharp velocity drop 
at the LAB should be attributed to a process other than 
partial melting. An obvious alternative explanation is to 
invoke hydrogen‐enhanced conductivity [Karato, 1990; 
Wang et al., 2006; Dai and Karato, 2009]. We conclude 
that accumulated melt could occur in limited regions near 
ridges but not globally.

1.6.1.3. Seismic Wave Attenuation 
Both the partial‐melt model and the EAGBS model 

have clear predictions for seismic‐wave attenuation: there 
would be a peak in seismic wave attenuation if  there is 

sufficient melt [Jackson et al., 2004]; if  the EAGBS mech-
anism is the cause of the LAB, then similarly an attenua-
tion peak near the LAB would be expected (see 
Figure 1.16). There have been a few observations on the 
oceanic LAB to suggest the presence of a peak in attenu-
ation [e.g., Takeuchi et al., 2017]. This behavior is differ-
ent from the known frequency dependence of attenuation 
in most minerals [e.g., Jackson, 2009] as well as the results 
of previous seismological studies [e.g., Anderson and 
Minster, 1979; Shito et al., 2004].

Takeuchi et al. [2017] proposed two explanations of this 
anomalous frequency dependence. One is the presence of 
partial melt, and another is the consequence of EAGBS. 
Jackson et  al. [2004] showed that the presence of melt 
leads to a peak in attenuation. EAGBS also predicts a 
peak in attenuation (Figure  1.16). How can we distin-
guish these two?

One possible way to distinguish partial melt model 
from the EAGBS model is to look at the bulk attenua-
tion, namely attenuation associated with volumetric 
strain. Grain‐boundary sliding involves viscous motion 
within thin grain boundaries, mostly in response to shear 
stress. In contrast, partially molten materials cause sub-
stantial bulk attenuation as viscous melt migrates within 
the solid matrix according to some models [e.g., Budianski 
and O’Connell, 1980; Mavko, 1980] (see also a recent 
experimental study by Cline and Jackson [2016], who 
reported some difficulties in the experimental study). In 
this connection, bulk attenuation measurements would 
provide useful constraints.

1.6.2. The Frozen‐Melt Model for the MLD

Seismic wave velocities and attenuation are little affected 
by compositional changes at the LAB, except for changes 
in water (hydrogen) content. A larger degree of composi-
tional change, however, may occur in the continents that 
could be a cause for the MLD. Among various models for 
the MLD, a frozen‐melt model proposed by Rader et al. 
[2015] could be an important possibility (Figure 1.13).

Rader et al. [2015] proposed that, after the formation 
of continents, metasomatism in the deep continental 
upper mantle occurred globally. The volatile‐rich melts 
formed by such metasomatism migrated upward to the 
depth where the temperature lies below the solidus 
(~1000 °C). At that depth, the melt froze to form minerals 
enriched with volatiles and FeO that have low seismic‐
wave velocities.

This model predicts the following:
1. rocks that form near the MLD typically contain a 

large amount of low‐velocity minerals such as amphibole, 
phlogopite, or FeO‐rich pyroxenes at the global scale;

2. the ages of rocks near the MLD are younger than the 
ages of rocks below and above the MLD;
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Figure 1.18 Relation between the melt fraction in a melt‐rich 
layer and the velocity reduction of the asthenosphere contain-
ing a melt‐rich layer corresponding to the Kawakatsu model: ϕ0 
is the melt fraction if melt were homogeneously distributed—
in the old oceanic asthenosphere ϕ0 ≈ 0.1% [Hirschmann, 
2010]. In order to explain the observed velocity reduction of 
5–10% (in the old oceanic asthenosphere [e.g., Kawakatsu 
et al., 2009; Rychert et al., 2005]) with ϕ0 ≈ 0.1%, the melt 
fraction in melt‐rich layers (ϕ) should have a very specific value 
(14.3 +0.5, −1%) that is highly unlikely. (From Karato [2018].)
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3. electrical conductivity increases substantially at the 
MLD (from above to below), owing to increased water 
(+FeO) content.

The amount of low‐velocity materials needed to explain 
the MLD is shown in Figure  1.19. Among various 
hydrated minerals, the most commonly observed in the 
continental mantle is amphibole. If  20–30% of amphi-
bole is present, this could explain the observed velocity 
reduction at the MLD. Xenoliths show no strong indica-
tion for the global presence of amphibole‐rich peridotites 
at the MLD depths [e.g., Pearson et al., 2003], but geolog-
ical observations are not perfect and it is difficult to rule 
this model out for this reason alone.

Regarding the global occurrence of metasomatism, 
clear support would be the depth variation of the age of 
mantle rocks: if  there were metasomatism then the age 
should have been reset and the regions that have under-
gone metasomatism should have younger ages than the 
surrounding regions. According to the available data, 
however, there is no indication of global resetting of the 
age at the MLD depth (Figure 1.10) [e.g., Pearson, 1999; 
Carlson et al., 2005].

Another consequence of this model is that there will be 
an increase in electrical conductivity with depth at the 
MLD. Electrical conductivity of most materials from the 
volatile‐rich melt is substantially higher than that of 

olivine. For example, the electrical conductivity of 
amphibole exceeds that of olivine by a factor of 102 to 104 
[Wang et al., 2012]. In this scenario, melt had migrated 
through the mantle, and so melt must have been connected 
(dihedral angle less than 60°). Consequently, these high‐
conductivity minerals are likely connected and enhance 
the bulk electrical conductivity [e.g., McLachlin, 1987]. 
Currently available MT models do not show a clear 
increase in electrical conductivity near the MLD depth 
(e.g., Meqbel et al. [2014]; see also Chapter 5).

None of these points is definitive, but taken together 
the above factors do not favor the frozen‐melt model. In 
the model’s defense, observations on mantle samples 
(mineralogy, major element chemistry, Re–Os dating) are 
limited. Similarly, details on the depth variation in 
electrical conductivity have not been resolved in all 
available MT studies. Therefore it is important to make 
advances in these two areas (studies on mantle samples 
and MT) to test the frozen‐melt model for the MLD.

1.6.3. Layered Anisotropy Model for the MLD 
and the LAB

The model for the LAB proposed by Kawakatsu et al. 
[2009] invokes a layered (radial) anisotropy caused by 
partial melting. Difficulties with this model were discussed 
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in section 1.6.1. A fabric transition between the oceanic 
lithosphere (A‐type fabric) and the asthenosphere (E‐
type fabric) has been suggested [Karato, 2008b; Karato 
et al., 2008], but a change in anisotropy between A‐ and 
E‐type fabrics is subtle and not enough to explain a large 
velocity drop at the LAB. Furthermore, there is no evi-
dence for a fabric transition in the continental lithosphere 
down to ~200 km from the study of mantle xenoliths [Ben 
Ismail and Mainprice, 1998].

Layered anisotropy was also invoked to explain the 
MLD in the continents [e.g., Yuan and Romanowicz, 
2010b]. In case of the MLD, layered anisotropy is most 
likely due to the layering in the geometry of LPO of min-
erals in rocks [e.g., Karato et  al., 2008]. Upper mantle 
xenoliths, however, show no evidence of systematic 
change in LPO with depth [e.g., Ben Ismail and Mainprice, 
1998], and therefore if  there is a layering in anisotropy it 
would be caused by a change in flow geometry. Since the 
MLD is nearly horizontal, a change in flow geometry 
would result from a change in azimuthal anisotropy not 
in radial anisotropy across the MLD. As pointed out by 
Karato et al. [2015], however, azimuthal anisotropy can 
simulate a sharp isotropic velocity inversion only if  most 
seismic observations illuminate a small portion of avail-
able back azimuths. Layered anisotropy could explain the 
upper mantle discontinuity in regions with such data 
restrictions, but it cannot be the cause of these disconti-
nuities at a global scale (see Figure 1.14).

1.6.4. EAGBS Model for the MLD and the LAB

The following features are predicted by the EAGBS 
model:

1. velocity reduction in olivine (or olivine‐rich rocks) 
occurs where temperature reaches a critical value, 
~1000 °C, that depends on the water content (and 
pressure) and therefore the velocity reduction by this 
mechanism is global;

2. velocity reduction is large (several percent);
3. velocity reduction occurs without compositional lay-

ering, and the ages of rocks do not change across the MLD 
in the continents if EAGBS is the cause of the MLD;

4. velocity reduction is not associated with a sudden 
increase in electrical conductivity if  EAGBS occurs solely 
due to elevated temperature (there will be a conductivity 
jump if  EAGBS is associated with an increase in water 
content);

5. there should be a peak in attenuation in the depth 
range where velocity reduction occurs.

All these features are consistent with the known geolog-
ical and geophysical observations summarized previously. 
In contrast, alternative models, such as the frozen‐melt 
model, are not consistent with many of the geological or 
geophysical observations previously summarized.

There is another observation from the cratonic mantle 
that provides a useful constraint on models for the 
velocity reduction at the MLD and the LAB. This is the 
much larger velocity drop at the MLD (~100 km) than at 
the LAB (~200 km) (Figure 1.6b) [Abt et al., 2010]. This is 
a notable observation because for some scenarios, such 
as partial melt or monotonic temperature increase 
models, a larger velocity drop would be expected in the 
deep regions where temperature is high.

In contrast, the EAGBS model provides a natural 
explanation for this observation for the following rea-
sons. Figure 1.16 depicts, from right to left (for a given 
seismic wave frequency), transition from a shallow region 
to a deeper region where temperature is higher. In the 
shallow part, seismic frequency is higher than ωEAGBS, 
and rocks are in the unrelaxed (high velocity) state; in the 
deeper part where ωEAGBS increases the seismic frequency 
becomes lower than ωEAGBS. At that point, a substantial 
(a few percent) velocity drop occurs. With increasing 
depth in the absorption band regime, where velocity 
change and Q are directly linked by equation (1.1) and 
therefore the magnitude of  velocity change is ~ Q−1, and 
when Q ~100 near the LAB, the velocity drop is ~1% not 
a few percent.

Regarding attenuation, Takeuchi et al. [2017] provided 
evidence for the attenuation peak in the asthenosphere 
that is consistent with the EAGBS model (and also con-
sistent with a partial melt model) for the LAB. As to the 
MLD, there is no direct evidence for the attenuation peak 
associated with the MLD. The reported rather low 
intrinsic QS in the continental lithosphere (QS = 100–300, 
Figure 1.8) could, however, well be caused by an attenua-
tion peak near the MLD for the following reasons. If  a 
conventional absorption‐band model (without an attenu-
ation peak) is assumed, QS within the continental 
lithosphere can be calculated from the known QS in the 
asthenosphere (QS ~80) and the temperatures in the 
 lithosphere. Because temperatures in the continental 
lithosphere are low, substantially higher QS (~1000 or 
higher) values would be expected than those reported 
(QS = 100–300; Figure 1.8). Invoking an attenuation peak 
(QS = 20) around the MLD (Qs = 20 corresponds to a 
velocity reduction of 5%) with 20 km width may solve 
this apparent paradox. Such an attenuation peak will 
have the same degree of attenuation as a constant QS = 200 
distributed in a layer of 200 km thickness.

Another explanation is to attribute the apparent low 
Qs to scattering [e.g., Fehler et al., 1992; Jin et al., 1994]). 
Dalton et al.’s [2009] attenuation model is for intrinsic Qs, 
however, after corrections for scattering and focusing. In 
addition, the rough agreement between a long‐wavelength 
study [Dalton et al., 2009] and a short‐wavelength study 
[Mitchell, 1995] suggests that scattering is not a dominant 
cause for low QS.
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Regarding the MT observations, there is no clear 
 evidence for an increase in conductivity at ~100 km 
depth in the cratonic upper mantle, but conductivity 
becomes high below ~200 km [e.g., Meqbel et al., 2014]. 
Similarly, an increase in conductivity is inferred across 
the oceanic LAB [e.g., Evans et  al., 2005; Naif et  al., 
2013; Meqbel et al., 2014]. A simple explanation is that 
the large increase in conductivity across the LAB is due 
to a change in water content (higher below the LAB 
[Karato, 1990; Wang et  al., 2006; Dai and Karato, 
2009]). The large and sharp velocity reduction for most 
of  the oceanic LAB may also be due to the enhanced 
EAGBS caused by an increase in water content [Karato, 
2012; Olugboji et al., 2013].

In summary, the EAGBS model provides a unified 
model for the MLD and the LAB in the sense that (a) 
it explains the global occurrence of  these boundaries, 
(b) the temperature requirement for the MLD and the 
oceanic LAB is consistent with EAGBS, and (c) it does 
not require chemical or anisotropy layering. A major 
limitation of  this model, however, is that experimental 
studies on EAGBS are still preliminary; key features 
such as the grain‐size sensitivity of  velocity reduction 
and the influence of  water on EAGBS are poorly 
constrained.

1.7. SUMMARY AND FUTURE DIRECTIONS

The causes of both the LAB and the MLD are reviewed 
in the light of geological, geophysical, and mineral (and 
rock) physics observations. Among several models for 
these discontinuities, three are potentially important: 
compositional layering (in major element and/or miner-
alogy), partial melting, and EAGBS.

Geological observations relevant to these models were 
reviewed, and we conclude that compositional layering 
model is difficult to reconcile with the observations of 
mantle rocks including mineralogical layering and rock‐
age layering.

Our preferred model for the oceanic LAB is that the 
large and sharp velocity drop is caused mainly by ther-
mally induced EAGBS helped by the jump in water 
content (Figure 1.20). There should be a peak in attenua-
tion at the LAB associated with EAGBS. For the 
continental upper mantle, the MLD is likely due to ther-
mally induced EAGBS, but it may also be influenced by 
chemical layering (layering in water content). The MLD 
should be associated with a peak in seismic attenuation if  
it is mainly caused by EAGBS. If  EAGBS occurs only by 
temperature increase, there should be no large increase in 
electrical conductivity. In the continental (cratonic) LAB, 
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(b) Continental upper mantle
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Figure 1.20 Preferred models for the MLD and the LAB consistent with available geological and geophysical 
observations. (Modified from Karato [2012]. Reproduced with the permission of Elsevier.)
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rocks are already in the relaxed state with respect to 
EAGBS, so that further increase in temperature and/or 
water content leads only to a minor decrease in velocity; 
an increase in water content at the LAB, however, will 
increase electrical conductivity substantially.

Our model for the MLD and the LAB has some 
implications for change in rheological properties across 
these boundaries. Inasmuch as the MLD is mainly 
caused by temperature increase, change in long‐term 
rheological properties across the MLD will be negligible 
because EAGBS changes only the short‐term, small 

strain rheological properties but not the long‐term 
steady‐state  rheological properties (in this case, a large 
seismic wave velocity drop is not associated with a large 
drop in rock strength). In contrast, the LAB in the oce-
anic regions and presumably that in the continent is 
likely associated with a change in water content. 
Consequently, the LAB, including the LAB in the cra-
tonic mantle where velocity reduction is small, is associ-
ated with a major reduction in the long‐term rheological 
properties (creep strength) with depth. The link between 
seismic‐wave velocities and long‐term rheological properties 
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Figure 1.21 Schematic diagrams showing the expected geophysical observations of three models for the upper 
mantle discontinuity. For the partial‐melt model, bulk attenuation will be significant, but for other models, shear 
attenuation will be dominant. Electrical conductivity–depth relation for the EAGBS model differs between ther-
mally induced and water‐induced EAGBS; conductivity will jump at the boundary for the latter, but it should be 
continuous for the former. There should be a large conductivity jump at the MLD for a compositional layering 
model invoking frozen melts.
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is not direct, particularly when EAGBS plays an impor-
tant role in controling the seismic‐wave velocities.

Our preferred model is developed based on experi-
mental and theoretical studies on elastic and anelastic 
properties of rocks in combination with constraints from 
geological (+ geochemical) and geophysical observations. 
Geological observations are based on a limited number 
of rock samples, however, so that our understanding is 
far from complete. Further studies are warranted, 
including the depth variation in mineralogy in mantle 
xenoliths and more precise determination of the depth 
dependence of the age of mantle xenoliths. Similarly, 
geophysical observations are also limited.

In the following, we summarize some of the possible 
future directions on the studies on the origin of the LAB 
and the MLD.

 • Geophysics (see Figure 1.21)
 ∘ Conduct MT studies on the continental upper 
mantle. If  the frozen melt is the cause of the MLD, 
there should be a substantial increase in conduc-
tivity at the MLD. Thermally induced EAGBS will 
cause no increase in conductivity at the MLD.
 ∘ Determine the sharpness of the velocity drop at the 
MLD. For the thermally induced EAGBS model, 
the MLD is diffuse. For a compositional layering 
model, it is sharp.
 ∘ Determine the seismic‐wave attenuation in the 
continental lithosphere. For the EAGBS model 
there is a peak in attenuation.
 ∘ Determine the magnitude of bulk attenuation. If  
partial melting were a cause of attenuation, bulk 
attenuation would be substantial. For other mecha-
nisms, shear attenuation dominates.

 • Geology (geochemistry)
 ∘ Conduct detailed studies on the mineralogy, isotopic 
compositions (ages) of mantle xenoliths as a 
function of depth. For a frozen‐melt model, there 
should be marked compositional anomalies at 
around the MLD at a global scale. For a frozen‐melt 
model, rocks around the MLD should show younger 
ages than rocks above and below it.

 • Mineral physics
 ∘ Conduct laboratory studies to test the grain‐size 
sensitivity of velocity reduction by EAGBS. If  such 
sensitivity is confirmed, develop a model to provide 
a physical explanation for it.
 ∘ Conduct laboratory studies to understand the 
influence of water content on anelasticity, particu-
larly EAGBS in the regime where hydrogen is dis-
solved in a similar way as in Earth’s upper mantle.

A study of each of these topics involves technical chal-
lenges. In addition to making advances in these specific 
issues, it is also important to integrate all available obser-
vations to devise acceptable geological and geophysical 

models. Those studies will help us understand the signifi-
cance of the MLD and the LAB in the upper mantle in 
connection to the geological evolution of the upper 
mantle.
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Bioenergy and Land Use Change: An Overview
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1.1. INTRODUCTION

The United States is the largest consumer of petroleum 
products in the world, consuming around 7.45 million 
barrels per day in 2012 [Energy Information Administration 
(EIA), 2014]. A significant share of these petroleum 
products is imported from politically unstable regions of 
the world. This reliance on fossil fuels has led to economic, 
social, and environmental concerns that have gained 
public attention. Bioenergy appears to offer hope by 
reducing the gap between domestic energy supply and 
demand, diversifying energy sources, reducing greenhouse 
gas (GHG) emissions, and by providing socioeconomic 
benefits in the form of additional income and new jobs.

Bioenergy encompasses energy produced from biomass 
and includes fuels such as sugarcane‐ or corn‐based eth
anol, biofuels produced from energy grasses, farm residue, 
and woody materials, as well as energy obtained from 
other plant‐based sources. Agricultural and forested 
biomass‐based energy is considered an option to reduce 
dependency on fossil fuels, increase the current share of 
the nation’s renewable energy, and improve the sustain
ability of forests and marginal lands. Cellulosic biomass‐
based energy or second‐generation fuels, for example, 
fuels produced from energy grasses or woody biomass, 
have certain advantages over other energy sources, such 
as first‐generation fuels like corn ethanol, because they 
limit competition between agricultural food crops and 
those destined for fuel production [Hill et  al., 2006]. 
While the development of cellulosic biofuels could result 
in competition for use of  resources, including water, 
labor, carbon storage, and financial resources, one of 
the most important issues surrounding bioenergy mar
kets is land use impact [Searchinger and Heimlich, 2015]. 

ABSTRACT

Bioenergy production can have direct and indirect land use impacts. These impacts have varied implications, 
ranging from land tenure, commodity production, urbanization, carbon sequestration, and energy independence 
to several others. In recognition of its broad and intricate impacts, a growing amount of research focuses on this 
area, hoping to address the controversies and inform the relevant policies in a way that ensures more sustainable 
outcomes. In this chapter, we provide a summary of  the research around land use change economics and 
modeling. We examine various concerns, as well as their empirical evidences, and outline the conceptual opportu
nities and challenges involved in measuring both direct and indirect land use change. We also describe a number 
of  modeling methods that have been used in previous studies, including spatially disaggregated modeling 
approaches, econometric land use change approaches, and integrated environmental economic approaches. 
The chapter concludes with an analysis of  policy imperatives and suggestions that could form the foundation 
of  a more sustainable bioenergy development pathway.
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4 BIOENERGY AND LAND USE CHANGE

There are varied answers to the following question: What 
is the land use impact of using biomass‐based energy, and 
how does it change over time? Arable land is a scarce 
resource that is already under pressure from food agri
culture, forestry, industry, urban, and other demands. 
The situation is further complicated by the fact that the 
land use change (LUC) associated with increased bioen
ergy production can negate the potential benefits of 
production and ultimately degrade the environment. The 
bioenergy market is largely encouraged on the national/
supranational scale by government initiatives; countries 
with notable biofuel initiatives include the member states 
of the European Union, the United States, and Brazil. 
Without taking into account both the economic and envi
ronmental factors that surround the bioenergy market, 
these initiatives can lead to poor land use decisions at the 
local level [Baker et al., 2010; de Oliveira Bordonal et al., 
2015; Vasile et al., 2016].

Economic methods of biomass supply estimation are 
based on the interplay of demand and supply markets of 
bioenergy. The bioenergy market is shaped by the inter
play between global oil fuel, other types for energy 
sources, price of substitutes, bioenergy production costs, 
and alternative uses for arable land. A high fuel price not 
only increases the demand for biofuels by increasing the 
incentive for the production of alternative sources but 
also increases the cost of cultivation or harvesting. 
Bioenergy production also affects potential profit mar
gins for the sale of biofuels, and if  costs of production are 
high, actual production will necessarily drop [Rajcaniova 
et al., 2014].

As fossil fuel prices rise, the production of bioenergy 
becomes more profitable and therefore leads to the 
conversion, or construction, of agricultural land for bio
fuel production. For example, Piroli and Ciaian [2012] 
showed that a one‐dollar increase in per‐barrel price of 
oil could encourage the planting of between 54,000 and 
68,000 ha of bioenergy cropland globally. The same study 
found that increasing oil prices increased agricultural 
area globally by 35.5 million ha, out of which biofuel 
feedstocks were 12.12 million ha/year. Volatility in the oil 
market encourages the use of first‐generation biofuel 
crops, such as maize, wheat, and soybean, over second‐
generation biofuels, like perennial grasses, because of the 
comparatively low turnaround time of first‐generation 
bioenergy crops. This variable demand for bioenergy, met 
by quick switches to energy crops over food, as prices 
fluctuate, can lead to not only fluctuations in supply for 
conversion plants but also unsustainable biomass cultiva
tion and/or harvesting practices resulting in modified 
land use, deforestation, soil degradation, and GHG emis
sions, among others. Often the first lands to be developed 
are pasturelands and other croplands. However, other 
land uses are converted to biofuel production with an 

increasing demand for biofuels, including forest and 
swampland [Rajcaniova et al., 2014].

Uncontrolled bioenergy transition can result in 
increased agricultural runoff because of improper culti
vation and harvest methods. This has been observed in 
the red river basin in the Dakotas. When the primary 
crops in the area changed to corn with increased biofuel 
demand, sediments increased by 2.6%, phosphorous by 
14.1%, and nitrogen by 9.1% [Lin et al., 2015]. Second‐
generation biofuels tend to increase soil organic carbon 
(SOC) when planted on cropland but tend to decrease 
SOC when planted on their native counterparts: forests 
and grasslands [Harris et al., 2015].

There is also apprehension that the conversion of land 
to bioenergy can lead to more arable land being opened 
up to raise supply. This increase in agricultural land has 
the potential of being environmentally deleterious, as 
more sensitive natural environments may be repurposed. 
Land use change to agricultural row systems can also 
cause habitat loss [Jonsell, 2007]. Land use change from 
natural forests to forest plantations, including short‐rota
tion woody crops, is an important area of concern from 
an ecological point of view [Wear et al., 2010]. Fargione 
et al. [2008] contend that the conversion of lands, such as 
rainforests, peatlands, and grasslands, to produce crop‐
based biofuels in Brazil, Southeast Asia, and the United 
States could potentially release 17–420 times more CO2 
than the annual GHG reductions from the use of these 
biofuels. Meanwhile, Plevin et  al. [2010] estimate emis
sions associated with indirect land use change for U.S. 
corn ethanol ranging between 10 and 340 g CO2e MJ−1 
for a variety of modeling scenarios and assumptions. 
Similarly, using a spatially explicit model to project land 
use changes, Lapola et al. [2010] suggest that indirect land 
use changes resulting from expansion of biofuel planta
tions in Brazil could create a carbon debt that would take 
about 250 years to be repaid. Biomass production might 
also have negative consequences unless coordinated 
with breeding and nesting seasons and maintaining 
cover for overwintering small mammal species [Bies, 
2006]. However, interventions focused on ecological res
toration or fuel‐reduction activities associated with 
woody biomass can also benefit wildlife habitat [Janowiak 
and Webster, 2010].

In the face of a growing bioenergy sector and associ
ated policy incentives, land use analysis is considered 
critical for the future of bioenergy markets. Many authors 
have explored this issue; what has been lacking is a 
systematic analysis of trends, evidence, and complexity in 
assessing bioenergy market growth and associated land 
use impacts. Toward this goal, a comprehensive literature 
review was undertaken. We review the problems, applica
tions of economic techniques, methodological complex
ities, and certification efforts from the literature, focusing 
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more on the ways in which bioenergy and land use issues 
have been approached by economists. We focus less on 
the methodological aspects and rely more on compara
tive results and outcomes in order to provide the reader a 
broad understanding of current research in this area.

The rest of the chapter is organized as follows. In the 
following section, we discuss forest biomass supply 
assessments, focusing on some of their differences and 
similarities. We then turn to the modeling efforts and 
methodologies that have been used to estimate land use 
change impacts associated with bioenergy markets. In the 
fourth section, we focus on the empirical evidence of 
land use change analysis and challenges such as uncer
tainty and modeling challenges. We discuss technological 
and policy imperatives and bioenergy certification in the 
fifth section. Finally, we summarize observations and 
provide perspectives on the future of bioenergy markets 
and land use impacts.

1.2. LAND USE CHANGE AND CURRENT 
RESEARCH

Land use change is an important component of the use 
of biofuels, and it is important in terms of delineating 
effect of biofuels on GHG emissions and carbon seques
tration by considering the lifetime GHG effects of the 
fuels as opposed to their effects when they are only 
burning. It is increasingly being recognized that land use 
effects of bioenergy production are linked to net GHG 
reductions. Assuming that energy crops do not lead to 
land use changes, life cycle analyses of different biofuels 
(including woody biomass) suggest overall GHG reduc
tions [Birdsey et  al., 2006; Blottnitz and Curran, 2007; 
Eriksson et al., 2007; Gustavsson et al., 2007]. However, 
Searchinger et al. [2008] argue that life cycle studies have 
failed to factor in indirect land use change effects and 
suggest that using U.S. croplands or forestlands for biofu
els results in adverse land use effects elsewhere, thus 
harming the environment rather than helping it.

To this end, researchers and organizations, including 
the Intergovernmental Panel for Climate Change [Watson 
et  al., 2000], the National Wildlife Federation, and the 
Union of Concerned Scientists have put considerable 
effort into defining and studying the effects of land use 
change in biofuels [Watson et al., 2000; Searchinger et al., 
2008; Union of Concerned Scientists, 2008; Plevin et al., 
2010; National Wildlife Federation, 2014].

1.2.1. Direct Land Use Change

Direct land use change (DLUC), the direct change of 
land usage due to increased biofuel production, has the 
most obvious and measurable effect on the land and 
surrounding areas. DLUC occurs most commonly when 

uncultivated areas, such as forests or grasslands, are 
converted into farmland for the production of  biofuel 
crops. Direct land use change can have considerable con
sequences for GHG emissions and other environmental 
concerns [Union of Concerned Scientists, 2008; National 
Wildlife Federation, 2014]. Destruction of forest ecosys
tems, for example, causes a significant amount of carbon 
stored in the forests to be released, which can offset many 
of the carbon advantages of using biofuels [National 
Wildlife Federation, 2014]. In addition to this, DLUC can 
also impact the environmental benefits that these areas 
could provide, including biodiversity and ecosystem ser
vices such as water filtration, erosion control, and ground 
water recharge. DLUC, when considering these factors, 
can result in adverse ecosystem trade‐offs.

DLUC is an important consideration for any bioen
ergy project. The environmental and economic cost of 
clearing land, planting, and growing the bioenergy plants 
can also influence net GHG emissions. The emissions 
vary considerably, depending on the crop and the area in 
which they are planted, so bioenergy crops should be 
carefully considered for the potential plantation area 
before planting to ensure that emissions do not outweigh 
the benefit of  the crop. Fueled by some of  the above 
mentioned concerns, DLUC impacts arising because of 
biofuel production have come under scrutiny in recent 
years. Sustainability initiatives, both in the United States 
and abroad, have made it a priority to understand the 
consequences of  DLUC [Stappen et  al., 2011; Jones 
et al., 2013]. Because of  the nature of  land use change 
and the differing nature of  bioenergy crops and cultiva
tion practices, these result in different economic and 
environmental cost and benefits [Natural Resource 
Defense Council (NRDC), 2014].

Sugarcane, for example, is a bioenergy crop that has 
gained popularity over the years and is currently a staple 
in the United States and Brazil, two countries that 
together account for around 90% of the world’s ethanol 
production. In addition to potentially reducing GHG 
emissions by nearly 85% in comparison to fossil fuels, in 
areas of Brazil, converting land to sugarcane production 
can potentially lead to positive benefits, such as local 
climate cooling [de Oliveira Bordonal et al., 2015]. However, 
sugarcane cultivation practices for bioenergy production, 
particularly the burning of plant residues during harvest 
time, can contribute to GHG emissions. De Oliveira 
Bordonal et  al. [2015] sought to quantify some of the 
effects of DLUC and provide an analysis of the effects of 
sugarcane production on GHG emission. They found 
that the expansion of sugarcane plantations contributed 
to significant GHG emissions from agricultural produc
tion, but around 57% of this was offset through carbon 
uptake in the new biomass. However, calculations of 
GHG emissions can differ depending on the system 
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6 BIOENERGY AND LAND USE CHANGE

boundaries of the assessment and key drivers of the land 
use change, coupled with factors such as ecosystem services 
and carbon pools and sinks, among others.

It is also important to note that the GHG emissions 
from land use can differ wildly, depending on the loca
tion in which they are grown. A study by Bailis and 
McCarthy [2011] found that there was a considerable 
difference in the carbon debt between jatropha planta
tions in India and Brazil as a result of  the differing cli
mates and soil types. The study by Stappen et al. [2011] 
confirms this by finding a considerable difference in net 
GHG emissions between soy grown in the United States 
(27%) and Argentina (−568%). This has important 
implications as it indicates that there is no one‐size‐fits‐all 
bioenergy crop that has superior performance com
pared to all others in all places and at all times. As such, 
bioenergy should be considered for each area individu
ally to fully understand how it will perform and how 
much work in the form of  emissions and labor will be 
produced in their growth.

1.2.2. Indirect Land Use Change

Indirect land use change (ILUC), a secondary 
consideration in land use change for bioenergy crops, 
includes the effects that are related to, but not immedi
ately caused by, the cultivation of bioenergy crops. 
Because it is difficult to define where ILUC begins and 
ends, it is far more difficult to calculate than DLUC. 
Though some studies attempt to approximate ILUC, it is 
perhaps more important to understand some of the 
dynamic factors that influence the proliferation of ILUC 
and get a more complete understanding as to how a 
bioenergy operation will affect the surrounding land. 
Understanding the possible extent of ILUC is critical for 
making management decisions that can accurately and 
successfully reduce carbon emissions while simulta
neously protecting local ecosystems and ensuring that the 
operation does not produce an unhealthy amount of 
GHGs.

The ILUC impact of  biofuel feedstocks was brought 
to the forefront during the “food versus fuel” debate. 
This common criticism of  bioenergy refers to the 
conflict between using food crops for fuel instead of 
food [Naylor et  al., 2007]. The price of  crops, such as 
corn, that are used for both food and fuel increased in 
some instances because more of  it was being used for 
fuel. This can often extend to land use change elsewhere, 
as displaced food‐growing operations in one part of  the 
world may result in land being diverted for growing bio
energy crop elsewhere [Doornbosch and Steenblik, 2008]. 
Such a change may happen in geographically discon
nected areas, as it is largely a result of market mechanisms, 

and therefore can encourage a significant change in land 
use that cannot be traced firmly back to any singular 
bioenergy operation. This proliferation of  changing 
land use as a result of  bioenergy operations can result 
in increased GHG emissions if  carbon‐rich ecosystems 
are converted to farmlands [Fritsche et al., 2010]. What 
makes the problem “wicked” is the fact that ILUC is 
more difficult to quantify, and it is more difficult to 
identify the drivers resulting in adverse bioenergy‐based 
land use change.

Because ILUC is difficult to quantify, there is some 
confusion and even skepticism in the scientific community 
over its relevance. Finkbeiner [2014] posits that ILUC 
quantification methods are still in their infancy and that 
there exists no proven method to accurately convey how 
ILUC affects GHG emissions. He cites wildly varying 
estimates (from −200% to over 1700%) among studies 
that try to quantify the effects of this change, far more 
than other scientific studies of its type, and notes that 
there are no relevant standards for this type of study at 
this time. He notes that major international standards, 
such as the EU Product Environmental Footprint 
Methodology and ILCD Handbook, do not include ILUC 
in their calculations, bringing their relevance and reli
ability into question. He also points out that adding 
ILUC emissions into the emissions of major biofuels may 
be misleading and may result in a lopsided comparison 
with fossil fuels; ILUC can also occur with the produc
tion of  fossil fuels, but they are never included in fossil 
fuel emission calculations. Moreover, methodologies 
including comprehensive life cycle assessment (LCA) 
and input‐output models can potentially address these 
challenges by accounting for direct and indirect land use 
change more precisely [Liang et  al., 2012; Marvuglia 
et al., 2013; Dilekli and Duchin, 2016]. Though ILUC can 
represent an important piece of the land use change emis
sions, it is important to consider the concerns brought 
up by this study and others as this field of  study 
matures. Only then can the indirect effects of biofuels be 
accurately represented. Though the study of its effects is 
imperfect, ILUC can be deemed important to under
standing the complete effect of biofuel production on the 
environment.

1.2.3. Current Research Trends in Bioenergy 
and Land Use Literature

Though the production of  biofuels has advanced 
considerably in recent years, it has also led to some con
cerns. This is evident from our word‐cloud analysis 
whereby we quantitatively analyzed large collections of 
textual information to evaluate some of the most widely 
cited publications of the previous decade. Text mining 
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has become more sophisticated and has benefitted from 
computational and technological advances in linguistics, 
computer science, and statistics [Meyer et al., 2008]. We 
analyzed 46 papers published since January 2006 to 
August 2016, encompassing the broad theme of bioen
ergy and land use. These publications were cumulatively 
cited over 3000 times according to citation statistics com
piled using Google Scholar. The analysis was performed 
using text‐mining features in the programming language 
R [Williams, 2016].

The word cloud provides a visual of  the 50 most fre
quently used words in the papers analyzed in the text 
analysis and illustrates some of  the important focus 
areas in previously published land use and bioenergy 
literature (Figure 1.1). Within the text‐mining algorithm, 
we exclude numbers, as well as commonly used conjunc
tions, prepositions, and “stopwords” such as “all,” 
“almost,” and “largely,” among others. It is interesting to 
note that along with the obvious focus on biomass, land, 
and bioenergy, the text analysis identifies “food,” “crops,” 
“agriculture,” “forest,” and “feedstock” as keywords 
with a relatively high frequency. This suggests that the 
food versus fuel argument and conversion of  forestland 
for cultivating bioenergy feedstocks emerge as an impor
tant story line. Finally, “oil,” “gas,” “ethanol,” and “fuel” 
also feature in many publications. While it is plausible 
to infer that the frequency of  words is correlated with 
the number of  publications included in the analysis, 
enhanced computational and analytical capacities allow 
us to decipher important trends in the literature in 
relatively less amount of  time.

1.3. MODELING EFFORTS AND METHODOLOGIES 
ESTIMATING LAND USE CHANGE 

AND BIOENERGY MARKETS

Several approaches, including land tenure, urbaniza
tion, energy production and consumption, climate 
change, economic growth, and population growth, have 
been used to model land use [Irwin and Geoghegan, 2001; 
Lambin et  al., 2001]. These approaches are crucial in 
helping us understand, quantify, and predict likely social, 
economic, and environmental outcomes, all of  which are 
valuable in informing relevant decisions and in mini
mizing potential adverse outcomes while maximizing the 
potential positive outcomes. The results are useful for 
making informed decisions regarding land use planning 
and policy.

In order to quantify land use changes, LCA is often 
used. LCA is a methodology that attempts to bring all the 
factors of a crop’s life cycle into the equation, from its 
conception to its disposal, to fully understand their 
effects. Though many different crops have different 
carbon‐emission savings when compared to fossil fuels 
and this number can be calculated [Stappen et al., 2011], 
large differences in the LCA of these crops generally 
come from differences in how direct and indirect land use 
changes are assessed [Marvuglia et al., 2013]. For example, 
generally more land use contributes to higher GHG emis
sions and therefore can cause a net GHG increase; studies 
that assess a larger area of land use, likely by including 
more land from indirect use, may appear to have higher 
emissions and therefore lower net savings [Finkbeiner, 
2014]. Furthermore, different types of LCA may change 
the net balance; Marvuglia et  al. [2013], for example, 
describe the difference between LCA, which aims to 
describe the impacts of the human economy on the global 
environment, and consequential LCA (CLCA), which 
aims to show how the environment will respond to pos
sible decisions. All of these factors can ultimately lead to 
considerably different results, and thus the major factors, 
namely, land use change, must be assessed in order to 
understand how they change the models.

The way land use change is modeled depends partly 
on the drivers, including social, economic, technolog
ical, biophysical, political, and demographic, and the 
implications of  land use change one aims to model. The 
subject matter, actual use, applicability, and type of 
information available to the model developer also affect 
the way one models land use change [Adams et al., 1999]. 
On the basis of  the techniques adopted and end use, 
these approaches can be sorted into various groups, the 
operational classification for this study being (i) spa
tially disaggregated approach, (ii) economic approach, 
and (iii) integrated environmental economic approach.

Figure  1.1 Word cloud representing the 50 most frequent 
words in the text analysis.
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8 BIOENERGY AND LAND USE CHANGE

Each of these approaches is best suited to handle a 
specific set of land use change drivers and relevant impli
cations by addressing a given problem from different 
specialized points of view. Given their unique perspec
tive, these approaches differ in their unit of analyses, land 
use of interest, intended user, contagion criteria, temporal 
and spatial considerations, and their ability to model 
emergent behavior [Agarwal et al., 2002]. Their respec
tive scopes can be local, regional, national, or even inter
national, and they can either project future trends or 
describe the processes that resulted in the change that has 
already occurred [Drummond and Loveland, 2010]. The 
given approaches and the specific models used can follow 
a probabilistic or deterministic transition rule for conver
sions among given land use classes [Agarwal et al., 2002].

While the specific perspective may differ, the models are 
not always mutually exclusive. For instance, the statistical 
models and transitional matrices are comparable, whereas 
hybrid models build on the strengths of one model and 
overcome inherent weaknesses [Briassoulis, 2000; Gibson 
et al., 2000]. Quality control of the results can be assessed 
through the realism in capturing relevant underlying 
processes, precision of results in describing data, and the 
generalizability or replicability of the results in other set
tings [Grimm et al., 2005].

The models also share some common constraints, 
including the uncertainty and limited availability of his
torical land use information, which is compounded while 
modeling feedback loops [Kim and Dale, 2009]. Other 
factors being the same, variations in input data and related 
assumptions may affect the estimated land use and cover 
change and associated impacts [Center for BioEnergy 
Sustainability (CBES), 2009]. In what follows, we describe 
each approach and give examples of specific cases where 
the said approaches are used.

1.3.1. Spatially Disaggregated Modeling Approaches

This approach explicitly accounts for the spatial hetero
geneity of the area of study. It can also account for the 
various land use options available to a given land, allowing 
for the inclusion of relevant neighborhood conditions such 
as presence and proximity of developed sites, roads, and 
land features. This is important in assessing correlating 
land uses and changes, and it increases the chances of cor
rectly predicting the amount, probability of conversion 
between different land use classes, and type and stability 
of land use change over time [Brown, 2002]. Moreover, 
current and historical land use patterns and the contagion 
specification help to validate model prediction and check 
the reliability of the results [Clarke et  al., 1997; Pontius 
and Schneider, 2001]. The unit of analyses affects the data 
requirement, precision of results, and relevance of the 
results to varying stakeholders [Walsh et al., 2001].

In the context of bioenergy, regional differences exist in 
the biomass yield along with the corresponding biofuel 
yield, both positive and negative. Moreover, different 
feedstocks have varying agronomic conditions and input 
requirements [Varvel et  al., 2008]. This approach can 
prove useful in accounting for such variations while 
modeling the extent and outcomes of land use change 
associated with feedstock production. However, the scale 
and quality of remote‐sensing data and other types of data 
have to be uniform, making it challenging to model land 
cover and land use change effects from biomass regrowth 
[Schulze, 2000]. The reliance on existing and historic land 
uses is also intractable for emerging land use develop
ments, distant future projections magnifying the problem 
and showing the need for reasonable and flexible thresh
olds systems for given land uses [Agarwal et al., 2002].

The more complex spatial models, including spatially 
representative and spatially interactive models, can incor
porate or produce data at up to three spatial dimensions. 
The area base model, for instance, predicts land use 
proportions among farmland, forests, and urban or other 
types of land uses [Hardie and Parks, 1997]. Using 
counties as units of analyses, it attempts to predict and 
explain the coexistence of several land uses and conversion 
among them by using their respective heterogeneous 
attributes.

Alternatively, the spatial dynamic model predicts shifts 
in cultivation for given topographies on the basis of  their 
proximity to urban centers by using site productivity, 
ease of  clearing, and erosion hazard, among others, as 
variables [Gilruth et al., 1995]. However, it has a relatively 
large unit of  analyses, 6 km2. Similarly, Chomitz and 
Gray [1996] use spatially disaggregated information such 
as wetness, road, and slope to determine land use among 
natural vegetation and farming. Although it implicitly 
accounts for human decision making, a more explicit 
accounting of  the human dimension could increase its 
application. In addition, a longitudinal analysis, in lieu 
of  a cross‐sectional analysis, should be included. The 
challenge for this approach is that it does not always 
account for economic agents and policy changes, a 
challenge that can be addressed by employing econo
metric approaches.

1.3.2. Economic Land Use Change Approaches

This approach identifies and explicitly accounts for 
multiple economic actors, their interaction, and the 
drivers they respond to, including tax and energy policies, 
to determine the probability and magnitude of land use 
change [Walker et al., 2000; Brown, 2002]. While in some 
cases the econometric model uses the land’s exogenously 
determined market price, or an equivalent thereof, selling 
price, and conversion cost between alternative uses for 
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given land use class [Bockstael, 1996], prices can be 
modeled endogenously as well. Thus, the land and the 
physical processes that involve land are treated in 
economic terms, not in physical terms as in the spatially 
disaggregated approach.

One can also assess consumer and producer surpluses 
and carbon path under varying policies over time and 
at the regional level [Adams et al., 1996]. It allows for 
scenario analyses, where varying policy options are evalu
ated for potential land use impact along with forcing 
factors such as population growth and commodity 
demand. The ability of such approaches to handle differ
ent policy scenarios makes it useful in assessing and quan
tifying trade‐offs associated with varying options available 
to decision makers. Given the temporal dynamics of the 
said economic variables, the time span between different 
land uses can also be determined by using hazard and 
survival models, respective modeling varying from one 
another in the smallest temporal unit of analyses for a 
given change to occur [Irwin and Geoghegan, 2001]. Such 
approaches combine the probability of land use change 
with information on the timing of such change and how 
long given changes last, the time dimension providing an 
additional contextual layer.

Moreover, this approach can account for individuals’ 
socioeconomic attributes and motivation [Pfaff, 1999]. 
Given their stake in land ownership and biomass supply 
decision, the ability to account for such stakeholders is 
crucial in ensuring more accurate estimations and policy‐
relevant results [Nelson et  al., 1999; Ahn et  al., 2000]. 
Using agricultural inputs such as agricultural prices and 
profitability, timber age, site condition, and the lagged 
values associated with land uses, for instance, such an 
approach can allocate land for competing uses in a way 
that maximizes a predefined objective function [Chomitz 
and Gray, 1996].

Similarly, the production of a given feedstock affects its 
other uses, the resource allocation to the other types of 
feedstock, and how that reflects on the relevant market 
prices. These intricate relationships are important in 
understanding the dynamics within the bioenergy feed
stock production system, and the econometric approach 
is suited to handle such relationships in modeling land 
use change [Perlack et al., 2011].

Using a timber model, forage production, and nontim
ber benefits, Swallow et  al. [1997] simulate the optimal 
harvest sequence. By including the discounted values of 
future cash flow from alternative uses for the land, this 
approach provides a decision support tool. The NELUP 
extension model [O’Callaghan, 1995], on the other hand, 
uses linear programming at the farm level to determine 
the optimal ways to maximize profit for a given set of 
resources and farm activity. It also explicitly accounts for 
individual’s risk taking or aversion behavior.

Similarly, the forest and agricultural sector optimiza
tion model uses a dynamic nonlinear model to assess the 
relationship between forestry, agriculture, and terrestrial 
carbon [Adams et  al., 1996]. It maximizes economic 
welfare of the decision maker and determines optimal 
allocation of land to alternative uses. Moreover, it allows 
for policy effects and has a feedback loop for inter
temporal price dynamics. Besides the data intensity, this 
approach does not fully account for parcel contagion 
criteria and potential candidates for conversion where all 
plausible land use options are not accounted for, a 
challenge addressed by spatially explicit approaches.

1.3.3. Integrated Environmental Economic Approaches

This approach couples landscape attributes with the 
relevant economic agent or economic drivers to deter
mine land use change in a dynamic setting. Its ultimate 
goal is to understand human‐environment dynamics 
across space, time, and decision‐making process [Grimm 
et al., 2000; Agarwal et al., 2002]. It can feature data on 
relevant development and household. Such models can 
also predict feedback effects between land use decisions, 
environmental outcomes, and relevant policies. It is also 
crucial in handling emerging land use developments, 
including energy production and progress on the relevant 
technologies.

The way land is managed, before and after the change, 
may be as important as the amount of land use and cover 
change, having notable effects, both in the short term and 
long term, on ecological, biophysical, economic and 
social, and climatic outcomes [Fargione et  al., 2008; 
Searchinger et al., 2008]. Thus, interest exists in tracking, 
evaluating, and monitoring its consequences in a way 
that accounts for the complex relationship that exists 
between the physical and the socioeconomic systems 
[Tesfatsion, 2001].

The integrated environmental economic approach is 
suited to handle such relationships in modeling land use 
change. In the case of bioenergy, for instance, the original 
use of the land can affect the overall energetic and GHG 
performance of the bioenergy produced. While some 
feedstocks compete with prime agricultural land, others 
do not. Instead, they grow on marginal and even contam
inated sites, which are otherwise unusable, and in the pro
cess, they help restore its functional capacity [Liebig 
et al., 2005; McLaughlin and Kszos, 2005; Mitchell et al., 
2010]. Similarly, woody bioenergy can also improve forest 
conditions and reduce the fire and disease outbreak risk 
associated with overstocked forests [Polagye et al., 2007]. 
These benefits need to be considered for the purpose of 
comprehensiveness. By using this approach, one can inte
grate physical information on land use change with policy 
and economic information, including sustainable land 
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management practices and upcoming technologies, such 
as carbon capture and storage [Barkley, 2007]. However, 
since they account for varying drivers and impacts simul
taneously, such models can be taxing in both data and 
computation needs and usability by varied stakeholders.

The general systems framework uses a recursive linear 
programming model at the regional and catchment levels 
and takes into account hydrological and ecological models 
and inputs, including soil characteristics, species, meteo
rological data, and input/output farm data [O’Callaghan, 
1995; Alberti and Waddell, 2000]. It helps one determine 
the dynamics between market forces, hydrology, and 
ecological outcomes. Such frameworks explicitly model 
choices of decision makers using probability functions 
and include relevant socioeconomic determinants while 
having an ecological analysis unit of 1 km2.

Similarly, the land use change analyses system model 
integrates socioeconomic module with landscape and 
impact modules [Berry et  al., 1996]. It models the 
transition probability matrix, develops new land use 
maps, and shows corresponding impacts on species hab
itat, using 90 m2 as its unit of  analyses.

1.4. EMPIRICAL EVIDENCE AND MODELING 
CHALLENGES

Given the contextual considerations, differences in 
feedstock and technology, and the varied working 
assumptions used by the studies, direct comparison of 
the previous studies on land use change is not always 
possible. However, researchers have attempted to not 
only evaluate the physical aspects of land use change but 
also study effects on a variety of variables ranging from 
GHG emission to soil quality and biodiversity. Moreover, 
whether or not the switch to biofuels will result in carbon 
savings could be significantly influenced by the types of 
land that are used to produce them [Searchinger et  al., 
2008; Lapola et al., 2010].

Andersen [1996] analyzed the determinants of defores
tation in the Brazilian Amazon using two different mea
sures. The first measure of deforestation was based on 
satellite photos, whereas the second was based on land 
surveys. Using regression analysis, the author concluded 
that local economic forces were more important factors 
than the government’s development policy at explaining 
deforestation across 316 municipalities during 1975–
1985. More recent studies, which use spatially disaggre
gated data, also combine other modeling techniques in an 
attempt to provide a more in‐depth analysis. Tompkins 
et al. [2015] present a deforestation and land use change 
scenario generator model that interfaces with dynamic 
vegetation models. The model named FOREST‐SAGE 
disaggregates the regional‐scale scenario to the local grid‐ 
scale scenario using certain risk rules based on physical 

and socioeconomic attributes. Their model successfully 
reproduced spatial patterns of  forest‐cover change as 
recorded by the Moderate Resolution Imaging 
Spectroradiometer Vegetation Continuous Field data.

Since the expansion of biofuels is a relatively recent 
phenomenon, there has been limited data and evidence to 
show that biofuels have resulted in large‐scale changes to 
land use [Taheripour and Tyner, 2013]. Yet in many cases, 
the relationship between biofuel production and land use 
change is a contentious issue. In the United States, Piroli 
and Ciaian [2012] employed time series analysis to eval
uate the relationships between fuel‐price changes and 
land use change, both direct and indirect, to test for inter
dependencies and the role of biofuels. They analyzed 
data for the 1950–2007 time period for five majorly traded 
agricultural commodities, the cultivated agricultural land 
area, and crude‐oil prices. The study concludes that the 
expansion of the bioenergy sector has indeed accelerated 
land use change in the United States wherein bioenergy 
crops are being cultivated on lands previously used for 
food crops. Meanwhile, Taheripour and Tyner [2013] state 
that the allocation of cropland in the United States has 
witnessed significant changes over the past two decades, 
in response to a variety of market conditions and policies. 
However, the total amount of harvested land has 
remained relatively unchanged.

Rajcaniova et  al. [2014] also estimated the impact of 
bioenergy on global land use change using econometric 
techniques. They concluded that increasing energy prices 
and biofuels’ production had a significant impact on 
global land use change through both direct and indirect 
pathways. They estimate a 12.12 million ha increase in 
global agricultural area due to higher biofuel production, 
which translates to 0.25% of the total worldwide agricul
tural area. Furthermore, the results for region‐specific 
estimates indicate a yearly total land use change increase 
due to biofuel production in Asia, South America, and 
North America. Similarly, Al‐Riffai et al. [2010] found 
that biofuel policies in the European Union resulted in 
indirect land use changes through deforestation in other 
parts of the world.

In a simulation‐based study, Lal [2011]has applied a 
modified version of  Subregional Timber Supply model 
[Abt et  al., 2000] spanning 13 southern states in the 
United States and found that bioenergy markets arrest 
the decline in private forest lands and in fact lead to an 
increase if  higher opportunity costs gets translated to 
high bioenergy demand. The results of moderate bioen
ergy demand scenario suggest that the Southern private 
forestland acreage increases by 4.6% from 175.39 million 
acres in 2010 to 183.47 million acres in 2050 (Figure 1.2). 
This acreage is 18% higher than no woody bioenergy sce
nario results. This is largely due to the increase in planted 
pine acreage (20% from 2007 levels), which offsets the 
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acreage decline from other forest types. The percentage 
decrease in the acreage of other four forest types (natural 
pine, oak pine, upland hardwood, and lowland hard
wood) is also much smaller than the low woody biomass 
scenario or where woody bioenergy markets do not exist.

Finally, we consider an example of integrated environ
mental economic models. Over the years, Brazil has 
witnessed a substantial increase in acreage allocated for 
sugarcane cultivation, a large portion of which is used for 
biofuel production [de Souza Ferreira Filho and Horridge, 
2014]. De Sá et al. [2013] empirically evaluated the poten
tial indirect effects of sugarcane cultivation on forest 
conversion in the Amazon region in Brazil. The impact 
of factors such as road density, access to markets, credit 
availability, soil quality, precipitation on deforestation in 
the Brazilian Amazon was evaluated within the modeling 
framework. Furthermore, the study also sheds light on 
the potential shift of cattle ranching from the Sao Paulo 
region to the Amazon. The authors claim that sugarcane 
expansion has led to the movement of cattle‐ranching 
activities form the Center‐South region toward the 

Amazon and that the indirect effect owing to displace
ment is both significant and nonnegligible. They also 
suggest that the results of their study are consistent with 
those obtained through studies relying on remote‐sensing 
evidence. Meanwhile, Elobeid et al. [2011] found that the 
expansion of sugarcane cultivation came at the expense 
of other crops and pastures in Brazil.

1.4.1. Modeling Challenges

Land use change analyses often focus on the under
lying processes that result in the alteration of landscapes 
and try to evaluate the implications of such changes 
[USDOE, 2011a]. Reports, including USDOE [2011b], 
state that while land use models focus on specific sec
tors of the economy, the complexity of real‐world inter
actions, such as the effects of biofuel policies in one 
part of the world on land use influences in another part, 
is difficult to capture accurately. Furthermore, collabo
rations between researchers are required to improve 
 methodological uncertainties as well as for improved data 
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Figure 1.2 Private forest acreage change for five forest types in Southern United States comprising 13 states under 
(a) no biomass diverted to energy scenario and (b) moderate consumption of woody biomass for energy scenario. 
(See insert for color representation of the figure.)
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collection and integration. Some of the most pressing 
challenges from a data perspective include the need for 
better quantification of land cover, accurate measurement 
of  environmental impact of  land use change, model 
validation through comparison with empirical data, and 
accurate evaluation against other energy alternatives. 
More refined modeling approaches that document and 
quantify the uncertainty in land use change models and 
allow for improved integration with economic models are 
also required.

Nassar et al. [2011] note that agricultural activities tend 
to be one of the primary drivers of land use change at a 
global level. The authors discuss the most common 
methodologies used by policymakers to quantify the land 
use change impacts of biofuel expansion. The paper 
highlights some of the limitations of current economic 
models and suggests that the calibration of economic 
parameters, for example, price elasticity and land supply 
elasticity in accordance with historical land use data and 
satellite imagery, could be a step in the direction of 
improving model accuracy. The authors also conclude 
that the evaluation of land use change ought to consider 
the agricultural sector as a whole rather than focusing 
primarily on the biofuel sector.

Although models that predict land use and land cover 
change are routinely used to perform environmental 
assessments and inform policy decisions, inherent in these 
projections are model uncertainties that can influence 
model results significantly [Prestele et al., 2016]. Prestele 
et al. [2016] identify hot spots of uncertainty in land use/
land cover models using a regression analysis of 11 
global‐scale models. They find that model uncertainty is 
higher at the edges of “globally important biomes” such 
as the boreal and tropical forests. The diversity of land 
use models and the lack of consistent observational data, 
coupled with multiple definitions of land use and land 
cover across models, also introduce model uncertainty.

Meanwhile, De Rosa et al. [2016] evaluated six land use 
change models for LCA, which they classified into three 
main categories: (i) economic, (ii) causal‐descriptive, and 
(iii) normative models. They contend that the causal‐
descriptive models are better suited for long‐term assess
ments, whereas the economic models perform better for 
short‐term assessments of the impacts of land use change. 
The authors also make important suggestions regarding 
the need to incorporate economic, biophysical, and 
statistical information to account for the inherent com
plexity of land use change models and achieve robust 
results. Furthermore, improving the precision of data, 
inclusion of more impact categories, identification of 
land use, specifically marginal land, are identified as some 
of the factors that can improve the quality of assessments 
of land use models. Finally, the authors point out that, in 
order to perform more holistic assessments of land use 

change, models should extend beyond measuring only 
GHG impacts and include impact categories such as 
nutrient leaching, water‐resource impacts, biodiversity 
impacts, and socioeconomic analyses.

1.5. TECHNOLOGICAL AND POLICY 
IMPERATIVES AND CERTIFICATION

Land use change is guided by policy imperatives, and 
government policies and programs can not only influence 
the economic market for bioenergy but also significantly 
influence diversion of feedstocks for energy use. Perhaps 
the most significant drivers of land use change are green‐
energy initiatives; bioenergy is generally considered as a 
source of such energy, and therefore, bioenergy initiatives 
may increase and grow in size.

In the United States, a range of  policies were intro
duced and are being implemented to support research 
and development in bioenergy with a view to enhance 
the share of  biofuels in the overall energy mix. These 
policies include the Biomass Research and Development 
Act of  2000, the 2002 Farm Bill, the Energy Policy Act 
of  2005, and the Energy Independence and Security 
Act (EISA) of  2007, among others. The 2002 Farm Bill 
included provisions and incentives to promote the 
development of  biorefineries and financial support to 
feedstock producers and engaged in educational out
reach to highlight the benefits of  biofuels. The Energy 
Policy Act of  2005 established the Renewable Fuels 
Standard (RFS) and introduced quantitative targets, 
while EISA 2007 aimed to achieve an increase in biofuel 
output to the tune of  36 billion gallons by 2022 of  which 
21 billion gallons would come from advanced biofuels 
[Food and Agricultural Organization (FAO), 2008]. In 
addition to these targets, a variety of  research grants, tax 
credits, and other fiscal incentives were implemented to 
support feedstock producers, biofuel processors, and the 
end consumers. Meanwhile, several other countries, 
including Brazil, China, India, as well as several 
European Union member states, have instituted both 
mandatory and voluntary targets [Global Bioenergy 
Partnership (GBEP), 2007]. Other countries, particularly 
European ones, also have green‐energy or specifically 
bioenergy‐incentivizing initiatives.

The U.S. Department of Agriculture (USDA) has 
implemented the Conservation Reserve Program (CRP) 
since 1985 to protect the quality of soil, stabilize land 
prices, and ensure steady agricultural production by 
providing technical and financial assistance [Dale et al., 
2010]. In Iowa, temporary waivers were granted for har
vesting biomass grown on CRP lands for use in research 
activities while allowing farmers to take the full benefit of 
CRP payments to encourage switchgrass establishment 
[Hipple and Duffy, 2002]. Similarly, under the aegis of the 
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Biomass Crop Assistance Program (BCAP), the USDA 
provides “financial assistance to owners and operators of 
agricultural and non‐industrial private forest land who 
wish to establish, produce, and deliver biomass feed
stocks” [USDA, 2016]. This support comes in the form of 
matching payments for eligible materials supplied to 
specified biomass‐conversion facilities or through annual 
payments for producers who enter into contracts with the 
Commodity Credit Corporation on contract acres within 
the BCAP project areas [USDA, 2016].

Some of these policies often offer subsidies or payments 
for farmers who produce bioenergy or can provide a 
market where none truly existed before. For example, 
most cars in the United States can run on 10% ethanol 
fuel, and others produced in the United States can run on 
nearly 85% ethanol fuel, which has created a large market 
for producers of ethanol. This, in turn, has created a new 
job market in the United States for bioenergy, which has 
positively affected the economy and encouraged further 
growth. However, as this causes the industry to grow, it 
can have a detrimental effect on land use change in some 
of the negative ways outlined earlier.

However, the efficacy of policy incentives is a subject 
of much debate. In its statement to the House Agriculture 
Subcommittee on Conservation, Energy, and Forestry in 
2012, the Wood Fiber Coalition claimed that the Biomass 
Crop Assistance Program negatively affected long‐
standing industries as several traditional wood products 
were diverted toward the bioenergy industry [Wood Fiber 
Coalition, 2012]. The biofuel industry has come under 
similar criticism whereby it is claimed that the increased 
production of biofuels comes at the expense of food 
grains being used to produce bioenergy, resulting in 
higher food prices. While such ramifications were unin
tended, it is crucial for biofuel policies to safeguard 
against the direct and indirect consequences of higher 
bioenergy mandates. As a result, one of most important 
challenges confronting policymakers is to ensure effective 
policy design and incentives that eliminate or limit any 
adverse impacts of policies intended to support the bio
fuel industry.

One of the other challenges with regard to the 
development of biofuels, specifically cellulosic and other 
advanced biofuels, is that technological innovations have 
not been attained at a level to make biofuel production 
economically viable. Mitchell et al. [2008] stated that sub
stantial advancements in agronomics and genetics were 
needed to enhance feedstock production, particularly for 
switchgrass. The underlying challenges are similar for 
other cellulosic feedstocks as well. Meanwhile, Chung 
[2013] highlights the requirement for advancements in 
conversion technologies, along with collaboration among 
stakeholders, to overcome the obstacles and challenges 
that inhibit the growth of the industry.

1.5.1. Bioenergy Certification and Land Use

Where bioenergy crops are grown, different policy 
criteria may work to ensure that they are produced in a 
responsible way. Regulatory initiatives such as the 
European Renewable Energy Directive and German 
Biofuels Sustainability ordinance work toward such a 
goal. These include suggestions on quotas on ethanol for 
fuel, GHG emission saving, and conservation of biodi
versity [Stappen et al., 2011]. Furthermore, policies and 
economics supporting nontraditional biofuels that do 
not need to replace farm crops and can be grown on 
marginal lands, such as switchgrass, may ultimately 
propel the industry to create a more sustainable biofuel‐
based economy.

Firbank [2008] highlighted the possible adverse impacts 
of bioenergy production on land use and biodiversity, while 
others have emphasized the GHG, socioeconomic, and 
water‐resource ramifications [Berndes, 2002; Searchinger 
et al., 2008; German et al., 2011]. It is important to note that 
the development of biofuels on commercial scales will 
necessitate the allocation of substantial land area for the 
cultivation of feedstocks as well as the setting up of 
processing and conversion facilities [Rinehart, 2006; 
Mitchell et al., 2012; NRDC, 2014]. In this regard, it will be 
crucial to evaluate the former land use and land cover of 
the cultivation and processing sites to ensure that the long‐
term benefits outweigh costs and the land use changes are 
not detrimental from environmental, social, and economic 
perspectives. As such, the certification criteria are usually 
not mutually exclusive, thereby ensuring multiple safe
guards from different aspects of biofuel production.

Adverse direct land use change effects caused by bioen
ergy production can be enforced and are already incorpo
rated by some European certifiers of green electricity, 
such as Eugene (Europe), Bra Miljoval (Sweden), Ok‐
Power (Germany), and Naturemade Star (Switzerland), 
who specify that biomass used for energy must come from 
Forest Stewarship Council (FSC) certified forests. Some 
other certifiers have developed their own land use change 
indicators. Milieukeur (the Netherlands) and Green 
Power (Australia) insist that biomass not be sourced from 
plantations that have been planted after clearing existing 
old‐growth or native forests. However, North American 
certifiers such as Green‐e (USA) and Environmental 
Choice (Canada) do not consider land use changes at all 
in their certification initiatives. In order to minimize the 
negative effects of direct land use changes, a cutoff  year 
for conversion of natural forests to plantations could be 
used (such as 1994, as outlined in FSC 2002 guidelines) to 
ensure that natural, multiple‐species forests are not con
verted to energy crops or monocultures [Fritsche et  al., 
2006]. Furthermore, standards could incorporate net 
changes in aboveground carbon, soil carbon stocks, and 
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wood products. The NRDC [2014] delineates specific 
protective performance guidelines for feedstock producers. 
First, the feedstock producers should not divert productive 
croplands, or their operations should not result in the 
conversion of critical habitats that adversely affect vulner
able species. Additionally, feedstock producers should not 
convert native forests and grasslands for feedstock cultiva
tion as well as not divert federal or  protected lands. 
Furthermore, feedstock producers should maximize 
productivity and minimize land use subject to constraints 
pertaining to sustainable yields. The guidelines also recom
mend collection of evidence for previous and existing land 
use and product/land assessments.

However, it is surprising to note that most of  the bio
energy‐certification systems lack GHG‐reduction indi
cators. The Roundtable on Sustainable Palm Oil (RSPO) 
[2007], as well as recent suggestions on bioenergy 
certification [Richardson et al., 2005; Lewandowski and 
Faaij, 2006; Van Dam et al., 2008], suggests having GHG 
emission reduction but does not elaborate as to how 
much this reduction should be. The EISA 2007 specifies 
that a minimum of 50% reduction in GHG emissions 
from the use of  advanced biofuels (such as cellulosic 
biofuels) should take place compared to fossil fuels sold 
or distributed as transportation fuel in 2005.

From a certification perspective, Burli et al. [2016] list 
nine impact categories including land use, agrochemical 
application, waste management, air quality, and moni
toring, among others. The stated impact categories can 
safeguard from potential risks associated with large‐scale 
adoption of switchgrass‐based biofuels; however, the 
guidelines can be adapted for other feedstocks as well. 
Building on the protection of productive farmlands and 
limiting the impact on food production, the sustainability 
criteria ensure that the allocation of land to feedstock 
cultivation does not result in the propagation of  mono
cultures and irrecoverable losses to above‐ or below
ground vegetation and carbon sinks.

The Roundtable on Sustainable Biomaterials (RSB) 
[2013] provides specific guidelines for biofuel‐feedstock 
producers and processers pertaining to the safeguarding of 
land rights and land use rights. The guidelines require the 
operator to conduct a Land Rights Assessment in cases 
where the initial screenings and assessments indicate a neg
ative impact to existing land rights and land use rights as a 
result of biofuel operations. The guidelines require the 
operators to settle any disputes through free and informed 
consent on the basis of negotiated agreements with the 
affected parties. In addition, the guidelines state that bio
fuel operations should not be conducted on lands that 
were acquired as a result of involuntary resettlements and 
that if there are any disputes about the tenure agreements 
among the stakeholders, the biofuel operations shall not 
be approved under the RSB guidelines [RSB, 2013]. 

In addition, guidelines and biofuel certification criteria 
also require thorough impact assessments and documenta
tion that show positive net benefits for GHG emissions, 
favorable crop mix vis‐à‐vis prior land use, and evaluation 
of local/regional land and food prices and social indicators 
such as income and employment compared to past trends, 
among other factors.

1.6. MOVING FORWARD

In this chapter, we have provided a summary of the 
land use change issues arising because of bioenergy 
market development. On the basis of systematic litera
ture review, we discuss direct and indirect land use change 
impacts, modeling approaches used, and ensuing chal
lenges. Empirical evidence from the United States and 
elsewhere has also been outlined. We discuss policy 
imperatives and bioenergy‐certification initiatives as well. 
Our analysis suggests that bioenergy production must 
ensure an efficient allocation of land while limiting both 
direct and indirect impacts on land, water, and other 
natural resources as well as cascading impacts on food 
and feed for local and regional populations.

A realistic framework to model such impact requires a 
considerable integration of concepts, methods, and disci
plines. Although recent efforts have shown progress in 
this area, more needs to be done. Methodologically 
integrated models can offer new perspective, strengthen 
the reliability of the results, better capture the real‐world 
complexities, and build on the strength of each individual 
model and make up for their respective weaknesses. 
Moreover, the geographic focus of studies can strive to 
include previously unexplored areas and topics including 
urban‐rural interactions. This can reduce replication of 
efforts that only produce marginally new insights instead 
of addressing needs that have not been met to date. 
This can also free up resources that can be allocated to 
other priorities. Standardizing methods, data collection, 
analyses, and presentation of findings will also help 
researchers and users to better focus on the results instead 
of having to sort out the effects that are of interest and 
those having to do with the way the results are produced 
or presented. Ensuring that such models are also avail
able to all interested users can lead to greater use out of 
such resources, create synergistic benefits, and lead to a 
quicker collection and processing of data. Results based 
on such approaches will better serve decision‐making 
process and contribute toward better land use plans and 
policies.

There are also advancements in LCA and means to 
estimate net GHG emissions arising from bioenergy pro
duction. It is being realized that LCAs include not only 
direct emissions but also significant indirect emissions 
from processes such as land use changes. The emission 
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reductions from biomass production and harvesting play 
a significant part in this calculation, and sustainability 
indicators should ensure that these processes allow for 
emission reductions across the entire system. Because 
LCA and GHG accounting for each biomass production 
site entail significant costs, the challenge is to develop har
vesting standards for small‐producer compliance. The 
ILUC effects are also emphasized in Low Carbon Fuel 
Standards, which have already been enacted by California 
[Devereaux and Lee, 2009]. Many states in the northeast 
are also working toward developing such standards 
[Sperling and Yeh, 2009]. However, ILUCs are much dif
ficult to assess, and today there is no generally accepted 
methodology for determining such effects. Fritsche et al. 
[2006] argue for assessing indirect influence of bioenergy 
on land use change through measures such as land prices 
and rents. However, conducting such assessments at site 
level and translating these to operational constraints is 
quite resource intensive. A satisfactory methodology 
might be incorporated into the life cycle GHG emissions 
of  fuels at a later date to account for indirect land use 
change impacts.

It is also worthwhile to note that policy incentives 
and support for bioenergy can result in not only diversion 
of  feedstocks for energy use but also unintended con
sequences. Identifying such potential unintended conse
quences is important toward determining the net effects 
associated with incentive programs. It is also important 
to determine if  multiple programs can be integrated for 
synergistic purposes. This may reduce transaction cost, 
ease the application process, and ensure that all potential 
enrollees and eligible applicants know about and take 
advantage of the programs available to them.
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1.1.  INTRODUCTION

The use of  elemental and isotope chemostratigraphy 
in interpretation and correlation of  global events was 
established with the pioneer work of  Emiliani [1955] on 
oxygen isotope composition of  foraminifers from deep‐
sea cores. Shackleton and Opdyke [1973] established the 
first 22 oxygen isotope stages, which was effectively the 
first formal application of  chemostratigraphy. Williams 
et al. [1988] extended the oxygen isotope stage zonation 
to the rest of  the Quaternary and Lisiecki and Raymo 
[2005] to the whole Pliocene. The success of  oxygen 
isotope chemostratigraphy encouraged researchers to 
use stable isotope stratigraphy in ancient sedimentary 
successions.

Precambrian chemostratigraphy followed the pioneer 
research by William T. Holser on ancient ocean water 
chemistry [Kaufman et al., 2007a]. Long‐term fluctuations 

in the chemistry of the seawater have been examined from 
the C isotope record across thick successions [e.g., Veizer 
et al., 1980; Magaritz et al., 1986], and, in spite of poten
tial effects of late diagenesis on isotope record, important 
isotope events were demonstrated on a global scale [e.g., 
Knoll et  al., 1986; Magaritz, 1989; Holser, 1997]. Since 
then, it became evident that contemporaneous, geograph
ically widely separated marine strata registered similar 
isotopic compositions. Thereafter, chemostratigraphy 
became an important technique/tool of intrabasinal and 
interbasinal stratigraphic correlation to help assemble 
Precambrian stratigraphic record from fragments pre
served in different successions [Kaufman et al., 2007b; 
Karhu et al., 2010; Sial et al., 2010a], compensating for 
poor biostratigraphic resolution of Precambrian fossils 
[Veizer et  al., 1980; Knoll et  al., 1986; Magaritz et  al., 
1986; Knoll and Walter, 1992; Kaufman et  al., 1997; 
Corsetti and Kaufman, 2003; Halverson et  al., 2005]. 
Correlations established through chemostratigraphy can be 
used to comment on biogeochemical and climate changes 
through time although the paucity of radiometric con
straints on the absolute age of few of the extreme isotope 
excursions have led to debates on their temporal equivalence 
[e.g., Kaufman et al., 1997; Kennedy et al., 1998; Calver 
et al., 2004; Allen and Etienne, 2008].

Chemostratigraphy as a Formal Stratigraphic Method

Alcides Nobrega Sial1, Claudio Gaucher2, Muthuvairavasamy Ramkumar3, and Valderez Pinto Ferreira1
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4 CHEMOSTRATIGRAPHY ACROSS MAJOR CHRONOLOGICAL BOUNDARIES

1.2.  BASIS AND DEVELOPMENT 
OF CHEMOSTRATIGRAPHY

High‐resolution chemostratigraphy provides records 
that are multidimensional and that may yield climatic, 
stratigraphic, biologic, environmental, oceanographic, 
and, last but not least, tectonic information. Hence, the 
number of studies relying on isotope stratigraphy has 
grown substantially. In the case of C isotope stratigraphy, 
it can be even applied to sedimentary rocks diagenetically 
altered or that have undergone up to amphibolite facies 
metamorphism but that may have retained the original 
isotope signal [Melezhik et al., 2005; Nascimento et al., 
2007; Kaufman et al., 2007b; Chiglino et al., 2010].

There are a myriad of isotope systems that have been 
successfully used in chemostratigraphy: carbon, oxygen, 
sulfur, nitrogen, calcium, boron, chromium, molybdenum, 

lithium, strontium, neodymium, osmium, iron, and 
zinc. In order to apply the isotope record of  any of  these 
systems for chemostratigraphy of sedimentary sequences, 
it is essential to have good knowledge of the secular and 
other variations of  marine isotope ratios. As carbon 
isotopes have higher resilience against postdepositional 
alteration, they are measured in carbonates and organic 
matter that led to the establishment of a larger database 
than other isotope systems. Therefore, δ13C on carbonates 
are more widely used in chemostratigraphy, except in 
carbonate‐poor successions characterized by black shales 
[e.g., Johnston et  al., 2010] in which one can measure 
organic carbon isotopes or carbonate carbon isotopes on 
fossils (bivalves, ammonites, belemnites, ostracods, etc.). 
An attempt to compile carbon isotope data to determine 
a secular variation curve of δ13C has revealed remarkable 
δ13C anomalies in the Proterozoic and Phanerozoic 
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[e.g., Veizer et  al., 1980, 1999; Karhu and Holland, 
1996;  Hoffman et  al., 1998b; Kah et  al., 1999; Melezhik 
et al., 1999, 2007; Zachos et al., 2001; Lindsay and Brasier, 
2002; Halverson et al., 2005, 2010a, 2010b; Saltzman, 2005; 
Bekker et al., 2006; Saltzman and Thomas, 2012], and it 
became apparent that δl3C minima, perhaps, follow main 
extinction events [e.g., Magaritz, 1989]. The Hirnantian 
and Frasnian‐Famennian episodes, however, are charac
terized by a positive excursion, and negative excursions are 
known where extinction was only minor (e.g., early Aptian). 
A compilation of global secular variation curves of δ13C, 
δ18O, δ34S, and 87Sr/86Sr, together with major anoxic events, 
glaciations, and sea‐level variation, can be found in Sial 
et al. [2015a].

The use of  chemostratigraphy as a stratigraphic tool 
requires a careful examination of  the diagenetic history 
of  rocks. Petrographic, elemental (e.g., Mn/Sr, Sr, and 
Rb/Sr vs. δl3C), and isotopic (δl8O vs. δl3C) proxies are 
fundamental for the assessment of  the nature of  C iso
tope signals [e.g., Marshall, 1992; Jacobsen and Kaufman, 
1999; Melezhik et al., 2001]. In doing so, dolostones and 
limestones have to be dealt with separately due to their 
different capacity to retain primary isotopic compositions 
[e.g., Kah et al., 1999; Gaucher et al., 2007].

Two special issues focusing Precambrian chemostratig
raphy were published in Chemical Geology [Kaufman 
et  al., 2007a] and Precambrian Research [Karhu et  al., 
2010]. In these special issues, results of some cutting‐edge 
research on traditional (C, Sr, S) isotope chemostratigra
phy, few nontraditional isotope systems (Ca), and Hg 
chemostratigraphy have been reported. These publications 
encompass studies that highlighted chemical events from 
the Paleoproterozoic (Africa, South America, Europe, and 
India), Mesoproterozoic (South America), and Cryogenian‐
Ediacaran (North America, South America, and India) 
and a special focus to the atmospheric, climatic, and bio
geochemical changes in both ends of  the Proterozoic 
eon. In addition, a comprehensive synthesis on the basis 
and use of chemostratigraphy is presented in the book by 
Ramkumar [2015].

1.2.1. Hydrogen Isotopes

Hydrogen isotopes are relatively little used in chemo
stratigraphy except in studies of ice and snow stratigraphy, 
but deuterium has proved to be important isotope in 
defining the Holocene Global Stratotype Section and 
Point (GSSP) [Walker et al., 2009]. Quaternary scientists 
have always sought a boundary stratotype for the 
Holocene in terrestrial sedimentary records, but it was 
within the NorthGRIP (NGRIP) ice core, Greenland, 
that the Holocene GSSP at 1492.45 m depth has been 
ratified by the International Union of Geological Sciences 
(IUGS). Physical and chemical parameters within the ice 

enable the base of  the Holocene, marked by the first 
signs of  climatic warming at the end of  the Younger 
Dryas/Greenland Stadial 1 cold phase, located with a 
high degree of  precision [Walker et  al., 2009]. This 
climatic event is reflected in an abrupt shift in deuterium 
excess values, accompanied by more gradual changes in 
δ18O, dust concentration, a range of chemical species, and 
annual layer thickness.

1.2.2. Carbon Isotopes

Carbon isotope investigation on Paleoproterozoic 
carbonate rocks of  the Lomagundi province in Africa 
revealed much larger δ13C variation [Schidlowski et  al., 
1983] than previously known from the Phanerozoic car
bonate successions [Veizer et al., 1980]. This observation 
led to the assumption that δ13C stratigraphic variation 
could be a tool in stratigraphic correlation. The pioneer 
work of  Scholle and Arthur [1980] is one of  the first to 
use carbon isotopes as stratigraphic tool, and Berger and 
Vincent [1981] recognized chemostratigraphy as a valid 
stratigraphic method. The potential use of  δ13C trends 
and excursions of  marine carbonates to date and corre
late rocks relies on the fact that their 13C/12C ratios varied 
over time as the result of partitioning of carbon between 
Corg and Ccarb reservoirs in the lithosphere [e.g., Shackleton 
and Hall, 1984; Berner, 1990; Kump and Arthur, 1999; 
Falkowski, 2003; Sundquist and Visser, 2004; Saltzman 
and Thomas, 2012]. The knowledge of  the C isotope 
record is very important not only in stratigraphic correla
tion but also because of its potential to help understand 
the development of Earth’s climate, evolution of its biota, 
and CO2 levels in the atmosphere.

The compilations of the secular δ13Ccarb variation for the 
entire Phanerozoic [Veizer et al., 1999] and the Cenozoic 
[Zachos et al., 2001] were important steps to enable carbon 
isotope chemostratigraphy to be routinely used as a strati
graphic tool. Currently, the most complete available 
curve on the δ13Ccarb fluctuations through geologic time 
has been compiled from multiple literature sources by 
Saltzman and Thomas [2012]. Difficulties faced in con
structing such a curve reside on the fact that materials 
analyzed for curve construction, available in the litera
ture, differ between authors and geological time periods, 
as cautioned by Saltzman and Thomas [2012]. In an 
attempt to use these compiled curves, one should care
fully consider whether skeletal carbonate secreted by 
specific organisms or bulk carbonate has been used in 
evaluating or comparing C isotope stratigraphic records. 
Apparently, the most accepted carbonate δ13Ccarb record 
spanning the Neoproterozoic era is found in Halverson 
et al. [2010a, 2010b].

Covariation between δ13Ccarb and δ13Corg helps find out 
whether variations in the δ13Ccarb record reflect changes in 
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the isotopic composition of  the ancient dissolved inor
ganic carbon (DIC) pool [e.g., Oehlert and Swart, 2014]. 
Covariant δ13Ccarb and δ13Corg records attest that both 
carbonate and organic matter were originally produced in 
the ocean surface waters and have retained their original 
δ13C composition [e.g., Korte and Kozur, 2010; Meyer 
et al., 2013] as no secondary process is able to shift δ13Ccarb 
and δ13Corg in the same direction at the same rate [Knoll 
et al., 1986]. Conversely, the decoupled δ13Ccarb and δ13Corg 
records point to diagenetic alteration [e.g., Grotzinger 
et al., 2011; Meyer et al., 2013] or denounce that noise 
in the δ13Corg record resulted from local syn‐sedimentary 
processes [Maloof et  al., 2010]. One should remember, 
however, that the organic carbon isotope record is very 
much dependent on the source of  the organic matter 
(terrestrial vs. marine) and terrestrial records may retain 
the secular variations known from the marine records.

Carbon isotopes can also be used as a pCO2 proxy. 
Stratigraphic variation in the offset between the δ13Ccarb 
and δ13Corg expressed by Δ13C offers a potential tool for 
tracing paleo‐pCO2 change [Kump and Arthur, 1999; Jarvis 
et al., 2011]. Increased burial of  organic carbon leads to 
a fall in atmospheric pCO2 and a positive excursion in 
both inorganic and organic carbon. The peak in δ13Corg 
may postdate that of inorganic carbon and may be larger 
in magnitude, because Δ13C decreases as atmospheric 
pCO2 falls. This difference in response is tied to a draw
down in atmospheric pCO2 [Kump and Arthur, 1999]. The 
“robust voice” of carbon isotopes has the potential to tell 
us about Earth’s history [Knauth and Kennedy, 2009], but 
some postdepositional alteration of carbonate rocks may 
alter the story [Bristow and Kennedy, 2008]. However, 
indiscriminate use of C isotope stratigraphy to correlate 
Neoproterozoic carbonates (“blind dating”) has been 
cautioned by Frimmel [2008, 2009, 2010] from his studies 
on REE + Y distribution in Neoproterozoic carbonates 
from different settings in Africa. These studies have raised 
some doubt on the usefulness of cap carbonates for strati
graphic correlation of Neoproterozoic sediment successions 
based on carbon isotopes. They deserve further investiga
tion, although one can argue that rare earth elements 
(REEs) and DIC behave differently in seawater and are 
affected by diagenesis in a complete different way.

The application of carbon isotope chemostratigraphy 
to the study of oceanic anoxic events (OAEs) which record 
profound global climatic and paleoceanographic changes 
and disturbance of the carbon cycle, is one of the best 
examples of use of chemostratigraphy as a stratigraphic 
tool. The OAEs resulted from abrupt global warming 
induced by rapid influx of  CO2 into the atmosphere 
from volcanogenic or methanogenic sources and were 
accompanied by accelerated hydrological cycle, increased 
weathering, nutrient discharge to oceans, intensified 
upwelling, and increase in organic productivity [Jenkyns, 

2010]. Nine major OAEs are known, the oldest in the 
Jurassic (Toarcian, called T‐OAE, around 183 Ma), seven 
in the Cretaceous, and the youngest one in the Cenozoic 
(corresponding to the Paleocene‐Eocene Thermal Maximum 
(PETM), around 55.8 Ma).

An OAE event implies very high burial rates of marine 
organic carbon (12C), resulting in an increase in δ13C values 
of marine and atmospheric carbon, as observed in the 
pronounced regionally developed positive carbon isotope 
excursion in δ13Ccarb across the Cenomanian‐Turonian 
boundary [Scholle and Arthur, 1980]. However, the carbon 
isotope signatures of  the early Toarcian, early Albian, 
and early Aptian OAEs are more complicated as signals 
from δ13Ccarb, δ

13Corg, and specific biomarkers exhibit both 
positive and pronounced negative excursions [Jenkyns and 
Clayton, 1986; Herrle et al., 2003; Jenkyns, 2003, 2010]. 
This observation suggests that besides carbon burial 
driving to global δ13C heavier values, input of light carbon 
implies movement in the opposite direction.

The selection of a section at El Kef, Tunisia, to be the 
GSSP for the Cretaceous‐Paleogene boundary (K‐Pg; 
66.02; Molina et al., 2006, 2009), and of one at Dababiya, 
Egypt, to be the one for the Paleocene‐Eocene boundary 
(PETM; 58.8 ± 0.2 Ma; Aubry et  al., 2007), is the best 
example of use of carbon isotope chemostratigraphy in 
boundary definition. A δ13C negative shift in the section 
at El Kerf was one of the five marker criteria to define the 
K/Pg boundary, while the Paleocene‐Eocene boundary 
was defined based on global δ13Corg and δ13Ccarb isotope 
excursions (CIE).

1.2.3. Nitrogen Isotopes

The use of δ15N variations in organic matter (kerogen, 
δ15Norg) has proved to be a valuable tool in the investiga
tion of the evolution of the ocean chemistry, bioproduc
tivity, and chemostratigraphic correlation, especially where 
biostratigraphy is of  limited usefulness [Beaumont and 
Robert, 1999; Papineau et al., 2005; Algeo et al., 2008; 
Cremonese et al., 2009]. Nitrogen isotope values for bulk 
samples (δ15Nbulk) from sections across the Ediacaran‐
Cambrian boundary in South China display positive 
values in the uppermost Ediacaran strata and strong 
negative shift in the Cambrian strata, especially in black 
shales, testifying to the changes in the biogeochemical 
cycle of  the ancient ocean [Cremonese et al., 2009, 2013, 
2014]. Nitrate and nitrite are reduced to nitrogen gas by 
denitrification, as part of  the global nitrogen cycle in 
modern oceans [Algeo et al., 2008].

The hypothesis that transition from anoxic to oxygenated 
deep ocean took place at the end of  the Neoproterozoic 
era (Neoproterozoic Oxygenation Event) is relatively well 
accepted [e.g., Canfield et  al., 2008; Och and Shields‐
Zhou, 2012]. Some of the available geochemical data for 
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the age interval of  this transition, however, allow the 
interpretation of  possibly full oxygenation in the early 
Ediacaran and preservation of deep ocean anoxia up to 
as late as the Early Cambrian [Ader et al., 2014].

Changes in marine redox structure are related to 
changes in the nitrogen nutrient cycling in the global 
ocean, implying that δ15Nsed probably reflects deep ocean 
redox transition [Ader et  al., 2014]. Nitrogen isotope 
data from Canada, Svalbard, Amazonia, and China, 
spanning the 750–580 Ma interval, together with other 
available δ15Nsed data, show no apparent change between 
the Cryogenian and Ediacaran, revealing a δ15Nsed distri
bution that closely resembles modern marine sediments, 
ranging from −4 to +11, with a δ15N mode close to +4 
[Ader et al., 2014]. δ15N data from the earlier Proterozoic 
show distribution relatively similar to this, but shifted 
slightly toward more negative δ15N values and with a 
wider range. A possible explanation for similarity of 
this δ15N distributions is that as in the modern ocean, 
nitrate (and hence O2) was stable in most of  the middle 
to late Neoproterozoic ocean and possibly much of  the 
Proterozoic eon [Ader et al., 2014].

Global climate over Quaternary glacial‐interglacial time 
scales may have affected fluctuations of  denitrification 
intensity whose rates varied over time, especially during 
OAEs (e.g., T‐OAE; Jenkyns et al., 2001). Some Upper 
Carboniferous black shales display Corg/N ratios and 
nitrogen isotope data that attest to fluctuations in the 
intensity of  denitrification associated with glacially 
driven sea‐level changes [Algeo et al., 2008]. Sedimentary 
δ15N increases during rapid sea‐level rise in each cycle, 
with intensified denitrification, returning to background 
levels as sea level stabilized during the interglacial phase.

Bulk 15Ntot data from early Toarcian black carbon‐rich 
shales from British Isles and northern Italy (T‐OAE; 
Jenkyns et al., 2001, 2010) and from the Toarcian‐Turonian 
OAE [Jenkyns et al., 2007] have revealed a pronounced 
positive δ15Ntot excursion that broadly correlates with a 
relative maximum in weight percent TOC and, in some 
sections, with a negative δ13Corg excursion. Perhaps, the 
upwelling of  a partially denitrified, oxygenated water 
mass is the explanation for the relative enrichment of 
δ15Ntot, and the development of  early Toarcian suboxic 
water masses and partial denitrification is attributed 
to increases in organic productivity [Jenkyns et al., 2001]. 
A negative δ15Norg peak to near 0‰ air/N2 occurs at the 
Permian‐Triassic (P‐T) boundary parallel to a negative 
δ13C excursion. It has been interpreted as the result of  a 
diminished biomass of  eukaryotic algae due to mass 
extinction, which were replaced by microbial N2 fixers 
such as cyanobacteria [Fio et  al., 2010]. An analogous 
negative δ15Norg and δ15Nbulk excursion has been reported 
from the Ordovician‐Silurian boundary [Luo et al., 2016] 
and from the Ediacaran‐Cambrian boundary [Kikumoto 

et al., 2014]. Thus, nitrogen isotopes are valuable for the 
definition of major chronostratigraphic boundaries.

1.2.4. Oxygen Isotopes

Oxygen isotope chemostratigraphy has become an 
impor tant tool for Mesozoic and Cenozoic stratigraphic 
correlation of marine sediments [e.g., Friedrich et al., 2012]. 
For such studies, δ18O is usually measured on benthic fora
minifera to avoid isotopic gradient effects [e.g., Emiliani, 
1955; Shackleton and Opdyke, 1973; Lisiecki and Raymo, 
2005]. The demonstration of primary nature of δ18O values 
in older successions, however, is often difficult, although 
oxygen isotopes have been successfully used in carbonates 
from belemnites and brachiopods and phosphates from 
shark teeth and conodonts [e.g., Vennemann and Hegner, 
1998; Joachimski and Buggisch, 2002; Puceat et al., 2003; 
Price and Mutterlose, 2004; Bodin et al., 2009; Dera et al., 
2009; Van de Schootbrugge et al., 2013].

Oxygen isotope ratios in foraminifera from deep‐sea cores 
have shown a consistent pattern representing changes in 
the ocean‐atmosphere system through time. Emiliani 
[1955], based on the major swings in his data, has recog
nized the “marine isotope stages” (MIS). Shackleton [1969] 
has subdivided Emiliani’s stage 5 into lettered substages, 
and since then, Quaternary time is divided into marine iso
tope stages and substages. The MIS scheme was the first 
attempt to use oxygen isotope chemostratigraphy in the 
Quaternary. Railsback et  al. [2015] have proposed the 
scheme of marine isotope substages currently in use.

A general increase from −8 to 0‰ VPDB in the 
Phanerozoic, punctuated by positive excursions coinci
dent with cold intervals, has been recognized by Veizer 
et al. [1999] who have suggested that δ18O analyses of care
fully screened, well‐preserved brachiopods and mollusks 
can still retain a primary signal even in Paleozoic samples. 
Nevertheless, similar consideration is not possible for the 
Precambrian due to the absence of calcified metazoans, 
except for the Ediacaran. δ18O analyses of whole rock 
samples of Precambrian successions usually reflect diage
netic conditions, although primary trends have been 
reported in rare/limited occasions [Tahata et al., 2012].

According to Bao et al. [2008, 2009], triple oxygen iso
tope evidence proved to be an important tool in the 
discrimination of early‐Cryogenian from end‐Cryogenian 
cap carbonates. Sulfate from ancient evaporites and 
barite shows variable negative 17O isotope anomalies over 
the past 750 million years. An important difference in 17O 
isotope anomalies of barite at top of the dolostones from 
the Marinoan cap carbonates (negative spike ∼ −0.70‰) 
suggests that by the time this mineral was precipitated, 
PCO2 was highest for the past 750 million years (CO2 levels 
reached 0.01–0.08 bar during and just after ∼635 Ma 
glacial event; Bao et al., 2008, 2009].
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Oxygen isotopes of  dissolved inorganic phosphate 
(δ18Op) are a powerful stable isotope tracer for biogeo
chemical research, offering insights into the relative 
importance of  different sources of  phosphorus within 
natural ecosystems [Davies et  al., 2014]. Besides, the 
isotope fractionations alongside the metabolism of 
phosphorus allow δ18Op to be used to better understand 
intracellular/extracellular reaction mechanisms that 
control phosphorus cycling.

An organic paleothermometer based upon the 
membrane lipids of  mesophilic marine Thaumarchaeota, 
the tetraether index of  lipids, with 86 carbon atoms 
(TEX86) has been used for over a decade when attempt
ing to reconstruct sea surface temperatures (SSTs). This 
thermometer is particularly useful when other SST 
proxies are diagenetically altered (e.g., planktic forami
nifera; Pearson et al., 2007) or absent (e.g., alkenones; 
Bijl et al., 2009).

The oldest TEX86 record is from the Middle Jurassic 
(~160Ma) and indicates relatively warm SST [Jenkyns 
et  al., 2012]. It has been also used to reconstruct SST 
throughout the Cenozoic era (66–0 Ma) [e.g., Sluijs et al., 
2009; Zachos et al., 2006] and particularly to reconstruct 
the Eocene (55.8–34 Ma) SST. During the early Eocene, 
TEX86 values indicate warm high southern hemisphere 
latitude SSTs (20–25 °C) in agreement with other indepen
dently derived proxies (e.g., alkenones, Mg/Ca). During 
the middle and late Eocene, high southern latitude sites 
cooled, while the tropics remained stable and warm.

The field of clumped isotopes is concerned with how 
the various isotopes of carbon and oxygen are distributed 
in the lattice of the carbonate crystal, allowing distinc
tion of the “isotopologues,” that is, molecules of similar 
chemical composition but different isotopic composition 
[Eiler, 2007]. This field is concerned with measuring an 
isotopologue of CO2 gas with a mass of 47, that is, where 
the two “heavy” rare isotopes (13C and 18O) are substi
tuted in the CO2 molecule. This is representative of the 
amount of “clumping” of the heavy isotopes in the crystal 
lattice of the carbonate. As Δ47 is measured, the amount 
of clumping at a known temperature can be determined 
[e.g., Ghosh et  al., 2006]. Guo et  al. (2009b) provided a 
theoretical Δ47 calibration for a number of different miner
alogies, making clumped isotopes to be one of the most 
promising paleothermometer for paleoclimate and dia
genesis [e.g., Eagle et al., 2010; Tripati et al., 2010; Petrizzo 
et al., 2014]. The great advantage is that it is unnecessary 
to know the oxygen isotope composition of the water 
with which carbonates have isotopically equilibrated. The 
growing interest on use of this technique is reflected in a 
rapid increase in the number of laboratories equipped to 
perform routine analyses of clumped isotope and by the 
organization of a series of international workshops 
focusing on its development and general applications.

1.2.5. Sulfur Isotopes

A secular δ34S variation curve for evaporites (1.0 Ga to 
present) was reported by Claypool et al. [1980], and since 
then sulfur isotope chemostratigraphy has been largely 
used for marine evaporite sulfate, in terrains ranging from 
1.0 Ga to recent. Extensive critical review on sedimentary 
sulfur through time and on potential use of  sulfur 
isotopes in the investigation of time boundaries is found 
in Strauss [1997], while detailed discussion on the use of 
sulfur isotopes on Neoproterozoic chemostratigraphy 
can be found in Halverson et al. [2010a]. Halverson et al. 
[2010b] have subdivided Neoproterozoic sulfur isotope data 
into two kinds: one recording seawater sulfate (δ34Ssulph) and 
the other recording epigenic or authigenic pyrite (δ34Spyr). 
The former is recovered from evaporites, barites, phospho
rites, and carbonates (as carbonate‐associated sulfate 
(CAS)). Fractionation that occurs during bacterial sulfate 
reduction (BSR) plus additional fractionation effects of 
reactions during oxidative recycling of sulfides is recorded 
by the pyrite data [Canfield and Teske, 1996], while the 
sulfur isotope data from barite, phosphorite, and CAS 
depict seawater sulfate (δ34Ssulph). Due to BSR, δ34Spyr is 
usually lower (lighter) than δ34Ssulph. Two important 
exceptions to this rule have been reported [Ries et  al., 
2009]: (i) Archean successions usually yield similar values 
for pyrite and CAS, because the ocean was anoxic, and 
therefore BSR was negligible. (ii) Superheavy pyrites, that 
is, with δ34S values exceeding that of coeval sulfides, occur 
in late Neoproterozoic successions and were interpreted 
as the result of  very low sulfate concentrations and fer
ruginous conditions in the ocean and intense aerobic 
reoxidation of pyrite [Ries et al., 2009].

Mass‐independent fractionation (MIF) is observed in 
O, S, and Hg, linked to photochemical reactions in the 
atmosphere, and in the case of sulfur, it can be observed 
in ancient sediments [Farquhar et  al., 2000; Guo et  al., 
2009b] where it preserves a signal of  the prevailing envi
ronmental conditions which makes sulfur isotopes as a 
tracer of  early atmospheric oxygenation up to the 
formation of  the ozone shield. The method implies mea
surements of multiple sulfur isotopes (δ33S, δ34S, and δ36S) 
on CAS and sulfides. The creation and transfer of the 
mass‐independent (MI) signature into minerals would be 
unlikely in an atmosphere containing abundant oxygen, 
constraining the Great Oxygenation Event (GOE) and 
the establishment of an ozone shield to sometime after 
2.45  Ga ago. Prior to this time, the MI sulfur record 
implies that sulfate‐reducing bacteria did not play a 
significant role in the global sulfur cycle and that the MI 
sulfur signal is due primarily to changes in volcanic 
activity [Halevy et al., 2010]. After 2.3 Ga, the MIF signal 
disappears, attesting to the continued existence of an 
ozone layer since the Paleoproterozoic [Guo et al., 2009a]. 
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Therefore, sulfur isotopes are important in the study of the 
Archean‐Paleoproterozoic boundary and the fundamental 
biotic and environmental changes that took place during 
the GOE.

Biological and abiotic reactions in the sulfur biogeo
chemical cycle show distinctive stable isotopic fraction
ation and are important in regulating the Earth’s surface 
redox state [Pasquier et al., 2017]. The δ34S composition 
of sedimentary sulfate‐bearing phases reflects temporal 
changes in the global sulfur cycle and can be used to 
infer major changes in the Earth’s surface environment, 
including rise of atmospheric oxygen.

Sulfur isotope pyrite‐based records have been less 
explored. Pasquier et al. [2017] have studied Mediterranean 
sediments deposited over 500,000 y which exhibit strati
graphic variations >76‰ in the δ34Spyr data. These authors 
have demonstrated the relationship between the strati
graphic isotopic variation and phases of glacial‐interglacial 
sedimentation rates. Their results suggest that the control 
of the sulfur isotope record can be associated with strong 
sea‐level variations. Besides, they provided an important 
perspective on the origin of variability in such records and 
suggested that meaningful paleoenvironmental information 
can be derived from pyrite δ34S records.

1.2.6. Calcium, Magnesium, and Boron Isotopes

Technological advances in analytical procedures and 
sophistication of equipment (e.g., micro‐SIMS, nano‐
SIMS, MC‐ICPMS) for few nontraditional stable isotopes, 
mainly Li, B, Mg, Cl, Ca, Cr, Fe, Ni, Cu, Zn, Ge, Se, Mo, 
Os, Hg, and Th [Johnson et  al., 2004; Baskaran, 2012; 
Teng et al., 2017], have opened new avenues, some still to 
be explored in terms of  isotope chemostratigraphy. In 
particular, Ca, Mo, and Fe have received more attention 
in Precambrian isotope chemostratigraphy [Kasemann 
et  al., 2005; Arnold et  al., 2004; Siebert et  al., 2003; 
Johnson and Beard, 2006; Staubwasser et al., 2006, among 
others], and Cr isotopes have proven to be an important 
tool in this regard [Frei et al., 2009, 2011, among others].

It is not known exactly how Ca isotopes work in 
modern carbonate rocks or the extension on how diagen
esis affects them. A fairly updated review on the global 
calcium cycle is found in Fantle and Tipper [2014] and 
Gussone et al. [2016].

The global Ca isotope signal from end‐Cryogenian 
carbonate successions suggests that Ca isotope chemo
stratigraphy can be an additional tool for the correlation 
of postglacial Neoproterozoic carbonate successions 
[Higgins and Schrag, 2010; Kasemann et al., 2005; Silva 
Tamayo et al., 2007, 2010a, 2010b]. These authors have 
claimed that the Neoproterozoic Ca isotopic record is, 
perhaps, an archive of changes in the oceanic Ca isotopic 
composition.

Rapid glacier melting and significant increase in the 
Ca input to the ocean immediately after deglaciation, 
followed by progressive increase in carbonate precipita
tion and burial compensating for the large initial Ca 
input, have been depicted from Ca isotope behavior. Post‐
Sturtian and post‐Marinoan global δ44/40Ca patterns 
seem to differ from each other, probably because of the 
difference in Ca mass balance evolution among these two 
deglaciation events as a consequence of  contrasting gla
cier melting regimes [Silva Tamayo et al., 2010a, 2010b]. 
This divergent behavior of the Ca isotopic evolution 
makes Ca isotope stratigraphy a promise, perhaps, to 
discriminate and correlate Neoproterozoic postglacial 
carbonate successions. Possibly, there is a close connection 
between Ca isotopic cycling in the Phanerozoic, seawater 
chemistry, carbonate sedimentation, and evolutionary 
trends [Blättler et  al., 2012]. MI isotope fractionation 
effects as observed in O, S, and Hg isotopes were not so 
far observed in Ca isotopes [Gussone et al., 2016].

Use of magnesium isotope to understand geological 
phenomenon/processes has been on the rise during recent 
times [e.g., Tipper et al., 2006a, 2006b, 2006c; Higgins and 
Schrag, 2010; Wombacher et al., 2011; Azmy et al., 2013; 
Geske et al., 2015]. Chang et al. [2003], Tipper et al. [2008], 
and Wombacher et  al. (2009) presented the systematics 
and analytical protocols in Mg isotope analyses, and 
accuracy of Mg isotope determination in MC‐ICPMS 
was discussed by Tipper et al. [2008]. Brenot et al. (2008) 
examined the Mg isotope variability within a lithologi
cally diverse river basin. The relationships between 
continental weathering, riverine influx of Mg into the 
oceans, and global Mg isotope budgets of modern oceans 
were examined by Tipper et  al. [2006a, 2006b, 2006c]. 
Higgins and Schrag [2010] demonstrated the utility of 
constraining Mg cycle in marine sediments through the 
use of Mg isotope. As magnesium is part of the C cycle 
and dolomite is a major sink for Mg and a main control 
for δ26Mgseawater, Geske et  al. [2015] studied Mg isotope 
and suggested its use as a vital proxy. Azmy et al. [2013] 
are also of the similar opinion. Nevertheless, use of Mg 
isotopes in truly stratigraphic context has been scarce, for 
example, Strandmann et  al. [2014] and Pokrovsky et  al. 
[2011], to name a few. Despite this scarcity, the information 
that the Mg isotope system follows that of Sr and Ca 
isotopic systems [Fantle and Tipper, 2014] and the fact 
that the Mg isotopic composition of the oceans is 
relatively constant (δ26Mgseawater  = −0.82 ± 0.01‰, Foster 
et  al., 2010) and Mg has a long residence time in the 
ocean (≈10 Myr; Berner and Berner, 1987; 14–16 Myr, 
Lécuyer et al., 1990) could suggest its utility in establish
ing chemostratigraphic curve similar to that of Sr isotopic 
curve; however, the potential remains yet to be tapped 
and tested. It was Galy et al. [2002] who have reported a 
latitudinal gradient of  Mg isotopic fractionation in 
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calcites of speleothems. Li et al. [2012] precipitated calcite 
in a wide range of temperature (4–45 °C) and reported a 
feeble gradient between δ26Mgcalcite in solution and temperature 
(0.011 ± 0.002‰  °C−1). This finding could help establish 
Mg isotope as a proxy to temporal trends of  paleotem
perature and paleolatitudinal variations.

There is fair agreement on that the aftermath of  the 
Cryogenian glaciations has been marked by cap dolos
tone deposition that have followed intense continental 
chemical weathering. Huang et  al. [2016] have explored 
the behavior of Mg isotopes to demonstrate that this was 
the picture in the deposition of the terminal Cryogenian‐
age Nantuo Formation and the overlying cap carbonate 
of the basal Doushantuo Formation, South China. They 
observed a δ26Mg positive excursion, with values ranging 
from +0.56 to +0.95‰, in the top of the Nantuo 
Formation that likely resulted from an episode of intense 
chemical weathering. The siliciclastic component of the 
overlying Doushantuo cap carbonate, on the contrary, 
has yielded much lower δ26Mg values (<+0.40‰), sug
gesting low‐intensity chemical weathering during the cap 
carbonate deposition. Huang et al. [2016] concluded that 
such a behavior of  Mg isotopes confirms an intense 
chemical weathering at the onset of  deglaciation and 
that it has reached its maximum before the cap carbonate 
deposition.

There are a growing number of publications that have 
applied boron isotopes as a paleo‐pH proxy although 
boron isotope analyses are complex [e.g., Palmer et  al., 
1998; Sanyal et al., 2001; Joachimski et al., 2005; Hemming 
and Hönisch, 2007; Hönisch et al., 2012; Foster and Rae, 
2016]. A secular change in the boron isotope geochemistry 
of seawater over the Phanerozoic is found in Joachimski 
et al. [2005], based on the boron isotope geochemistry of 
brachiopod calcite.

It is known that oceanic uptake of CO2 decreases ocean 
pH [Kasemann et al., 2005]. Calcium and boron isotopes 
have been used to estimate paleoenvironmental condi
tions in the aftermath of the two major Neoproterozoic 
glaciations in Namibia. Kasemann et al. [2005] presented 
a record of Cryogenian interglacial ocean pH based on 
boron isotopes in marine carbonates. Their B isotope 
data suggest a largely constant ocean pH and no critically 
elevated pCO2 throughout the older postglacial and 
interglacial periods. Marked ocean acidification event, 
in contrast, marks the younger deglaciation period and is 
compatible with elevated postglacial pCO2 concentration. 
Negative δ11B excursions in postglacial carbonates have 
been interpreted as an indication of temporary decrease 
in seawater pH.

It has been proposed that during the PETM, thousands 
of petagrams of carbon (Pg C) were released as methane 
or CO2 into the ocean‐atmosphere system for about 10 kyr, 
concomitant to a carbon isotope excursion, widespread 

dissolution of deep‐sea carbonates, and global warming, 
leading to possible severe acidification of the ocean surface 
[Penman et  al., 2014]. Using boron‐based proxies for 
ocean carbonate chemistry, these authors demonstrated 
that there is evidence for a pH drop of  surface and sea
water thermocline during the PETM. They have observed 
a decrease of 0.8‰ in δ11B at the onset of the PETM 
event and a reduction of almost 40% in shell B/Ca, at a 
drill site in the North Pacific and similar trends in the 
South Atlantic and Equatorial Pacific, consistent with 
global acidification of the surface of the ocean.

1.2.7. Chromium, Iron, Molybdenum, 
and Thallium Isotopes

Widespread deepwater anoxia predominated in the 
Archean and Paleoproterozoic oceans, while the Neo
proterozoic was transitional between anoxic and largely 
oxygenated Phanerozoic oceans. Stratified, ferruginous 
oceans have characterized the Archean‐Paleoproterozoic 
and Neoproterozoic ocean chemistries, while during the 
Mesoproterozoic, sulfidic (euxinic) marine conditions 
prevailed in contrast with Phanerozoic oxygenated con
ditions [Canfield et  al., 2008]. Investigation on the Fe, 
Cr, and Mo isotope behavior has provided further insights 
into the question of surface ocean oxygenation [Scott 
et al., 2008; Frei et al., 2009].

It is well known that Cr is very sensitive to the redox 
state of the surface environment, oxidative weathering 
processes producing the oxidized hexavalent Cr. Positive 
isotopic fractionation of up to 5‰ accompanies the 
oxidation of the reduced Cr(III) on land [Frei et al., 2009 
and references therein]. Lyons and Reinhard [2009] and 
Døssing et al. [2011] have discussed in detail the isotopic 
systematic of  the Cr cycle, including incorporation 
into banded iron formation (BIF). From Cr isotopes in 
BIFs, one can track the presence of  hexavalent Cr in 
Precambrian oceans to understand the oxygenation his
tory of the Earth’s atmosphere‐hydrosphere system [Frei 
et al., 2009]. Frei et al. [2011] applied for the first time Cr 
isotope systematics to ancient carbonates, representing a 
useful tracer for climate change and for reconstructing 
the redox state of ancient seawater and atmosphere. Cr 
and C isotope curves in carbonates are virtually parallel 
[Frei et  al., 2011], and therefore, coupled δ13C‐δ53Cr che
mostratigraphy of mixed BIF/carbonate/chert succes
sions may provide more continuous curves than C isotopes 
alone. This method is suitable for chemical sediments 
(BIF, chert, and carbonates), with low amounts of terrig
enous material; otherwise Cr isotopic composition of the 
rock will predominate [Frei et  al., 2013]. Cr isotopes 
enabled the detection of  early oxygenation pulses at 
2.7 Ga [Frei et al., 2009] and even at 2.95 Ga [Crowe et al., 
2013], long before the GOE. If  one compares the δ53Cr 
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values of  BIF of  different ages, Archean BIFs are the 
less fractionated and Neoproterozoic BIFs show the 
largest positive values, in accordance with the progres
sive oxygenation of  surface environments [Frei et  al., 
2009, 2013, 2017].

Iron (Fe) isotopes are a tool in the study of iron cycling 
due to its large isotopic fractionation attending to redox 
transformations in near‐surface environment. Before the 
impossibility of applying the traditional stable or radio
genic isotope systems, the Fe isotope system has been 
largely applied to BIF [Halverson et al., 2011]. Archean 
and Paleoproterozoic BIFs have revealed an extraordi
nary variability in Fe isotope compositions, from the 
stratigraphic [e.g., Beard et al., 2003; Johnson et al., 2008; 
Heimann et al., 2010] to the mineral [e.g., Johnson et al., 
2003; Frost et al., 2007] and microscale [e.g., Steinhoefel 
et al., 2010]. These variations are usually ascribed to the 
large fractionation resulting from reduction/oxidation of 
Fe and the isotopic differences between mineral phases 
[e.g., Johnson et al., 2008].

In Neoproterozoic iron formations (IF), Fe occurs 
almost predominantly as hematite [Klein and Beukes, 
1993] in contrast to some Archean‐Paleoproterozoic 
BIFs in which iron occurs as both Fe2+ and Fe3+ in a range 
of different minerals [Klein and Beukes, 1993]. Therefore, 
primary isotope signatures are easier to obtain from the 
Neoproterozoic BIFs which are usually associated with 
episodes of global glaciation (Rapitan‐type BIF) as their 
Fe isotope composition reflects the chemistry of  the 
glacial ocean [Halverson et al., 2011].

The evolution of the redox state of the oceans can be 
also investigated using Mo concentrations in black shales 
[Scott et al., 2008]. Its isotopic composition, in turn, allows 
differentiation between euxinic (i.e., sulfidic) and oxygen
ated environments [Arnold et al., 2004]. Three oxygenation 
events at 2.65 Ga, ca. 2.5 Ga, and 550 Ma were recognized, 
with the late Paleoproterozoic and Mesoproterozoic (1.8–
1.0 Ga) being characterized by euxinic conditions 
(“Canfield Ocean”; Canfield, 1998; Arnold et  al., 2004; 
Scott et  al., 2008). This is consistent with other proxies, 
such as MIF of sulfur and chromium isotopes.

High‐precision measurements of thallium (Tl) isotope 
ratios were only made possible in the late 1990s, and, 
therefore, one has only limited knowledge of its isotopic 
behavior. Despite of their heavy masses of 203 and 
205 a.m.u., it is known that thallium isotopes can be frac
tionated substantially in the marine environment [Nielsen 
et al., 2017].

Thallium isotopes have been applied to investigate 
paleoceanographic processes in the Cenozoic, and a com
pilation of the Tl (ε205Tlsw) isotope composition of sea
water over the last 75 Myrs is found in Nielsen et al. [2009, 
2017], together with contemporaneous δ34Ssw variation 
curve. These two curves show relatively similar behavior, 

with the lowest values within the 55–70 Ma range, the 
δ34Ssw curve displaying minimum values around 55 Ma 
and ε205Tlsw around 66 Ma. Thallium isotopes may be 
utilized as a proxy for changes in Fe and Mn supply to 
the water column over million year time scales according 
to Nielsen and Rehkämper [2012] to monitor changes in 
marine Mn sources and/or Mn oxide precipitation rates 
back in time.

1.2.8. Strontium and Neodymium Isotopes

As 87Sr/86Sr ratios and δ13C fluctuate independently 
from each other, their combined use through the appli
cation of high‐resolution chemostratigraphy represents a 
powerful tool to resolve geological problems. The radio
genic nature of  87Sr, which forms as a result of  radioac
tive decay of  87Rb, implies that the 87Sr/86Sr ratio of  the 
mantle, crust, and surface environments rises with time 
[e.g., Shields, 2007a, 2007b]. The 87Sr/86Sr seawater variation 
curve is better known for the Phanerozoic [e.g., Burke et al., 
1982; Veizer et al., 1999; McArthur et al., 2001; Leckie 
et al., 2002; McArthur, 2010] showing long‐term varia
tions of  about 500–550 Ma from the Upper Cambrian 
(0.709; Montañez et al., 2000) gradually decreasing with 
a nadir of 0.7068 at 250 Ma and rising again to values of 
0.7092 in the present‐day ocean [Macdougall, 1991; 
McArthur et al., 2001]. This makes Sr isotopes a pretty 
straightforward and precise method for dating marine 
carbonates and calcareous fossils in the upper half  of the 
Cenozoic, for example, because 87Sr/86Sr ratios rise con
tinuously from 0.7077 in the Bartonian (ca. 40 Ma) to 
0.7092 in the Holocene [McArthur et al., 2001]. Sr isotope 
chemostratigraphy is equally well feasible in the other 
periods of the Phanerozoic, depending on the morphology 
of the Sr isotope record. The close correlation in time 
between the strontium isotope excursions and the major 
OAEs (Jurassic and Cretaceous) is compatible with a 
causal linkage [e.g., Jones and Jenkyns, 2001].

The main source of 87Sr is the weathering of Rb‐rich 
granitic rocks. Hydrothermal vents near mid‐ocean ridges 
are enriched in non‐radiogenic 86Sr [Shields, 2007a], and 
therefore, high 87Sr/86Sr ratios are considered as an indi
cation of periods of enhanced orogenesis, while low 
 ratios characterize periods of continental breakup and 
enhanced hydrothermal activity. Flament et  al. [2011], 
however, have pointed out that 87Sr/86Sr is influenced by 
the area of  emerged land rather than by orogenic 
processes alone, something especially important for 
calculations of continental growth in the Archean, when 
maybe <4% of Earth’s area was emerged [Shields, 2007b; 
Flament et al., 2011].

Efforts to compile Sr isotope data aimed at determining 
the secular 87Sr/86Sr seawater curve for the Proterozoic 
have been made [e.g., Jacobsen and Kaufman, 1999; 
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Melezhik et  al., 2001; Halverson et  al., 2007, 2010a, 
2010b; Kuznetsov et  al., 2010]. The use of  strontium 
isotopes in chemostratigraphy, however, is limited by the 
paucity of limestone in many successions. Another diffi
culty is posed by the likelihood of alteration in samples 
with low strontium contents through the incorporation 
of 87Sr from the decay of 87Rb in coexisting clay minerals 
[Kaufman et al., 2009]. Therefore, it is advisable to con
sider only analyses of high‐Sr limestones, less prone to 
postdepositional alteration. Geochemical screens (Rb/Sr, 
Mn/Sr, Sr concentration, and δ18O) have been widely 
adopted to evaluate the degree of  postdepositional alter
ation of  strontium isotope ratios [Veizer et  al., 1983; 
Kaufman et al., 1992, 1993; Marshall, 1992; Jacobsen and 
Kaufman, 1999; Melezhik et  al., 2001]. Dolostones are 
usually not suitable for Sr isotope studies due to the 
lower Sr concentrations of  usually a few tens of  ppm 
[Kah et al., 1999; Gaucher et al., 2007], although a few 
exceptions have been reported [Sawaki et al., 2010].

Another problem of the method is the differing labora
tory procedures, which yield different results for the same 
samples. The use of pre‐leaching with ammonium acetate 
removes adsorbed Sr and yields lower 87Sr/86Sr ratios than 
a more aggressive one‐step HCl leaching method 
[Melezhik et al., 2001; Rodler et al., 2017]. An intermediate 
approach for limestones is the use of 0.5 M acetic acid for 
a short time (5–10 min), which predominantly liberates 
calcite‐associated Sr, thereby yielding lower Sr isotope 
ratios [e.g., Frei et al., 2011].

Details on the neodymium isotope geochemistry are 
found in DePaolo [1988]. A “global average” εNd curve for 
the oceans since 800 Ma has been constructed [Keto and 
Jacobsen, 1988; Macdougall, 1991], although neodymium 
isotopes have been seldom used as a chemostratigraphic 
tool. Similar to Sr isotope secular curve, this curve shows 
εNd values at the end of  the Precambrian oceans not 
substantially different from those at present ones. There is 
a remarkable decrease of the average εNd values (−5 to −15) 
in the time interval between 700 and 550 Ma. Despite the 
precision of modern instruments, the scatter in measured 
values is substantial, limiting the use of εNd in chemostrati
graphic studies. Even so, secular εNd variations coupled 
with δ13C and δ53Cr have been reported from Ediacaran 
rocks from Uruguay [Frei et  al., 2011, 2013] and Brazil 
[Dantas et  al., 2009], yielding valuable information 
regarding the tectonic evolution of the basin.

1.2.9. Osmium and Lithium Isotopes

The temporal variations of  the 187Os/188Os ratio are 
preserved in several marine depositional environments, 
where osmium is an ultra trace element [Peckeur‐Ehrenbrink 
and Ravizza, 2000]. Several developments over the last 
three decades have allowed direct measuring of 187Os/188Os 

ratio and osmium concentration in seawater, river water, 
and rain, improving the knowledge on the surficial cycle 
of osmium [Sharma et al., 1997; Peckeur‐Ehrenbrink and 
Ravizza, 2000]. Ravizza and Peucker‐Ehrenbrink [2003] 
have observed a decline of about 25% in the marine 
187Os/188Os record that predated the Cretaceous‐Paleocene 
transition (K‐Pg) and that coincides with a warming in 
the late Maastrichtian. They have interpreted this osmium 
isotope ratio decline as a chemostratigraphic marker of 
the Deccan volcanism which was responsible for a 
transient global warming event (3–5 °C) and likely one of 
the causes of the K‐Pg mass extinction.

Precambrian‐to‐Pleistocene marine osmium isotope 
records, particularly the Cenozoic and Mesozoic ones, 
and interpretations of their temporal variations have 
been reviewed by Peckeur‐Ehrenbrink and Ravizza [2012]. 
Although the Cenozoic seawater 187Os/188Os mimics the 
marine 87Sr/86Sr record and suggests that both reflect 
continental weathering linked to climatic or tectonic 
processes, these two marine isotope systems differ 
fundamentally from each other [Peckeur‐Ehrenbrink and 
Ravizza, 2000]. The marine residence time of osmium is 
distinctly shorter, allowing to record short‐term fluctua
tions (e.g., glacial‐interglacial periods), something that 
escapes to the buffered marine strontium isotope system. 
This difference between these two systems allows 
discrimination between climatic and tectonic forcings. 
Besides, large‐amplitude changes in the marine 187Os/188Os 
record can be useful as chemostratigraphic event markers 
[Peckeur‐Ehrenbrink and Ravizza, 2012].

The decline of atmospheric CO2 has a potential role in 
initiating glaciation and its increase of terminating it 
[Vandenbroucke et al., 2010]. Both cases involve changes 
in silicate weathering rates [Lenton et al., 2012; Ghienne 
et al., 2014]. The change of 187Os/188Os ratios during glacial 
periods may represent a response to change in silicate 
weathering, but does not help in tracing the weathering 
rate or processes involved [Finlay et  al., 2010]. The 
behavior of  Li isotopes, however, is solely controlled by 
silicate weathering processes and, therefore, gives a unique 
insight into CO2 drawdown and climate stabilization 
[Pogge von Strandmann et al., 2017].

Biological processes do not lead to lithium isotope 
fractionation [Pogge von Strandmann et al., 2017], and 
carbonate weathering does not affect Li isotope signals 
[Dellinger et al., 2017]. The δ7Li of primary silicate rocks 
have a narrow range [Sauzeat et al., 2015] if  compared 
to the high variability of  modern rivers which reflects 
weathering processes, particularly the extent of preferen
tial uptake of 6Li into secondary minerals [Dellinger et al., 
2017]. Marine carbonates have a negligible sink of Li 
[Marriott et al., 2004; Pogge von Strandmann et al., 2013].

A comprehensive review on lithium isotope geochemistry 
is found in Tomascak et al. [2016] and Penniston‐Dorland 
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et al. [2017] in which the possibility of use of Li isotope in 
chemostratigraphy has been overlooked. Lithium isotope 
chemostratigraphy of Late Ordovician bulk carbonate 
sections and brachiopods in Anticosti Island, Canada 
[Achab et al., 2013] (Pointe Laframboise Ellis Bay West), 
and of an equivalent shale section at Dob’s Linn, United 
Kingdom [Finlay et al., 2010; Melchin et al., 2013], was 
presented by Pogge von Strandmann et al. [2017]. In all 
sections in that study, the relative timings of δ7Li and the 
Hirnantian carbon isotope excursion (HICE) are similar, 
suggesting that Li isotope excursions occur contempo
raneously, consistent with the Li residence time in the 
ocean (1 Myr). The positive δ7Li excursion during the 
Hirnantian cooling event compares well to negative δ7Li 
during warming events [Pogge von Strandmann et  al., 
2013; Lechler et al., 2015].

1.2.10. Elemental Chemostratigraphy

Elemental chemostratigraphy (element and element 
ratios) is a supplementary, useful tool in stratigraphy, and 
Mo, Ir, V, Ni, Cu, P, Hg, REEs, and Fe are among the most 
used elements, while Mo/Al, U/Mo, Rb/K, V/Cr, Zr/Ti,  
I/Ca, Li/Ca, B/Ca, Sr/Ca, Mg/Ca, Mo/Th, V/Th, and Th/U 
ratios seem to be particularly interesting. Paleoceanographic 
applications of trace‐metal concentration data have been 
reviewed by Algeo and Rowe [2012].

Iron speciation has been widely used to determine the 
redox state of  ancient basins. The method involves 
sequential extraction procedures to extract highly reac
tive iron (oxide, carbonates, and sulfide) and compare 
their concentration to total iron (FeHR/FeT; Canfield, 1989; 
Shen et al., 2003; Poulton and Canfield, 2005). Sediments 
deposited in an oxygenated water column yield FeHR/FeT 
lower than 0.38 [Canfield, 1989]. Furthermore, the sulfide‐
bound iron (FeP) can be compared to highly reactive iron 
(FeP/FeHR), with values higher than 0.8 characterizing 
sulfidic (euxinic) basins [Canfield et al., 2008]. Iron speci
ation chemostratigraphy has been applied successfully to 
sedimentary units of different ages, from the Archean to 
recent [e.g., Shen et al., 2003; Poulton et al., 2004; Canfield 
et al., 2008; Lyons et al., 2009; Johnston et al., 2010; Scott 
et al., 2011; Hammarlund et al., 2012; Frei et al., 2013].

In sediments deposited immediately after major glacial 
events, Hg tends to concentrate as a result from leaching 
of volcanogenic Hg from land surface and accumulation 
along argillaceous sediments [Santos et  al., 2001]. This 
element is usually found in low geological background 
concentrations, and this makes this trace element suitable 
for identifying accumulation pulses in sediments that can 
be tentatively related to weathering processes and thus to 
climatic changes.

Carbon dioxide buildup in the atmosphere during the 
Neoproterozoic glacial events resulted from volcanism 

that led to enhanced greenhouse effect, ice melting, and 
cap carbonate deposition [e.g., Hoffman et  al., 1998a; 
Hoffman, 2011]. Besides, intense volcanism may have 
witnessed the P‐T and Cretaceous‐Paleogene transition 
(K‐Pg) and was, perhaps, co‐responsible for dramatic 
climatic changes and thus for the decrease in biodiversity 
and mass extinction [e.g., Keller, 2005; Archibald et al., 
2010]. Sial et  al. [2010b] demonstrated the use of  Hg 
chemostratigraphy of the cap carbonates to document 
intense volcanism and resultant CO2 buildup in the 
atmosphere, following the Neoproterozoic snowball 
events. Moreover, Hg chemostratigraphy was applied to 
investigate the relationships between large igneous prov
ince (LIP) activity, abrupt environmental changes, and 
mass extinctions [e.g., Nascimento‐Silva et al., 2011, 2013; 
Sanei et al., 2012; Sial et al., 2013a, 2014, 2016, 2017, this 
volume; Adatte et  al., 2015; Grasby et  al., 2013, 2015, 
2017; Percival et al., 2015, 2017; Font et al., 2016, 2018; 
Thibodeau et  al., 2016; Charbonnier et  al., 2017; Jones 
et al., 2017; Thibodeau and Bergquist, 2017; Keller et al., 
2018). To assure that the measured Hg contents result 
from true Hg loading to the environment, it is necessary 
to examine Hg/TOC ratios for chemostratigraphy [e.g., 
Grasby et al., 2015; Percival et al., 2015]. Mercury enrich
ments in sedimentary successions that recorded the mid‐
Cenomanian Event and Oceanic Anoxic Event 2 (OAE2) 
in the Late Cretaceous have been regarded by Scaife et al. 
[2017] as a marker for submarine LIP volcanism, and Hg 
enrichment recorded in the PETM is assumed to be 
related to volcanic activity of the North Atlantic Igneous 
Province (NAIP) (e.g., Keller et al., 2018). Hg is doubtless 
a good benchmark for high volcanic activity, but normal
ization by TOC is in some cases problematic if  TOC 
values are <0.2, leading to exaggerated peaks.

Mo and V chemostratigraphy may be useful in the 
investigation of the redox state of deep ocean water. Mo 
is a redox‐sensitive element, scavenged from seawater into 
sediments in the form of  MoSxO4−x2−, under anoxic 
conditions [Wen et  al., 2015]. The transfer of aqueous 
Mo to the sediment can be increased by means of metal‐
oxyhydroxide particulate shuttles, but aqueous U is not 
affected by this process [Tribovillard et al., 2012]. There
fore, an increase in U/Mo ratio may suggest oxic condi
tions [e.g., Sosa‐Montes et al., 2017]. According to Scheffler 
et al. [2003], certain elemental ratios can be useful as prox
ies for investigation of salinity variation (Rb/K), redox 
state (V/Cr), or provenance (Zr/Ti). Mo and V can be 
normalized with Th (Mo/Th and V/Th) and, together with 
other redox‐sensitive trace elements such as Ni, Zn, and 
Pb, can be used to determine redox variations in ancient 
sedimentary successions [Spangenberg et al., 2014].

REE has been extensively used in different types of 
sedimentary rocks, often in combination with yttrium 
(REEY). The most widely used proxies are Ce, Eu, and Pr 
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anomalies (Ce/Ce*, Eu/Eu*, Pr/Pr*), Y/Ho, La/Yb, and 
ΣREE, which can be applied to shales, carbonates, BIF, 
cherts, phosphorites, and other fine‐grained rocks 
[Elderfield and Greaves, 1982; Liu et  al., 1988; Bau and 
Dulski, 1996; Kato et  al., 2006; Lawrence and Kamber, 
2006; see Sial et al., 2015b for an overview of proxies]. 
REE chemostratigraphy has been applied to Archean 
[Kamber et  al., 2014], Paleoproterozoic [Bau and 
Dulski, 1996], Mesoproterozoic [Azmy et  al., 2009], 
Neoproterozoic [Tribovillard et al., 2006; Frimmel, 2009; 
Sansjofre et al., 2014; Spangenberg et al., 2014; Gaucher 
et  al., 2015; Sial et  al., 2015b; Hu et  al., 2016; Rodler 
et al., 2016], and Phanerozoic successions [Schmitz et al., 
1988; Lécuyer et al., 2004; Fio et al., 2010].

The redox behavior of iodine is well known [Broecker 
et al., 1982]. Besides, it is also known that there is a linear 
covariation between carbonate‐associated iodine (CAI) 
and IO3  during calcite precipitation, but I− is completely 
excluded [Lu et  al., 2010]. This trait, coupled with the 
residence time of iodine in seawater (300 ky; Broecker 
et al., 1982) and concentration near 450 nM in modern 
ocean, makes I/Ca (or I/Ca + Mg) ratios in carbonates a 
robust indicator of the presence of IO3  and hence oxygen 
in the water column. Therefore, surface ocean oxygena
tion has been investigated using I/Ca ratios as a paleo
redox indicator [e.g., Hardisty et al., 2014].

Li/Ca and B/Ca in carbonates are regarded as proxies 
for carbonate saturation state [Hall and Chan, 2004; Hall 
et al., 2005; Lear and Rosenthal, 2006; Yu and Elderfield, 
2007; Foster, 2008], and Mg/Ca ratios of foraminiferal 
shells have been regarded as useful paleothermometer to 
determine ocean temperature. The difference in the Mg/
Ca ratio of  the foraminiferal shell and that from a 
baseline value (defined by the global ocean Mg and Ca 
concentration) when calibrated for the vital effects of the 
organism is a function of temperature [e.g., Lea et  al., 
2000; Lear et al., 2000]. The baseline composition of sea
water is relatively simple to infer, once both Mg and Ca 
have long residence times in the oceans (>1 Ma) and are 
major components of ocean salts.

1.3.  CHEMOSTRATIGRAPHY 
AND CHRONOSTRATIGRAPHIC BOUNDARIES

The International Commission on Stratigraphy (ICS) 
recognizes the existence of one hundred fourteen chro
nostratigraphic boundaries. Sixty‐seven sections strad
dling chronostratigraphic boundaries were internationally 
agreed upon as reference points to define the lower bound
aries of stages on the geologic time scale, the Global 
Boundary Stratotype Section and Point (GSSP), and a 
golden spike is placed precisely at the boundary defined. 
Accessibility and degree of representativity of the same 
boundary on sections worldwide are among the most 

important criteria in the GSSP selection. Since GSSPs 
require well‐preserved sections of rock without interrup
tions in sedimentation, and since most are defined by dif
ferent biozones, defining them becomes more difficult as 
one goes further back in time in the Precambrian.

So far, chemostratigraphy has been overlooked as a 
formal criterion on GSSP selection. Carbon isotope 
excursions (CIE) have been reported only from seven of 
the established GSSPs [Cooper et al., 2001; Dupuis et al., 
2003; Peng et al., 2004; Knoll et al., 2006; Xu et al., 2006; 
Aubry et  al., 2007; Goldman et  al., 2007; Schmitz et  al., 
2011; Keller et al., 2018], probably due to the absence of 
carbonate rocks in several chronostratigraphic boundary 
sections. Only in the selection of the Cretaceous‐Paleogene 
(K‐Pg; Molina et  al., 2006, 2009) and the Paleocene‐
Eocene (PETM; Aubry et al., 2007) GSSPs was carbon 
isotope chemostratigraphy one of  the criteria, and 
hydrogen isotopes in the Pleistocene–Holocene GSSP 
[Walker et al., 2009]. In addition, oxygen isotopes have 
been reported from two other GSSPs [Steininger et  al., 
1997; Hilgen et al., 2009]. Heavy element (e.g., Ir, Os, Hg) 
enrichments at the Cretaceous‐Tertiary boundary are well 
known since the seminal paper of Alvarez et al. [1980] and 
later studies [e.g., Schmitz et al., 1988; Frei and Frei, 2002; 
Sial et al., 2016; Keller et al., 2018, and references therein].

1.4.  CHEMOSTRATIGRAPHY AS FORMAL 
STRATIGRAPHIC METHOD

The stratigraphic record shows changes of  the concen
tration of  certain elements with time [Morante et  al., 
1994], as a function of  geological conditions including, 
but not limited to, tectonic, climatic, redox, oceano
graphic, biotic, and other processes. Chemostratigraphy 
enables not only apparently uniform thick successions to 
be subdivided and correlated with coeval strata located 
elsewhere [Ramkumar, 1999] but also thinner and more 
heterogeneous sedimentary records. Initially, chemostratig
raphy was applied to recognize unique geochemical 
compositions for characterizing depositional units and 
correlating them with coeval strata elsewhere and found 
its use in the stratigraphic location of  boundaries and 
later expanded to examination of  specific causes to the 
stratigraphic variations of  geochemical compositions 
[Ramkumar et al., 2010, 2011]. The utility of  chemo
stratigraphy for age determination was demonstrated 
through documentation of  stratigraphic variations of 
isotopic trends, beginning with oxygen isotopes. Linear, 
secular, cyclic, and perturbed trends have been recog
nized, which are utilized for stratigraphic classification 
and spatial correlation [e.g., Zachos et  al., 2001; 
Ramkumar, 2014, 2015]. In addition, the chemozones, 
calibrated with absolute time, are in use as chemochrons. 
Although chemostratigraphy is firmly recognized as a 
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valid stratigraphic method since more than thirty years 
[e.g., Berger and Vincent, 1981], given to its sensitivity 
and wide applications, time has come to recognize this 
technique as an individual method of  stratigraphy. The 
International Stratigraphic Commission (ISC) defines 
stratigraphy as “the description of all rock bodies form
ing the Earth’s crust and their organization into distinctive, 
useful, mappable units based on their inherent properties 
or attributes… in order to establish their distribution and 
relationship in space and their succession in time, and 
to interpret geologic history” [Salvador, 1994]. Chemo
stratigraphy “recognizes and organizes” rock bodies into 
useful units based on their inherent chemical properties. 
Most importantly, it helps in establishing the distribution 
and relationships of these units in space and time and, espe
cially, interpreting geological history. In many cases, the res
olution of chemostratigraphy proves to be better than other 
conventional methods of stratigraphy and can be refined by 
improving sampling resolution, although cyclostratigraphy 
can be even better, providing a resolution on Milankovitch 
time scales, reaching back far into the Cenozoic. In this 
regard, it can be stated that chemostratigraphy as an 
independent stratigraphic method can serve well even where 
other methods fail or have limitations. Chemostratigraphy 
is complementary to other types of stratigraphic units, such 
as lithostratigraphy, biozones, and magnetostratigraphy. 
With these attributes in mind, we are of the opinion that 
chemostratigraphy can be recognized as an independent 
standard method of stratigraphic classification.
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